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Abstract

Exhumed mid-crustal retrograde shear zones provide a rare natural lab-

oratory for investigating the effect of fluids on rheology. In active plate-

boundary retrograde shear zones, geophysical observations have highlighted

localised fluid-rich structures, at and below the frictional-viscous transition.

Because rocks in retrograde metamorphic settings have typically been dehy-

drated, and mylonitic shear zones are viewed as tabular zones, the wet and

localised active shear zones raise questions regarding fluid origin, as well as

the spatiotemporal distribution of mineral-scale deformation mechanisms

within mylonites.

This thesis presents field observations, microstructural analyses, oxygen

stable isotopes and bulk rock compositions, to investigate two exhumed,

mid-crustal, strike-slip shear zones: the Kuckaus Mylonite Zone (KMZ),

Namibia, and the Outer Hebrides Fault Zone (OHFZ), Scotland. In the

OHFZ, the fluid likely originated from magmatic and metamorphic sources,

and induced weakening predominantly by facilitating pervasive growth of

phyllosilicates within which deformation localised. In the KMZ, at least

some of the fluids were sourced from the surface, and whereas phyllosilicate

growth facilitated incipient weakening, the ultramylonitic cores comprise

a fine-grained polyphase mixture deforming by fluid enhanced grain size

sensitive creep.

The greatest effects of fluids in retrograde shear zones may be the metaso-

matism and enhancement of grain size sensitive creep they facilitate. The

weakening effect includes replacement of strong minerals by weaker and

finer grained phases. Therefore, fluid presence may facilitate drastic weak-

ness in mid-crustal, strike-slip shear zones, without elevated fluid pressures,

by allowing grain size sensitive creep at very low driving stresses in thin

(< 1 m) ultramylonites. This weakening may create conditions favourable

for low stress drop phenomena, such as slow slip and tremor and provides

alternative explanations for such events observed at active plate boundary

shear zones.
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patience during these past 4 years. Åke first took a chance on me by taking

me on as a MPhil student, and then again when supporting my transfer to

a PhD, something I will always be grateful for. It has been a pleasure and

honour to have a front row seat to follow Åke’s brilliance.
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in touch with Åke. Dave was the supervisor for my final year mapping

project, and his passion for science and positive attitude will forever be an

inspiration.

3 years of this project were funded by a Cardiff University College of Phys-

ical Sciences and Engineering Studentship. Field work and related costs

during the first year of this project were financed by Åke’s and Johann’s
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Chapter 1

Introduction

Fluids are present and influence deformation and strength throughout most of the

lithosphere (Kerrich, 1986; Stevens and Clemens, 1993). Signs of a fluid presence dur-

ing deformation are found in exhumed shear zones (Imber et al., 1997; Kenkmann and

Dresen, 2002; Diener et al., 2016), fluids at depth are inferred for active shear zones

from geophysical signatures (Wannamaker et al., 2002; Türkoğlu et al., 2008; Ozacar

and Zandt, 2009), and they have been associated with a variety of weakening mech-

anisms (Carter et al., 1990; Hickman et al., 1995; Wintsch et al., 1995). In prograde

metamorphic settings, such as subduction zones, fracturing can be induced by high

fluid pressures caused by dehydration reactions (Peacock, 1990; Fagereng and Diener,

2011a). In retrograde settings, on the other hand, the rocks are more likely to be de-

hydrated due to prior high grade metamorphism (Oliver, 1996; Guiraud et al., 2001),

requiring an external fluid source. As external fluids require at least transient per-

meability, hydrostatic fluid pressure conditions are more likely. The source of fluids

in retrograde settings, and their weakening effects thereby remain an area of active

research.

In this thesis I will investigate two exhumed continental retrograde shear zones,

which were active at mid-crustal conditions and display retrograde mineral assemblages,

evidence for fluid presence during deformation. I aim to constrain the source of the

external fluids and to gain insight on their effect on the shear zone rheology with time.

In addition, I will endeavour to constrain the strength of shear zones. The results will

1



Chapter 1: Introduction

provide new insights for the environment where low-frequency earthquakes, slow slip

and tremor may be observed in active equivalents like the San Andreas Fault Zone, the

Alpine Fault and the North Anatolian Fault.

1.1 Rheology of the continental lithosphere

Rheology is the study of flow and deformation of all forms of matter, with both solid

and fluid characteristics (Coined by E.C.Bingham, circa 1928; Reiner, 1964). Defor-

mation means a response to external forces with a change in shape, orientation and/or

position. Rheology describes properties of materials through constitutive equations

relating stress and strain or strain rate, and is fundamental for understanding the dy-

namics of Earth. Rock rheology varies as a function of a number of environmental,

lithological and mechanical factors, including mineralogy, grain size, fluid content, melt

fraction, strain, pressure, temperature and differential stress conditions (Knipe, 1989).

However, the particular role and contribution of each factor is still under debate. Be-

fore continuing, it is worthwhile spending a few paragraphs describing some of the key

concepts relating to deformation and rheology.

The terms brittle and ductile are commonly used in a purely descriptive way on

the scale of observation. Brittle refers to structures that are discontinuous, in contrast

to continuous ductile ones. Scale is important as ductile structures on macroscale may

be the result of microscale brittle structures. Whereas brittle structures are the result

of fracturing and frictional processes, ductile structures may result from fracturing,

frictional, plastic and/or viscous processes (Rutter, 1986).

Whereas fracturing and frictional deformation imply a loss of cohesion, both plas-

tic and viscous refer to time-dependent, permanent deformation, without the loss of

cohesion (Fossen, 2016). The words plastic and viscous are often used interchangeably.

The distinction between them is that plastic deformation requires a yield stress to be

reached after which creep will occur, and therefore follow solid mechanics, whereas vis-

cous deformation has no such requirement, and for that reason follow fluid mechanics

(Karato, 2012). Plasticity then means breaking of atomic bonds to change the shape

of the material, while the overall cohesion of the material is still maintained (Nicolas

2



1.1. Rheology of the continental lithosphere

and Poirier, 1976). Deformation of perfectly plastic materials occur at constant stress,

regardless of strain rate, once the yield stress is achieved (Karato, 2012). For perfect

viscous fluids, linear viscous or Newtonian, the strain rate is proportional to stress, the

slope of which gives the viscosity of the material in question (Karato, 2012). Most fluids

and rocks will, however, show more complex behaviours, and therefore be non-linear

viscous, or non-Newtonian (Fossen, 2016). When permanent deformation takes place

without fracturing on the scale of individual crystals it is called intracrystalline defor-

mation. Intracrystalline deformation can occur by either diffusion or dislocation creep

and is temperature dependent. In this thesis I will follow Schmid and Handy’s (1991)

and Handy et al.’s (2007) lead, and use the word viscous to describe the behaviour

of all thermally activated deformation mechanisms. The term viscous will thereby be

used where some might use plastic.

1.1.1 Strength profiles

Rock deformation in the Earth’s lithosphere is generally divided into frictional de-

formation in the upper crust and viscous deformation in the lower crust (Figure 1.1).

Frictional failure in the upper crust is pressure dependent and will consequently become

stronger with depth (Byerlee, 1978), in contrast to the temperature dependent mecha-

nisms dominant in the middle to lower crust which lead to a reduction in strength with

depth (Goetze and Evans, 1979; Brace and Kohlstedt, 1980). The weaker deformation

style will be the dominant one, and the region where these lines cross over is called the

brittle-ductile (Heard, 1960; Byerlee, 1968; Rutter, 1986) elastic-frictional/quasi-plastic

(Sibson, 1977a) and/or frictional-viscous (Schmid and Handy, 1991) transition.

Even though the concept of one typical rheological profile for the entire continental

lithosphere is a big oversimplification, and ultimately the strength of the lithosphere will

vary over time and between tectonic environment, various models have been proposed.

For continental lithosphere, there are three main models, or strength profiles, called

the jelly sandwich-, the crème brûlée- and the banana split model (Figure 1.2; Burov

and Watts, 2006; Bürgmann and Dresen, 2008). The jelly sandwich model consists of

a strong upper crust, a strong mantle lithosphere, and a weak middle to lower crust

3
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strength

viscous

d
e
p
th

frictional

transition

frictional
viscous

Figure 1.1: A simple model of the rheology in the lithosphere.

sandwiched in between. In the crème brûlée model, the strength of the continental

lithosphere resides entirely in the crust, with a much weaker upper mantle. The final

banana split model invokes plate boundaries as the weak link controlling the strength

of the lithosphere. Support for this model includes the lack of frictionally generated

heat (Brune et al., 1969) and the fault-normal compressional state of stress (Zoback

et al., 1987) for the San Andreas Fault Zone, as well as the presence of weak minerals

at shallow crustal levels in active faults (Carpenter et al., 2011) and at deeper levels

in exhumed equivalents (Imber et al., 1997). Because plate boundaries are weak, they

will accumulate higher amounts of strain compared to their surrounding rocks. These

tabular zones with higher amounts of strain compared to their surrounding rocks are

called shear zones.

1.1.2 Shear zones

Following on from the changing rheology with depth, conceptual shear zone models have

been derived. The classical model proposes a two layer model, with frictional behaviour

at higher crustal levels and viscous behaviour at lower, leading to narrower brittle zones

closer to the surface and wider ductile zones at depth (Figure 1.3a; Sibson, 1977a).

Other researchers have modified this model (e.g., Scholz, 1988), but the general model

with a frictional-viscous/brittle-ductile transition still remains. More recent studies

have highlighted how shear zones at depth can be made up of anastomosing high
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1.1. Rheology of the continental lithosphere

cba

Figure 1.2: Schematic view of alternative first-order models of strength through continental

lithosphere. a) Jelly sandwich model, characterized by a weak middle to lower crust and

strong mantle (Hirth and Kohlstedt, 2003). b) Crème brûlée model, characterized by a strong

crust and weak mantle (e.g., due to higher geotherm). c) Banana split model, characterized

by weak crustal shear zones. Deformation in the lower crust and upper mantle is assumed

to be accommodated by linear diffusion creep (grain size= 50µm). In a and b, a coefficient

of friction following Byerlee’s law and hydrostatic fluid pressure (ratio of pore pressure to

lithostatic pressure λ = 0.4) are assumed in a strike-slip tectonic regime. In c, low friction

due to high pore fluid pressure (λ = 0.9) is assumed. A quartz and feldspar rheology was

used for the crust (Rutter and Brodie, 2004a,b; Rybacki et al., 2006). A uniform strain rate

of 10-14 s-1 was used and an assumed geothermal gradient corresponding to surface heat flow

of 80 mW m-2 (90 mW m-2 for the crème brûlée model to avoid overly strong, dry lower

crust). Taken from Bürgmann and Dresen (2008).
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strain zones, in which the overall width can be on the 100 km scale, but individual

high strain zones can be localized on centimetre scale (Figure 1.3a; Carreras, 2001;

Rennie et al., 2013; Fossen and Cavalcante, 2017).

a b

Figure 1.3: a) A conceptual model of a major shear zone (Taken from Sibson (1977a)), and

b) anastomosing shear zones at different scales (Taken from Fossen and Cavalcante (2017)).

Sibson (1977a) referred to all rocks from the shear zone as fault rocks. He did how-

ever point out major differences in the rocks, with the most significant ones being the

divide of cohesive and incohesive rocks as well as foliated and unfoliated rocks. Major

shear zones may be active for a long time, and the material within them may move

upwards or downwards in the crust. Therefore rocks from major shear zones may show

evidence of activity at different metamorphic conditions. When assessing the effect of

different metamorphic conditions, it is important to consider not only changes in the

activity of deformation mechanisms, but also mineralogical (chemical) changes, and

the role of fluids, as they are all interlinked (Knipe, 1989). During prograde metamor-

phism, multiple mineral reactions take place giving rise to a progressive fluid release

(Jamtveit and Austrheim, 2010). This fluid release will increase the fluid pressure

which may lead to fracturing (Flekkøy et al., 2002; Fagereng et al., 2018). The peak

metamorphic assemblages and microstructures are often retained during cooling and

uplift (Etheridge et al., 1983), in part because most retrograde metamorphic reactions

are rehydration reactions (Crawford et al., 1979), which require an external fluid source

due to the dehydrated nature also retained from higher metamorphic conditions. As
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rocks from high metamorphic conditions are commonly fairly strong and impermeable

(Oliver, 1996), most retrograde mineral reactions occur in shear zones, where the de-

formation has allowed channelized fluid flow (Vernon and Ransom, 1971; Beach and

Fyfe, 1972; McCaig, 1988; Mancktelow, 2008). When considering the strength of the

lithosphere, rocks from the brittle-ductile transition, theoretically the strongest part

of the crust (Regenauer-Lieb et al., 2006), are of interest. Rocks from this region are

generally of the cohesive and foliated mylonite series, as defined by Sibson (1977a).

Mylonites

The term mylonite was first introduced by Lapworth (1885) to describe rocks from

within the Moine Thrust Zone. Lapworth’s original definition of mylonites focused on

brittle deformational aspects with words such as crushed, ground out and shattered.

Teall (1918) subsequently described quartz in the mylonites as yielding more readily to

stress around cataclastically deformed feldspar, suggesting a recognition of crystalplas-

tic processes in the formation of mylonites. However, mylonites remained poorly un-

derstood for a long time. The different views of the importance of frictional and viscous

processes, difficulties in producing crystalplastic deformation of silicates in laboratories

and the problem with nomenclature and the scales of observation meant the matter

remained a subject of debate. Carter et al. (1964) compared experimentally deformed

quartzites with naturally deformed mylonitic quartzites from the Moine Thrust Zone.

They concluded that the similar textures in both samples originated from recrystal-

lization. Bell and Etheridge (1973) recognised how syntectonic recrystallization during

ductile deformation was responsible for the grain size reduction in many natural my-

lonites, while Tullis et al. (1973) showed the same thing experimentally. Sibson (1977a)

then proceeded to classify mylonites according to their degree of recrystallization. In

the early 1980’s, further progress was made during a conference on mylonitic rocks,

where the participants agreed that three features were usually implied: 1) grain size

reduction; 2) occurrence in a tabular zone, although the zone could be as wide as tens of

kilometres; and 3) enhanced foliation and/or lineation (Tullis et al., 1982). Wise et al.

(1984) proposed the following definition for mylonites: “Mylonite is a general term
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for coherent rocks with at least microscopic foliation, with or without porphyroclasts,

characterized by intense syntectonic crystalplastic grain size reduction of the country

rock to an average diameter less than 50 microns and invariably showing at least mi-

nor syntectonic recovery/recrystallization.”. This definition attributes all grain size

reduction to crystalplastic deformation. Studies with transmission electron microscopy

have, however, showed that in polymineralic rocks, cataclasis of the stronger minerals

is a significant part of the grain size reduction (Simpson, 1985). Mawer (1986) added

another layer of complexity in his definition by saying “Mylonites commonly contain a

suite of diagnostic asymmetric structures, such as rotated porphyroclasts/-blasts and

S-C textures.”. Chester et al. (1985) demonstrated that foliation can develop during

cataclasis at shallow crustal depths. It is therefore the viscous mechanism of foliation

development that distinguish mylonites from cataclastic rocks, not the presence or ab-

sence of it (Schmid and Handy, 1991). The contact between the mylonite sequence

and the unaffected wall rock is commonly a gradual fabric transition, however, if the

mylonite is controlled by a precursor structure, the transition can be sharp (Manck-

telow and Pennacchioni, 2005). The gradual transition provides a way to classify the

mylonites by the percentage of recrystallized matrix compared to porphyroclasts. If the

rocks have 10-50% recrystallized matrix, they are classified as protomylonites; 50-90%

recrystallized matrix are mylonites; and rocks with over 90% recrystallized matrix are

ultramylonites (Sibson, 1977a).

1.1.3 Strain localization

In order for shear zones to exist, some form of weakening must occur to localize the

strain (White et al., 1980). Weakening of a rock volume can be thought of as an increase

in strain rate at a given stress or a decrease in stress at a given strain rate, compared

to its surrounding rock (Holyoke III and Tullis, 2006; Platt and Behr, 2011b). De-

formation is a response to external forces with a change in shape, orientation and/or

position, which may result in geometric weakening if for example weak grains align

to form interconnected networks (Handy, 1990; Collettini et al., 2009; Hunter et al.,

2016). Rotation of grains may also cause intra-granular slip systems to become more
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favourably oriented for slip (Blacic and Christie, 1984), while crystalplasticity devel-

ops a crystallographic preferred orientation (CPO; Schmidt, 1925; Urai et al., 1986;

Pennacchioni et al., 2010). Grain size reduction will promote weakening by enhanc-

ing grain size sensitive deformation mechanisms (De Bresser et al., 2001; Warren and

Hirth, 2006). Fracturing is one way to reduce the grain size, and is dominant at higher

crustal levels. However, even at lower crustal levels, seismic ruptures may nucleate

in dry and strong rocks or fracturing may be introduced by downward propagation of

earthquake ruptures (Ellis and Stöckhert, 2004; Jamtveit et al., 2019). Such ruptures

may also reduce grain size by the creation and subsequent recrystallization of pseudo-

tachylytes (Menegon et al., 2017). Dynamic recrystallization by bulging or sub-grain

rotation also creates smaller grain sizes (Twiss, 1977; Tullis et al., 1990) as does nucle-

ation of minerals due to metamorphic reactions (Brodie and Rutter, 1987; Gerald and

Stünitz, 1993; Newman et al., 1999). Neoblasts may also nucleate, reducing the grain

size, due to dissolution precipitation processes (Kilian et al., 2011). Fluids may en-

hance dissolution precipitation processes (Gratier et al., 2013; Ruiz-Agudo et al., 2014)

and grain boundary sliding (Langdon, 2006), and may also be required for metamor-

phic and metasomatic reactions to take place (White and Knipe, 1978; Wintsch et al.,

1995; Spruzeniece and Piazolo, 2015). Fluids may also cause hydrolytic weakening,

promoting crystalplastic recovery and subsequent recrystallization (Griggs, 1967; Voll,

1976; Tullis and Yund, 1980). In sufficient amounts and/or in rocks with sufficiently

low permeability, fluids can also reduce the effective normal stress by increasing fluid

pressure (Hubbert and Rubey, 1959). At the initial stage of shear zone formation,

pre-existing structures have been shown to localize strain (Christiansen and Pollard,

1997; Segall and Simpson, 1986; Mancktelow and Pennacchioni, 2005; Pennacchioni

and Mancktelow, 2007; Rennie et al., 2013). This includes both brittle structures, but

also lithological boundaries and favourably oriented fabric elements. One of the most

important factors controlling the strength of shear zones, and indirectly the strain rate,

is the mineralogy (Alsop and Holdsworth, 2004).

Phyllosilicates are commonly considered to be the weakest phase in continental

rocks. Ikari et al. (2011) showed experimentally how platy phyllosilicate minerals are

frictionally weaker than for example quartz and feldspar. In addition to being friction-
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ally weak, phyllosilciates have also been shown to be viscously weak due to glide of

basal dislocations (Kronenberg et al., 1990; Mariani et al., 2006). Such weak miner-

als may form in fault zones during retrogression if fluids are available (Butler et al.,

1995; Imber et al., 1997). If sufficient amounts of these weak phyllosilicates exist in

the rock so that they may become interconnected, the strength of the fault zone, at

all crustal levels, will no longer be determined by the stronger load-bearing framework

microstructure, but by the weaker minerals making up an interconnected weak layer

microstructure (Handy, 1990).

1.1.4 Deformation mechanisms

To allow strain to accumulate in a rock, deformation mechanisms are needed to change

the rocks internal structure. The most important distinction is between frictional- and

viscous deformation. Temperature and pressure are major factors in determining which

dominates, with frictional mechanisms generally dominating the upper crust while vis-

cous deformation gets more important with depth (Figures 1.1 and 1.2; Brace and

Kohlstedt, 1980). However, composition, grain size, strain rate, availability of fluids,

and differential stress are also important (Bürgmann and Dresen, 2008). Although

rocks can deform exclusively by one of the two deformation styles, the transition be-

tween the two is a gradual one, and often they coexist (Sibson, 1984). As minerals

have different properties, more rigid minerals can deform by frictional mechanisms

while surrounded by other viscously deforming minerals (Mitra, 1978; White et al.,

1980; Handy et al., 1999; Viegas et al., 2016). As mentioned above, on the scale of

individual crystals, permanent deformation without fracturing can occur by either dif-

fusion or dislocation creep (Nicolas and Poirier, 1976). As was the case with frictional-

and viscous deformation, diffusion- and dislocation creep can operate separately or

together. The physical conditions under which each mechanism is dominant can be

expressed in deformation mechanism maps, relating differential stress, temperature,

grain size, viscosity and/or strain rate (Figure 1.4). Furthermore, diffusion may in-

crease the grain size, essentially promoting dislocation creep, while the opposite is true

for many of the processes operating in dislocation creep, where grain size reduction will
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promote diffusion creep (De Bresser et al., 1998). Law (1990) proposed that the spatial

transition in naturally deformed rocks from strongly defined fabrics to a complete lack

of CPO, with decreasing grain size, indicates a switch in deformation mechanisms from

dislocation to diffusion creep. It is however important to remember that this switch will

not be a sharp boundary. A more favourable interpretation may be that a reduction in

grain size by dynamic recrystallization and associated strain localization will lead to a

decreased importance of grain size insensitive (GSI) dislocation creep, relative to grain

size sensitive (GSS) diffusion creep and grain boundary sliding (Bestmann and Prior,

2003). Relative importance is a key phrase when talking about deformation mechanism

maps. Calculations of strain rate values using flow laws derived from steady state defor-

mation are used to construct these diagrams (Knipe, 1989). These calculations assume

that the rheology is controlled by the weakest mechanism, as the rheology for materials

with more than one operating mechanism is not yet well known (Handy et al., 1999;

Bestmann and Prior, 2003). The boundaries on the maps are, however, merely indi-

cating where the switch of dominant mechanism occurs, with both operating on either

side, and only the relative importance shifting (Bestmann and Prior, 2003). As both

dislocation creep and diffusion creep result in an increased relative importance of the

opposite deformation mechanism, there will always be a drive towards the boundaries.

Deformation mechanism maps are none the less a great tool for a rapid assessment of

what mechanism is the dominating one at different regions in stress/temperature or

stress/grain size space, as well as for estimating deformation mechanisms in natural

tectonic events by associating the different mechanisms with microstructures (Figure

1.4).

Fracturing and frictional deformation

When rocks in the upper part of the lithosphere experience stress, they experience

instantaneous elastic strain. This strain is recoverable, and only exists when the stress

exists, it is time independent. The energy used to deform the rock elastically, however,

is stored in the rock. This becomes important when the rocks eventually reach their

elastic limit and rupture, converting that energy into a combination of heat, fracture
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a

b

c

Figure 1.4: Deformation mechanism maps. a) A simple deformation mechanism map relating

differential stress and temperature. b & c) Deformation mechanism maps for wet (nominally

saturated in water); b) quartz (Rutter and Brodie, 2004a,b); c) feldspar (Rybacki et al.,

2006). Maps constructed assuming strain rate= 10-12 s-1, geotherm corresponding to a heat

flow of 80 mW m-2, and rock density= 2.8 g cm-3. Dotted line for comparison to dry.
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energy and seismic waves during earthquakes (Scholz, 2019). When the rock loses

cohesion in a rupture, a fracture or fault is formed. A fracture, by definition creates

a void space between the two surfaces, whereas a fault creates a shear offset. Most

earthquakes do, nonetheless, occur by reactivation of pre-existing faults, with strength

controlled by the frictional property of the rock. Byerlee (1978) showed that friction

is relatively independent of rock type and that shear stress increases approximately

linearly with normal stress depending on confining pressure (τ = 0.85σn < 200 MPa,

and τ = 0.5 + 0.6σn > 200 MPa). Clays and phyllosilicates have been shown to have

significantly lower frictional coefficients (µ; ∼ 0.25; Byerlee, 1978; Ikari et al., 2011).

Furthermore, Collettini et al. (2009) demonstrated how the formation of a fabric, even

in the higher levels of the lithosphere, can induce drastic weakening (reduction of µ

by 0.3) compared to rocks of the same composition lacking a fabric. Friction at depth

is also controlled by the effective pressure, which is what is left when subtracting the

effect of pore fluid pressure from the lithostatic pressure.

Viscous deformation

In its simplest form the flow law for viscous creep is a variation of, ε̇ =Ae-Q/RT d-p

∆σn, where ε̇ is the strain rate, ∆σ is the differential stress, n is a stress exponent

which varies between mineral and types of deformation mechanisms, Q is the activation

energy which is a material parameter that shows how diffusion in a particular material

varies with temperature, A is another material parameter, R is the gas constant, T is

temperature, d is the diameter of grains and p a grain size exponent (e.g., Rybacki

and Dresen, 2000; Hansen et al., 2011; Tielke et al., 2016; Fukuda et al., 2018). For

GSS creep n will be 1-2 and p > 0. This shows the grain size sensitivity mentioned

before. A n of 1 would mean a perfectly linear viscous creep where the gradient of the

line would correspond to the viscosity. GSI creep has p=0, which in turn shows the

grain size insensitivity. For GSI creep n will be > 3 (see Table 1 in De Bresser et al.

(2001)), and the creep non-linear viscous.
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Grain size sensitive creep

What is included in the term grain size sensitive (GSS) creep may be somewhat con-

tentious, however, in this thesis it refers to not only diffusion creep, but also grain

boundary sliding (GBS) accommodated by either diffusion or dislocation glide, as

well as grain scale pressure solution. Diffusion creep is dependent on point defects

to work, and more specifically on vacancies (Figure 1.6; Nicolas and Poirier, 1976).

Vacancies are essentially missing atoms or molecules, and it is the movement of these

vacancies within the crystallographic lattice that accommodates diffusion creep. If the

vacancy moves through the crystal, it is called Nabarro-Herring creep (volume diffu-

sion; Nabarro, 1948; Herring, 1950), and if it migrates along grain boundaries, it is

called Coble creep (grain boundary diffusion; Figure 1.7; Coble, 1963). Both types of

diffusion creep are highly affected by the grain size. Smaller grain sizes means diffusion

can occur more effectively due to the shorter distances (Nicolas and Poirier, 1976).

Volume diffusion occurs at slower rates and higher temperatures than grain boundary

diffusion. The migration rate of Nabarro-Herring creep is highly dependent on tem-

perature, as higher temperatures cause higher vibrations in the crystal lattice, making

volume diffusion easier to facilitate.

Grain boundaries can also be considered a defect within the matrix, planar defects,

and will as such have an impact on the creep behaviour. The process of two grains

sliding past each other at, or in the immediate vicinity of their mutual interface, is

called grain boundary sliding (GBS; Langdon, 2006). Two types of GBS are recog-

nized, Rachinger sliding (Rachinger, 1952) and Lifshitz sliding (Lifshitz, 1963). In the

former, the grains more or less retain their original shape while sliding past each other

accommodated by intragranular movement of dislocations, and in the latter the offset

is induced by Nabarro-Herring and Coble creep (Langdon, 2006). When GBS is active

in viscously deforming rocks, a process called creep cavitation may form pores along

grain boundaries (Fusseis et al., 2009). Creep cavitation, in conjunction with GBS and

pressure solution may provide a mechanism of fluid migration in mid- to lower crustal

shear zones (Figure 1.5; Fusseis et al., 2009; Menegon et al., 2015).

In pressure solution, ions are dissolved from areas with higher normal stress where

the solubility of the minerals are higher (e.g., Gratier et al., 2013). The dissolved
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Figure 1.5: Granular fluid pump model for mylonites deforming by viscous grain boundary

sliding in the cores of shear zones. Taken from Fusseis et al. (2009).

ions can then move along stress-induced chemical potential gradients to areas of lower

normal stress and solubility (Paterson, 1973). If redeposition at free grain boundaries

in contact with the fluid does not occur, the fluids can migrate larger distances and

deposit material in sites like veins and strain shadows. Although pressure solution is

dominant at lower metamorphic grades where the porosity is higher and intergranular

fluids consequently more abundant, it may also be important at higher grades. Pressure

solution involves three steps, dissolution, transfer and deposition, the slowest of which

will control the rate of the entire process (e.g., Gratier et al., 2013). The transfer step

is often the key parameter controlling the kinetics of the pressure solution process,

and can occur by diffusion through a trapped fluid phase or within a free fluid in

pores or open fractures (Lehner, 1990; Renard and Ortoleva, 1997). The mass transfer

distance, which could be kilometres, therefore becomes important. If considering a

closed system, where dissolution has to equal deposition, the scale of the considered

system is crucial (Langdon, 2006). Alternatively, the system may be open, and fluids

may bring material in as well as remove material from the system. Pressure solution

in relation to grain size sensitive creep is concerned with the grain scale diffusive mass

transfer; however, as this involves diffusion through a fluid phase, the mass transfer
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distance will still play a role in the efficiency of the system.

Figure 1.6: Point defects in a crystal lattice include vacancies and impurities. Taken from

Fossen (2016).

Figure 1.7: Diffusion in a mineral can occur along grain boundaries (grain boundary diffusion,

Coble creep) or within the grain (volume diffusion, Nabarro-Herring creep). Taken from

Fossen (2016).
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Grain size insensitive creep

Dislocation creep

In dislocation creep, lattice defects enabling dislocation creep are generated when the

crystal is strained (Taylor, 1934). But whereas the lattice defects in diffusion creep are

missing or misplaced atoms or molecules, the defects in dislocation creep are distor-

tions in the crystal lattice (Nicolas and Poirier, 1976). These distortions have to be

considered in three dimensions, and are referred to as line defects (Figure 1.8). The

direction and amount of minimum displacement of the crystal lattice caused by the

dislocation is indicated by a Burgers vector. There are two types of line defects, edge

and screw (Nicolas and Poirier, 1976). Edge dislocations occur at the end of half planes

in the crystal lattice. The edge dislocation will then move along a slip plane which

is perpendicular to the half plane, in the same direction as the burgers vector. Screw

dislocations are line defects which demarcate the boundary between sheared lattices

and unsheared. For screw dislocations the Burgers vector is parallel to the line defect

whereas the dislocation moves perpendicular to itself. The slip plane coupled with a

burgers vector is known as a slip system. Minerals may have one or more slip systems

active at different times or simultaneously, depending on the stress and metamorphic

conditions. One process by which edge dislocations move is called dislocation glide.

It is driven by differential stress, and operates by breaking bonds along the disloca-

tion line allowing the half space to move forward along the slip plane. When multiple

slip systems are active at the same time, dislocations can get tangled when they cross

one another. They can also get stuck behind secondary phases. These blocks make

it harder for new dislocations to move. This process, making it harder for the rock

to deform crystalplastically, is called strain hardening. Strain hardening enhances the

possibility of brittle failure by raising the differential stress required for dislocation

glide to occur, which eventually may surpass the differential stress required for brittle

failure. To get around blocks like these it might be necessary for dislocations to climb

to another slip plane. This climb is accommodated by diffusive processes. It therefore

follows that even though dislocation climb is also driven by stress, it is thermally ac-

tivated, and will consequently operate more effectively at higher temperatures. The
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combined dislocation glide and climb is called dislocation creep. Grain size does not

significantly affect dislocation creep, which is therefore commonly referred to as grain

size insensitive (GSI) creep.

Figure 1.8: The two types of dislocations. Edge dislocations occur due to an extra half-plane

of atoms in the crystal lattice, whereas screw dislocations involves twisting of the crystal

lattice. Taken from Fossen (2016).

Recovery

All crystals have a certain amount of internal strain energy. By inducing disloca-

tions into the crystal lattice, the internal strain energy increases due to changes in the

distances between atoms. The total length of dislocations per volume of crystalline

material is called the dislocation density. Mechanisms following the thermodynamic

principle to minimize the free energy in a system, in this case by reducing the disloca-

tion density, are collectively called recovery. Half planes facing opposite directions can

migrate to mutually annihilate each other, vacancies can unwind tangles and disloca-

tion creep can rearrange dislocations into networks with the lowest possible internal

free energy, to name a few. One relatively low internal free energy arrangement of

dislocations is subgrain boundaries or walls (Urai et al., 1986). These boundaries form
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when dislocations are rearranged into a plane. The crystal lattice on either side of the

plane will be misoriented with respect to each other. The slip systems active at the

time the subgrain boundary is forming will determine its orientation. If the rotation

axis is parallel to the boundary it is called a tiltwall. A twistwall would have rotation

axis normal to the boundary.

Recrystallization

One way to reduce the dislocation density is by recrystallization. Recrystallization is

defined as the reorganisation of material with a change in grain size, orientation and

shape within the same mineral (Urai et al., 1986; Hirth and Tullis, 1992). One of the

driving forces for recrystallization arises when there is a difference in the dislocation

density on either side of a grain boundary (Poirier, 1985). The grain boundary will

move in the direction of the higher dislocation density, consuming the dislocations

(Bailey and Hirsch, 1962). This means the grain with lower dislocation density will

grow on the expense of the other grain. Although the internal free energy increases due

to an increase in surface area when grain boundary mobility is active, the reduction

in internal free energy due to the removal of dislocations is greater. When recrystal-

lization occurs during deformation it is called dynamic recrystallization (Guillope and

Poirier, 1979; Drury and Urai, 1990). If on the other hand recrystallization occurs after

deformation stops it is called static recrystallization or annealing.

Dynamic recrystallization

Dynamic recrystallization is often grouped into three main types depending on the

mechanism by which they operate. These are bulging (BLG), sub-grain rotation (SGR)

and grain boundary migration (GBM; Figure 1.9; Stipp et al., 2002). In simple terms

these operate at increasing temperatures and decreasing strain rates from BLG, SGR

to GBM (Urai et al., 1986; Hirth and Tullis, 1992; Dunlap et al., 1997; Stipp et al.,

2002). At lower temperatures, where the grain boundaries are not as mobile as at high

temperatures, small bulges grow locally from the grain with lower dislocation density

and break off to become new grains in a process known as BLG (Bailey and Hirsch,

1962; Drury et al., 1985; Urai et al., 1986). In SGR, a new grain is formed by rotation of

a subgrain to a degree where it is no longer part of its host grain and can be classified
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as a grain of its own (Guillope and Poirier, 1979). The rotation occurs at subgrain

boundaries. Addition of dislocations to the subgrain wall increases the misorientation

in regard to the host grain until it is classified as a grain of its own. The critical

angle for a subgrain evolving to a new grain is debated, and varies between minerals,

but 10 degrees is commonly used (e.g., Guillope and Poirier, 1979). At even higher

temperatures and/or lower strain rates GBM is dominant. In GBM the grain boundary

becomes more mobile so that individual bulges do not break off, but the grain rather

grows at the expense of the other (Guillope and Poirier, 1979; Urai et al., 1986; Stipp

et al., 2002).

Three regimes for dislocation creep

Hirth and Tullis (1992) proposed three regimes for dislocation creep to occur in exper-

imentally deformed quartz. These were dependent on relative rates of grain boundary

migration, dislocation climb and dislocation production. Different mechanisms of dy-

namic recrystallization operating within each regime produce distinct microstructures.

The rates of these mechanisms depend on the temperature, strain rate and the amount

of water present during deformation. In regime one, at lower temperatures and higher

strain rates, recovery is accommodated by stress induced grain boundary migration

in the form of bulging (BLG). The relatively low temperatures prohibit dislocation

climb from operating as it depends on diffusive processes (Lücke and Stüwe, 1971)

that require higher temperatures. The lack of subgrain boundaries and high densities

of tangles evident from the microstructures suggest that the production of dislocations

is higher than recovery. Recovery in the form of BLG operates in this regime, and

SGR may play a minor part as well if the rate of dislocation climb is sufficient. With a

decrease in flow stress, dislocation climb becomes more rapid in regime two and recov-

ery becomes easier. Flow stress can reduce either by an increase in temperature which

enhances diffusion, or by a reduction in strain rate allowing more time for dislocation

climb to occur. In regime 2 dislocations arrange themselves into subgrain boundaries,

reducing the internal free energy. By continuous addition of dislocations to the sub-

grain boundaries, new grains will form by SGR (Hobbs, 1968; Guillope and Poirier,

1979). The transition into regime 3 happens when flow stress is low enough to let the
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Figure 1.9: a-c) Schematic representation of the three characteristic microstructures of dy-

namic recrystallization in quartz shown at the same relative scale. a) Bulging recrystalliza-

tion: bulges and small recrystallized grains are present along grain boundaries. b) Subgrain

recrystallization: core and mantle structures with relict ribbon grains and recrystallized sub-

grains. Grain boundary migration recrystallization: irregular grain sizes and shapes. Taken

from (Stipp et al., 2002). d-f) Microstructures of Hirth and Tullis’s (1992) regime 1 (d), 2

(e) and 3 (f) in experimentally deformed quartz aggregates. The horizontal microcracks in d

formed during unloading. Taken from Hirth and Tullis (1992).
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energy associated with subgrain and high angle boundaries become a significant por-

tion of the driving force for grain boundary migration. In regime 3 grain boundaries

preferentially migrate to subgrain dislocation networks like subgrain boundaries, and

the rate of grain boundary migration is significantly higher than in regime 1. As climb

is still active in regime 3, SGR will be active as well as GBM. Therefore the rock will

become completely recrystallized at lower strains than in regime 1 and 2. After new

grains have formed by SGR, their boundaries will become highly mobile as GBM takes

over (Lloyd and Freeman, 1994). The different modes of recovery and recrystallization

active within these regimes result in distinct microstructures (Figure 1.9).

1.1.5 Microstructures

To understand the history of the rocks of interest we have to look at the microstruc-

tures. According to Hobbs (1968) a microstructure is the small-scale arrangement of

geometric and mineralogical elements within a rock. This includes the spatial distri-

bution of phases and pores, the nature of grain boundaries, as well as grain sizes and

shapes. It also includes the internal configurations of the crystal lattices which may

result in patterns in extinction angles and CPOs. Microstructures give us clues about

the conditions the rock has experienced, the kinematics, and the mechanisms operating

within them. Because the internal material parameters (grain size and shape, miner-

alogy and their arrangement) are dependent on external factors (temperature, strain

rate, pressure, fluid availability), they will most certainly change over time. It may

therefore be hard to say what increment of deformation they represent. For rocks with

multiple minerals, coexisting microstructures, metamorphic reactions and overprint-

ing relations may however give us useful information about the deformation history

(Knipe, 1989).

At conditions where bulging recrystallization is dominant, recovery processes may

lead to dislocation tangles in the crystal lattice, observable with electron microscopy.

When small fractures and kinks form beside these tangles, a patchy undulose extinction

will develop. This is due to the misorientation of the lattice causing the extinction

angles to change locally (Hirth and Tullis, 1992). The recrystallization accommodated
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by bulging forms small grains around the old grain in a core mantle type fashion (Figure

1.9; Hirth and Tullis, 1992; Stipp et al., 2002). Hirth and Tullis (1992) showed how

these grains at optical scale can result in blurry grain boundaries due to the very fine

grain size. At lower strain rates or higher temperatures, where GBM recrystallization

is dominant, the rate of grain boundary mobility becomes significantly higher (Hirth

and Tullis, 1992). The microstructure indicative of the highly mobile grain boundary

is lobate grain boundaries. The newly formed grains tend to have a low dislocation

density, be larger, and if secondary phases are present, microstructures such as pinning,

dissection (Urai et al., 1986), dragging or left over grains are common (Jessell, 1987).

After the initiation of dislocation climb, recovery processes will begin to align the

dislocations into planar zones in the crystal to lower the internal free energy. This

will lead to slight bending of the crystal lattice and result in a sweeping undulose

extinction (Hirth and Tullis, 1992). When the boundaries are discrete and sharp,

subgrains can be recognized. If these subgrains develop into new grains by subgrain

rotation recrystallization (Guillope and Poirier, 1979), another form of a core and

mantle type structure will form, often in sheets of sub grains and recrystallized grains

between relict grains (Figure 1.9; White, 1976; Stipp et al., 2002). The transition from

subgrain to recrystallized grain is transitional, and therefore they will be of similar

size (Urai et al., 1986; Bestmann and Prior, 2003). Most of the dislocations have

migrated to form the new grain boundaries, and therefore the dislocation densities in

the recrystallized grains will be low (Stipp et al., 2002). As the recrystallized grains

form by rotation of the crystal lattice until they can be classified as a grain of their

own, the CPOs will be similar between adjacent grains (Urai et al., 1986; Bestmann and

Prior, 2003; Wheeler et al., 2001). In addition to the formation of a CPO by sub grain

rotation recrystallization, the highly mobile grain boundary migration during GBM

recrystallization will preferentially consume grains with unfavourable crystal lattice

orientations for slip, further intensifying the CPO. Dislocation creep thus progressively

forms CPOs with increased strain. As the degree of recrystallization increases, the

CPO becomes gradually stronger (Law, 1990; Stipp et al., 2002). CPOs can give

us information about both strain geometry and temperature, as non-coaxial strain

produces asymmetric CPOs and the temperature will affect which slip systems are
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active in each mineral.

The size of recrystallized grains may additionally give us the means to infer the

paleostress, through the use of paleopiezometry. Experiments have shown that steady

state flow stress is inversely related to the subgrain size and recrystallized grain size,

as well as directly related to the dislocation density (Poirier, 1985). As higher tem-

peratures commonly promote grain growth and lowers the stress, the temperature is

also of interest. Guillope and Poirier (1979) proposed that within their respective do-

mains, SGR and GBM produce subgrain sizes and grain sizes that are independent of

temperature, strain and purity and depend only on stress. There are however many

uncertainties related to the accuracy of paleopiezometry, such as defining average grain

size in two and three dimensions, different mechanisms have different stress-grain size

relations, influence of water and annealing.

For GSS there are a few different types of microstructural evidence. The removal

of material from a source may leave behind evidence such as stylolites, while mineral

differentiation during e.g., development of crenulation cleavage, pressure shadows, over-

growths and veins, are all indicative of redistribution and precipitation at sinks (Knipe,

1989). As diffusion removes material from sites under high stress and redeposits it in

areas of lower stress, the grains may develop a shape preferred orientation (SPO). The

general consensus has previously been that GSS can prevent the development of CPOs,

and will randomize a pre-existing one. Karato and Wu (1993) argued that CPOs are

the most diagnostic microstructure for deformation mechanisms for this reason. Best-

mann and Prior (2003) demonstrated this with samples from a monomineralic calcite

marble shear zone located on Thassos Island, Greece. Observations showed that new

grains formed by subgrain rotation recrystallization. Diffusion accommodated grain

boundary sliding then increased the misorientation between recrystallized grains, old

grains and neighbouring new grains, weakening the CPO of the recrystallized grains.

However, CPOs have also been shown to form by diffusive processes and/or rigid body

rotation, through modelling (Bons and den Brok, 2000), experiments (Miyazaki et al.,

2013), and in natural examples (Stallard and Shelley, 1995; Menegon et al., 2008). A

CPO, or lack thereof, is therefore not enough to determine if GSI or GSS was active

during deformation, without additional evidence.
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1.1. Rheology of the continental lithosphere

1.1.6 Strength of polyphase rocks

Most of the models above concerning the strength of the lithosphere, and the defor-

mation mechanisms maps, assume a single mineralogy. This is an understandable

simplification as a starting point to further our understanding of the lithosphere. Most

mylonites in the lithosphere are, however, polyphase aggregates deforming by more

than one mechanism in more than one phase. To understand the rheology of natu-

rally deforming polyphase rock types more complex flow laws are therefore needed.

Handy et al. (1999) emphasised the importance of whether the aggregate contains a

load bearing framework of the stronger phase, or layers of interconnected weaker phase,

in determining the rheology (Handy, 1990). Dell’Angelo and Tullis (1996) supported

this by demonstrating how the ductile strength of an aplite with an initial strength

equivalent to that of feldspar, progressively weakens as deformed quartz becomes in-

terconnected. Hunter et al. (2016) also demonstrated how it is not simply the presence

of phyllosilicates, but also their degree of interconnectivity that allows weakening. For

the Outer Hebrides Fault Zone, interconnected phyllosilicate networks have been in-

voked to cause long term weakness (Butler et al., 1995; Imber et al., 1997). Handy

et al. (1999) suggested that a volume proportion as small as 10% of a weak phase, if

interconnected, would suffice for it to govern bulk rock rheology.

As discussed above, grain size reduction has a big weakening effect in rocks. But

whereas grain growth and a switch back to grain size insensitive creep in monomineralic

rocks or domains is likely (Atkinson, 1988; Karato, 1989; De Bresser et al., 1998), in

polyphase rocks the mixing of fine grained phases results in pinning, inhibiting grain

growth. This keeps the rock deforming by grain size sensitive creep (Warren and Hirth,

2006). The processes/mechanisms of grain size reduction discussed above may, apart

from reducing the grain size, also directly enhance phase mixing in polyphase rocks.

For example, Kilian et al. (2011), Menegon et al. (2015), and Lopez-Sanchez and Llana-

Fúnez (2018) showed how phase mixing can occur by nucleation of one phase in pores

between grains of another (Figure 1.10a), and Newman et al. (1999) invoked metamor-

phic reactions for phase mixing. The different deformation mechanisms briefly outlined

above may also play a role, as demonstrated for subgrain rotation recrystallization by
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a

b

Figure 1.10: Phase mixing and pinning. a) Schematic diagram illustrating the sequence

of steps in Lopez-Sanchez and Llana-Fúnez’s (2018) disGBS inter-grain mixing model. (a)

Initial arrangement of four perfectly hexagonal and uniform grains. (b) and (c) represents

mixing without grain rotation whereas (d) and (e) incorporates sliding and grain rotation.

(b) Microcavities appear after a small amount of grain sliding as thin gaps between grains

and small pockets at triple junctions. (c) Precipitation of secondary phases seal voids as soon

as they appear. (f) Grain boundaries adjust to reach dihedral angles. Taken from Lopez-

Sanchez and Llana-Fúnez (2018). b) Schematic representation of the Zener parameter (Z)

and dispersion factor (K). Z is defined as the ratio between the grain size and volume fraction

of the second phase. K is defined as the ratio between the mean interparticle distances of

matrix grains (blue arrows) and the second phases (red arrows). Taken from Hunter et al.

(2016).

26



1.1. Rheology of the continental lithosphere

Farla et al. (2013) and subsequent grain boundary sliding by Linckens et al. (2011).

Cross and Skemer (2017) introduced a geometric mechanism for phase mixing, in which

monophase domains stretch and thin by progressive strain, increasing the density of

phase boundaries and consequently increase the pinning effect. The pinning effect de-

pends on the ratio between grain size and volume fraction of the phases, as well as their

dispersion (Figure 1.10b; Brodhag et al., 2011; Herwegh et al., 2011; Hunter et al.,

2016).

Attempts have been made at quantifying the rheological behaviour of fine grained

polyphase rocks by combining single-phase parameters. For example Platt (2015) and

Ceccato et al. (2018) used mixing laws to derive composite flow laws for dislocation and

diffusion creep in both quartz and feldspar to asses strengths of fine granitoid ultramy-

lonites. However, the behaviour of the two phases will be considerably affected by the

strong chemical interactions between their diffusing components, and their strength can

therefore not be predicted in any simple way by combining their flow laws (Wheeler,

1992). Once grain size has reduced to favour grain size sensitive deformation mech-

anisms, the mixture may, therefore, be weaker than any of its components (Wheeler,

1992).

1.1.7 Retrograde shear zones

Shear zones are considered to be areas of weakness (Brune et al., 1969; Zoback et al.,

1987; Stern et al., 2007). In active retrograde shear zones, like the San Andreas Fault

Zone, the Alpine Fault, the Haiyuan Fault and the North Anatolian Fault, there are

recent records of a range of seismic styles, from steady, plate boundary rate creep,

through transient aseismic slip, to intermittent swarms of seismically detectable tremors

(Wech et al., 2012; Jolivet et al., 2015; Shelly, 2017) as well as low resistivity zones at

depth (Wannamaker et al., 2002; Ozacar and Zandt, 2009). Low stress drop events like

tremor and slow slip are believed to represent mixed frictional and viscous deformation

at conditions of low effective stresses, sensitive to small perturbations (Thomas et al.,

2009; Skarbek et al., 2012). The zones of low resistivity are therefore often interpreted

to reflect fluid presence from which weakness is inferred, usually in the form of high
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pore fluid pressures (Rice, 1992; Thomas et al., 2009).

Exhumed retrograde shear zones like the Median Tectonic Line (MTL; Japan; Jef-

feries et al., 2006), Karakoram (India; Wallis et al., 2015) and Outer Hebrides Fault

Zone (Scotland; Butler et al., 1995) display retrograde mineral assemblages, requir-

ing at least some fluids to have played a role during deformation. Due to the high

grade metamorphic history, rocks in retrograde settings are likely to be previously

dehydrated. Fluid volumes in retrograde settings are therefore most likely to be low

and externally derived, requiring a permeable network, and therefore hydrostatic fluid

pressure conditions are more likely. However, exceptions are possible, in situations

where the fluid influx exceeds the rate of rehydration and flow, or if rehydration reac-

tions involve positive volume changes. Nonetheless, although the addition of fluids will

likely result in weakening and the creation of conditions susceptible for tremor and low

frequency earthquakes, high fluid pressure might not be an appropriate explanation.

Depending on the tectonic setting, possible external fluid sources include meteoric

water (Koons and Craw, 1991; Menzies et al., 2014), magma crystallisation or migration

(e.g., Zhao et al., 2010), mantle degassing (e.g., Kennedy et al., 1997), and, even if

locally derived metamorphic fluids are unlikely, externally derived metamorphic fluids

are still viable. These sources can be investigated with the help of oxygen isotope

analyses. For example Koons and Craw (1991) and Menzies et al. (2014) showed that

in the case of the Alpine Fault, the fluid source is dominantly meteoric.

Strength estimates in exhumed shear zones vary significantly. In the Karakoram

Fault, Rutter et al. (2007) reported peak differential stresses of 200 MPa for calcite my-

lonites, whereas (Wallis et al., 2015) calculated strengths of < 20 MPa for phyllonites,

both for the brittle-ductile transition. Kidder et al. (2014) obtained peak stresses of

60 MPa for the rapidly exhuming part of the Alpine Fault and 100-200 MPa further

north and south, in areas of slower uplift. The wide range of strength estimates is enig-

matic and calls to question what the factors controlling strengths are in continental

retrograde faults and how best to estimate those strengths.
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1.2 Geological settings

Both the Kuckaus Mylonite Zone (KMZ), Namibia, and the Outer Hebrides Fault Zone

(OHFZ), Scotland, display retrograde mineral assemblages, evidence for fluid involve-

ment during deformation. Furthermore, although mylonitic shear zones are typically

described as wide tabular zones of distributed deformation, the KMZ, and locally the

OHFZ, show patterns of localized strain in anastomosing ultramylonites (Butler et al.,

1995; Rennie et al., 2013), raising questions of what deformation mechanisms are active

within mylonites, how these mechanisms are distributed, and how shear zones evolve

with time. The KMZ and OHFZ thereby serve as great natural laboratories for the

study of sources and effects of fluids in retrograde shear zones.

1.2.1 Kuckaus Mylonite Zone, Namibia

The KMZ is part of the Marshall Rocks-Pofadder shear zone system (MRPSZ), a

subvertical NW-SE striking, dextral shear zone that extends for 550 km across Namibia

and South Africa (Figure 1.11; Jackson, 1976; Rennie et al., 2013). In the study area

the MRPSZ is localized in rocks of the Aus Domain, separated to the south from the

Richtersveld and Bushmanland Subprovinces by the Southern Namaqua Front, and

to the north from the Konkiep Subprovince by the Lord Hill-Excelsior Shear Zone

(Miller, 2008). These subprovinces and domains constitute the north-western part of

the Namaqua Metamorphic Complex (NMC). The NMC is bound to the south by

rocks of the younger Saldania belt, and the north by the Kalahari Craton. The central

parts are covered by the Karoo Supergroup, with exposures limited to the western and

eastern coasts of southern Africa (Thomas et al., 1994).

The tectono-stratigraphy of the rocks of the Aus domain is believed to consist of

both reworked 2000-1700 Ma basement, and younger 1250-1100 Ma supracrustal and

igneous rocks (Blignault et al., 1974; Diener et al., 2013). The supracrustals belong to

the Garub sequence, whereas three intrusive igneous suites have been identified in the

mapping area (Jackson, 1976; Diener et al., 2013). The first voluminous igneous suite

is the Tsirub Gneiss, a garnet-bearing tonalitic to granodioritic augen gneiss, whereas

the other igneous suite is an unnamed and undifferentiated biotite gneiss that is made
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Figure 1.11: a) Map of Africa with the extent of the Namaqua Metamorphic Complex (NMC).

b) Location of the study area (red box) along the Kuckaus Mylonite Zone (KMZ), southwest

Namibia (after Diener et al. (2016)). MRPSZ = Marshall Rocks-Pofadder shear zone system,

LH-ESZ=Lord Hill-Excelsior Shear Zone, SNF=Southern Namaqua Front. c) Geological map

and cross-section of the KMZ after Rennie et al. (2013).
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up of K-feldspar, plagioclase, quartz and biotite (Jackson, 1976). Apart from these

two volumetrically dominant gneisses, the mapped area contains scattered bodies of

leucogranites, comprising megacrystic K-feldspar and quartz, with minor biotite and

garnet (Jackson, 1976; Diener et al., 2013).

The NMC is a metamorphic belt associated with the formation of Rodinia in the

Namaqua orogeny, with high-temperature - low-pressure peak metamorphism at 1200-

1050 Ma (Jackson, 1976). The biotite gneiss and Tsirub Gneiss have experienced

the same tectono-metamorphic history, both preserving migmatitic textures. They

were subsequently deformed during the later stages of the Namaqua orogeny under

retrograde mid-crustal conditions at 270-420 MPa and 450-480◦C (Diener et al., 2016),

40 Ma after peak granulite facies metamorphism at 550 MPa and 825◦C, c. 1065-1045

Ma (Diener et al., 2013). Most leucogranite bodies within the study area behaved as

more competent units than the surrounding gneisses, and are thereby inferred as pre-

tectonic, however, some minor leucogranite bodies show evidence of shear zone parallel

liquid-state flow suggesting a syn-tectonic relationship (Rennie et al., 2013).

In the study area, the KMZ is manifested as an approximately 1-2 km wide zone

of heterogeneously distributed strain, separating the Tsirub Gneiss in the NE from the

biotite gneiss in the SW (Figure 1.11; Rennie et al., 2013). The largest leucogranite

body (∼ 2000 m long, < 200 m wide) is located between the biotite gneiss and Tsirub

gneiss, with its long axis aligned parallel to the shear zone margins. Smaller leucogran-

ite bodies, with long axes down to a few m, can be found at scattered locations in the

Tsirub Gneiss (Rennie et al., 2013). The leucogranite bodies, together with gneissic

lozenges ranging in size from m to 10s of m wide, form low strain zones around which

the strain is heterogeneously distributed. The mylonitic fabric is predominantly sub-

vertical, striking NW-SE, with a sub-horizontal lineation (Rennie et al., 2013). The

highest strained rocks are localized into narrow ultramylonites which can be a few 10s

of cm wide (Chapter 3).
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1.2.2 Outer Hebrides Fault Zone, Scotland

The Outer Hebrides Fault Zone (OHFZ) is a crustal-scale fault, dipping ∼ 25◦ to-

wards the SE, exposed in varying thickness (100 m to 15 km) for ∼ 180 km along

the eastern coasts of the Outer Hebrides island chain, off the west coast of mainland

Scotland (Figure 1.12; Sibson, 1977b; Smythe et al., 1982; Imber et al., 2001). The

OHFZ has a long kinematic history, with activity spanning 1000 Ma, starting in the

Proterozoic (Sibson, 1977b; Butler et al., 1995). The Outer Hebrides are made up of

rocks of the Lewisian Complex, which includes Archean grey gneisses, the Corodale

Gneiss, the South Harris Igneous Complex, localized metasediment bands, as well as

granites, pegmatites and other intrusions of Laxfordian age. In the studied areas, the

OHFZ is found in grey gneiss and Corodale Gneiss. The grey gneiss is a quartzofelds-

pathic orthogneiss with biotite and hornblende rich bands, with ages for the inferred

felsic igneous protoliths ranging from 2744 ± 1 Ma (Mason et al., 2004) to 3125 ± 14

Ma (Friend and Kinny, 2001). Apart from a few locations with relict granulite assem-

blages (1550-1670 Ma), most of the grey gneiss records retrograde amphibolite facies

Laxfordian metamorphism (950-1300 Ma; Cliff and Rex, 1989). The Corodale Gneiss

has an inferred dioritic protolith with similar ages to the grey gneiss (2770 ± 140 Ma

and 2900 ± 100 Ma; Whitehouse, 1993) and consists of a granulite facies assemblage

of pyroxene, garnet, hornblende, plagioclase and minor quartz. The mineralogy of the

Corodale gneiss is highly variable, with layers of more mafic constituents interbanded

with intermediate and leucocratic zones (Coward, 1972).

The OHFZ’s kinematic history can be summarised into four events: 1) top to NW

ductile thrusting; 2) top to NW brittle thrusting; 3) sinistral strike-slip; and 4) top to

SE dip-slip extension on detachment- and normal faults (e.g., Butler et al., 1995; Imber

et al., 2001). All four events are preserved along the northern segment, north of the

South Harris Shear Zone (SHSZ), however, due to movement along the SHSZ, only the

three younger ones are preserved on the southern segment, south of it (Figure 1.12; e.g.,

Imber et al., 2001). The ductile thrusting took place after 1700 but before 1100 Ma,

at upper greenschist to lower amphibolite facies conditions (535 ± 50◦C, 520 ± 60◦C;

Imber et al., 2001), and is associated with the development of a ∼ 6 km wide zone
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Figure 1.12: Location of the Outer Hebrides Fault Zone (OHFZ) along the eastern coasts of

the Outer Hebrides in NW Scotland. MF=Minch Fault, MTZ= Moine Thrust Zone, GGF=

Great Glen Fault. After Osinski et al. (2001).
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of phyllosilicate-bearing mylonites (Sibson, 1977b; Butler et al., 1995). Overprinting

these mylonites are faults and crush zones with cataclasites and pseudotachylites. In

the southern segment, this brittle faulting and cataclasis of the second event is dated

to Caledonian (430 ± 3 Ma; Kelley et al., 1994). Depth estimates for initial brittle

deformation varies considerably, with estimates ranging from 4 to 18 km (Sibson, 1975,

1980; Macaudière and Brown, 1982; Fettes, 1992; White, 1996). A more recent estimate

by Sibson et al. (2006) gives a range of 5-10 km. The total displacement during the late

Caledonian (394 ± 16) strike-slip stage is estimated to be 90 km (Piper, 1992; Imber

et al., 2002). Associated with the strike-slip event, a fluid influx into the fractured host

rock allowed the development of phyllonitic shear zones (Butler et al., 1995; Imber

et al., 1997). Earlier studies suggested the conditions for strike-slip deformation along

the OHFZ occurred under lower-amphibolite to greenschist facies conditions (Butler

et al., 1995; Imber et al., 1997), however, more recent analyses have revealed different

temperatures for the two segements, with Osinski et al. (2001) reporting 370◦C for

extensional (stage 4) phyllonites south of the SHSZ and Szulc et al. (2008) reporting

230◦C for the strike-slip (stage 3) phyllonites north of the SHZS. Using the estimated

depth range for the brittle deformation (5-10 km), this would give high geothermal

gradients of 23-46◦C/km and 37-74◦C/km, during phyllonite development, for the rocks

south and north of the SHSZ respectively. The cores of these phyllonite zones were

later reactivated in the early extensional events, when another phyllontisation event

also took place (Imber et al., 2001; Osinski et al., 2001), dated to 304 Ma and 280 Ma

(Fettes, 1992).
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1.3 Main research questions

The overall aim of this thesis is to understand what effect the influx of fluids have

on retrograde shear zones with progressive deformation. To address this aim, I will

conduct field work, including whole rock and quartz vein sampling, on the Kuckaus

Mylonite Zone and the Outer Hebrides Fault Zone, which as described above (section

1.2), both display retrograde mineral assemblages, requiring at least some fluids to

have played a role during deformation. Field work and sampling will be followed

by geochemical and microstructural analyses, using oxygen stable isotopes and bulk

whole rock major element compositions, as well as polarized light and scanning electron

microscopy (including electron backscatter diffraction). The methods used to obtain

the geochemical data and for the scanning electron microscopy can be found in chapters

2 and 3 respectively.

The main research questions I ask are:

Q1 What are the source/sources of fluids in continental retrograde shear zones?

Q2 What deformation mechanisms are active within mylonites in retrograde shear

zones and how does their distribution evolve with time?

Q3 What controls the strength of polyphase shear zones?
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1.4 Thesis outline

This thesis is made up of three parts: (1) A general introdution providing the scientific

background for the topics addressed in the thesis. (2) Three chapters outlining the

original scientific work that has been conducted. (3) A final chapter discussing the

findings of chapters 2-4, their contribution to current debates, and suggestions for

future research.

Chapter 2 considers fluid sources and their effect on the Kuckaus Mylonite Zone

in Namibia. To do this, field work was carried out to map and obtain whole rock

samples over high strain zones, as well as syntectonic quartz vein samples. Oxygen

isotope analyses of these samples will allow for considerations of fluid sources while

X-ray fluorescence analyses can aid in understanding the chemical changes that took

place during deformation. Following this, in Chapter 3, I will take a closer look at

the microstructures in order to determine the deformation mechanisms active in the

mylonites and assess how they evolved with time. A new method to calculate bulk rock

stresses in polyphase rocks was also derived in this chapter, based on the microstruc-

tural observations and stress estimates using single phase parameters. The results from

the Kuckaus Mylonite Zone suggests at least some of the fluids were meteoric, and that

mineral reactions, grain size reduction, and fluid assisted diffusion, allowed consider-

able weakening and elevated strain rates without the need for elevated fluid pressure.

To see if these findings may apply to other retrograde shear zones, the same methods

were used in Chapter 4, on rocks collected from the Outer Hebrides Fault Zone. The

findings from the Outer Hebrides Fault Zone will then be compared and contrasted

with those of the Kuckaus Mylonite Zone in the general discussion in Chapter 5.

Chapters 2-4 are self-standing, and can be read in isolation. Chapter 3 is derived

from a published manuscript and Chapter 2 from a submitted manuscript currently

under review. The author contributions are disclosed at the beginning of each chapter.
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Abstract

Mid-crustal rocks in retrograde metamorphic settings are typically H2O-undersaturated,

fluid-absent and have low permeability. Exhumed continental retrograde faults do,

nonetheless, show evidence for the operation of fluid-mediated weakening mechanisms

during deformation at mid-crustal conditions. To explore the origin and effects of

fluids in retrograde faults we study the Kuckaus Mylonite Zone (KMZ), an exhumed

crustal-scale, strike-slip shear zone. The KMZ deformed quartzofeldspathic migmatitic

gneisses at mid-crustal retrograde conditions (450-480◦C, 270-420 MPa) in the Meso-

proterozoic, 40 Ma after granulite facies peak metamorphism at 825◦C, 550 MPa. The

mylonites contain fully-hydrated retrograde and metasomatic mineral assemblages, pre-

dominantly adjacent to anastomosing high strain zones, providing evidence of local H2O

saturation and fluid presence during deformation. Whole-rock and quartz vein δ18O

values suggest at least some of the fluids were meteoric in origin. The rocks across the

shear zone retain the effect of different protoliths, implying little effect of fluid-rock

interaction on whole-rock major element chemistry. Together with a general scarcity of

quartz veins, this suggests fluid/rock ratios remained low in the KMZ. However, even

small amounts of H2O allowed reaction weakening and diffusion-precipitation, followed

by growth and alignment of phyllosilicates. In the ultramylonites, a fine grain size in

the presence of fluids allowed for grain size sensitive creep. We show that influx of

even small volumes of fluids into retrograde shear zones can induce drastic weakening

by facilitating grain size sensitive creep and retrograde reactions. In retrograde set-

tings, these reactions consume fluids, and therefore elevated fluid pressures will only be

possible after considerable weakening has already occurred. Our findings imply that

the range of seismic styles recently documented at active retrograde transform faults

may not require high fluid pressures but could also arise from other local weakening

mechanisms.
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2.1. Introduction

2.1 Introduction

Given a range of assumptions, including constant fluid pressure (Pf), strain rate and

composition, increasing depth in the continental crust results in a pressure-dependent

increase in frictional strength of rocks and a thermally-dependent reduction in vis-

cous strength (Brace and Kohlstedt, 1980). The frictional-viscous transition therefore,

theoretically, represents the strongest part of the continental crust, but is still poorly

understood (Bürgmann and Dresen, 2008). Deformation around the frictional-viscous

transition is localized into shear zones, which may exert a major control on the strength

of the lithosphere (e.g., Kirby, 1985; Ingleby and Wright, 2017; Fagereng and Biggs,

2018). The relative strength or weakness of a shear zone is, however, a complex puz-

zle, in which a combination of interconnected lithological, mechanical and physical

variables play a role. Traditionally, most studies of continental crustal rheology have

focussed on quartz and feldspar (lithological variables), deforming by frictional sliding

and/or dislocation creep (mechanical variables) over a range of pressures (P), temper-

atures (T) and Pf (physical variables; e.g., Kohlstedt et al., 1995). This is based on

the assumption that quartz and feldspar are the two most abundant minerals in the

continental crust, frictional sliding and dislocation creep are two dominant deforma-

tion mechanisms and P, T and Pf are the primary physical variables. Among these

variables, fluids have a direct effect on the effective pressure as well as additional ef-

fects on the lithology through metasomatic and metamorphic reactions (Hubbert and

Rubey, 1959; White and Knipe, 1978; Wintsch et al., 1995). Fluids have also been as-

sociated with a number of weakening mechanisms such as: 1) the breakdown of strong

minerals into weaker minerals (White and Knipe, 1978; Hippertt and Hongn, 1998;

Oliot et al., 2014); 2) grain size reduction by the nucleation of metasomatic miner-

als (White and Knipe, 1978; Kilian et al., 2011); 3) aiding diffusion creep and other

grain size sensitive deformation processes (Fusseis et al., 2009; Menegon et al., 2015;

Platt, 2015; Lopez-Sanchez and Llana-Fúnez, 2018); 4) causing hydrolytic weakening

in minerals deforming by dislocation creep (Tullis and Yund, 1980; Karato et al., 1986)

and 5) depending on permeability, fluid presence can reduce the effective normal stress

by increasing fluid pressure (Hubbert and Rubey, 1959). In addition, fluids may also
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facilitate both positive and negative volume changes, which may have an effect on the

overall strain regime (Ramsay, 1980).

Given the potential importance of fluids in shear zones, a related question pertains

to the sources, volumes and pathways exploited by these fluids. This is especially true

in retrograde shear zones. In prograde metamorphic settings, like subduction zones,

the deforming lithologies themselves constitute the fluid source. Peacock (1990) es-

timated that approximately 8.7 x 1011 kg of bound H2O, stored in the oceanic crust

and overlying sediments, is subducted past the accretionary prism each year. Depend-

ing on the P-T path of this subducting slab, the breakdown of hydrous minerals such

as lawsonite, chlorite or amphibole will release some of these fluids (Peacock, 1990;

Fagereng and Diener, 2011a), causing elevated fluid pressures which in turn can in-

duce fracturing. This is well displayed in exhumed subduction melanges as abundant

veining (Meneghini and Moore, 2007; Fagereng et al., 2018) that may be the geologic

product of episodic tremor and slow slip (Ujiie et al., 2018). Recent geophysical records

from active retrograde faults such as the San Andreas Fault Zone (SAFZ; California),

Haiyuan Fault Zone (China) and the Alpine Fault (New Zealand), also show a range of

seismic styles, from steady, plate boundary rate creep, through transient aseismic slip,

to intermittent swarms of seismically detectable tremors, highlighting localized struc-

tures at and below the brittle-viscous transition (Shelly and Hardebeck, 2010; Jolivet

et al., 2012; Wech et al., 2012).

However, contrary to prograde metamorphic settings, rocks in retrograde settings

will have been previously dehydrated during higher-grade metamorphism. Under ret-

rograde conditions such rocks will consist of fluid-undersaturated mineral assemblages

that are incapable of producing fluids through dehydration reactions, but that are ca-

pable of undergoing rehydration if external fluid addition were to occur (Oliver, 1996;

Guiraud et al., 2001; Fagereng and Diener, 2011b). Weakening simply due to elevated

fluid pressures is therefore not generally applicable to explain the weakness of active

retrograde faults (Rice, 1992; Stern et al., 2007). Exhumed active and inactive retro-

grade fault zones like the Median Tectonic Line (MTL; Japan; Jefferies et al., 2006),

Karakoram (India; Wallis et al., 2015) and Outer Hebrides Fault Zone (Scotland;

Butler et al., 1995) do, nonetheless, display retrograde mineral assemblages, requiring

42



2.1. Introduction

at least some fluids to have played a role during deformation. Furthermore, a fluid

presence at depth is commonly inferred for active retrograde faults based on geophys-

ical observations (Wannamaker et al., 2002; Türkoğlu et al., 2008; Ozacar and Zandt,

2009). Fluids are thereby likely to have an important role in the weakening occur-

ring in retrograde settings, but their source, volume, and the specific mechanisms they

facilitate remain unclear.

As locally produced fluids are unlikely in retrograde shear zones, external sources

are required to explain fluid presence (Kerrich et al., 1984). Depending on the tectonic

setting, possible external sources include meteoric water (e.g., Alpine Fault; Koons and

Craw, 1991; Menzies et al., 2014), metamorphic dehydration of associated lithologies

undergoing prograde metamorphism (e.g., SAFZ; Irwin and Barnes, 1975; Fulton

et al., 2009), magma crystallisation or migration (e.g., MTL; Zhao et al., 2010) and

mantle degassing (e.g., SAFZ; Kennedy et al., 1997). Fluid volumes in previous

studies on retrograde faults are mainly qualitative estimates and vary considerably

from completely dry to large volumes of fluids (Butler et al., 1995; Tenczer et al.,

2006). For external fluids to be invoked, a permeable pathway between the fluid source

and shear zone is required. Studies on natural ductile shear zones have shown that

fluids are not expelled from them, like expected for fully viscous shear zones, but rather

flow into and along them, suggesting there is a pressure dependent dilatancy component

operating on the micro-scale in shear zones even in the ductile lower crust (Mancktelow,

2006). Once actively deforming, ductile shear zones may therefore themselves act as

pathways for fluid flow.

To explore the origin and effects of fluids in retrograde transform faults we study

an exhumed example, the Kuckaus Mylonite Zone in Namibia. This crustal-scale,

strike-slip shear zone was active at mid-crustal retrograde conditions (450-480◦C, 270-

420 MPa) in the Mesoproterozoic, 40 Ma after granulite facies peak metamorphism

(825◦C, 550 MPa; Jackson, 1976; Rennie et al., 2013; Diener et al., 2016). Retrograde

mineral assemblages, visible in outcrop predominantly adjacent to local high strain

zones, provide evidence of fluid involvement during deformation (Diener et al., 2016).

By studying rocks from the KMZ we aim to answer the following three questions:

1) where did the fluids come from? 2) what effect did they have on the lithological
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aspects that may influence the strength of the shear zone? and 3) did fluids also

facilitate weakening by increasing Pf, as is often inferred in active shear zones? To

address the first question, oxygen isotope compositions of quartz veins, mylonites and

wall rocks are used to consider possible fluid sources (Taylor, 1977; McCaig et al., 1990;

Hartman et al., 2018). To assess the lithological effects the fluids had on the shear zone,

isocons, constructed using major element concentrations, have been used together with

microstructural observations to assess what metasomatic alterations occurred in the

system as well as to estimate mass changes, induced by fluid flow, across the shear

zone (O’Hara, 1988; Spruzeniece and Piazolo, 2015). Patterns in the geochemical

data will also allow for qualitative estimates of the fluid/rock ratio in the KMZ. The

microstructural observations are furthermore used to determine the effect fluids had on

the active deformation mechanisms within the shear zone. Fluids can have both a direct

and an indirect effect on rheology, for example by directly enhancing diffusion creep

or indirectly causing a switch in deformation mechanism by facilitating retrograde

metamorphic reactions. We therefore discuss the results and their interdependent

nature to determine which weakening mechanisms, associated with the introduction

of fluids, were dominant during shearing in the KMZ.

2.2 Outcrop descriptions

The KMZ is a subvertical NW-SE striking, dextral shear zone, which deformed quart-

zofeldspathic migmatitic orthogneisses during retrograde mid-crustal conditions at 270-

420 MPa and 450-480◦C (Diener et al., 2016), 40 Ma after peak granulite facies meta-

morphism at 550 MPa and 825◦C, c. 1065-1045 Ma (Diener et al., 2013). In the study

area, the KMZ is manifested as an approximately 1-2 km wide zone of heterogeneously

distributed strain, separating the Tsirub Gneiss in the NE from the biotite gneiss in

the SW (Figure 2.1; Rennie et al., 2013). A large leucogranite body (∼ 2000 m long,

< 200 m wide) is located between the biotite gneiss and Tsirub gneiss, with its long

axis aligned parallel to the shear zone margins.

As a large proportion of the strain is localized around the central leucogranite body,

three areas around it were chosen for more detailed study, one at the nortwestern tip
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Figure 2.1: Geological map of the Kuckaus Mylonite Zone (KMZ) with locations of studied

outcrops. BG= Biotite Gneiss; LG= Leucogranite; TG= Tsirub Gneiss. Shading explained

in Figure 2.2. For the wider geological setting, see Figure 1.11.

and two on either side (Figures 2.1 and 2.2). A fourth location was chosen within the

biotite gneiss, where strain is heterogeneously distributed around low strain lozenges

into anastomosing, thin (10s of cm wide) ultramylonite zones, within broader mylonites

(Figures 2.1 and 2.3). From west to east, the four areas chosen for more detailed study

were assigned letters A-D. Area A covers the NW tip of the central leucogranite body.

Areas B and C are located on either side of the central leucogranite body, with B

transitioning into the biotite gneiss and C into the Tsirub Gneiss (Figure 2.1). Area D

is located within the biotite gneiss, where multiple low strain lozenges are surrounded by

anastomosing high strain zones. In this study, the word metasomatised is used for rocks

that have experienced any degree of mineralogical and chemical changes facilitated by

fluids. This, however, holds true for most mylonites in the shear zone and is observed

in thin section, for example as breakdown of feldspar to muscovite in nearly all rock

samples. We therefore reserve the word, altered, for rocks with an unusually high

degree of chemical change compared to its surrounding rocks, visible on the mesoscale

(Figure 2.4a and 2.4d).

45



Chapter 2: Sources and effects of fluids in continental retrograde shear zones:
Insights from the Kuckaus Mylonite Zone, Namibia

Figure 2.2: Maps of the studied areas (A-C) within the KMZ (see Figure 2.1). Maps include

locations of sampled rocks and their δ18O values. Rock descriptions and GPS locations can

be found in Table 2.1.
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Table 2.1: Sample list.

Whole rock oxygen isotope compositions

CKMZ Area δ18O (‰) Protolith Description Latitude (S), Longitude (E)
2 A 9.8 Tsirub Gneiss Migmatitic 026°48'05.8", 015°57'21.0"
3 A 9.6 Tsirub Gneiss Protomylonite 026°48'06.6", 015°57'20.3"
4 A 8.9 Tsirub Gneiss Ultramylonite 026°48'07.1", 015°57'20.2"
5 A 8.3 Leucogranite Bittle deformation 026°48'06.9", 015°57'19.3"
7 A 5.4 Leucogranite Bittle deformation 026°48'07.0", 015°57'19.1"
8 A 8.4 Leucogranite Strained 7 026°48'06.4", 015°57'17.7"
9 A 9.0 biotite gneiss Protomylonite (green) 026°48'06.7", 015°57'17.7"
10 A 10.0 biotite gneiss Ultramylonite 026°48'06.7", 015°57'17.9"
11 A 8.8 biotite gneiss Protomylonite (pink) 026°48'07.0", 015°57'18.3"
12 A 9.0 biotite gneiss Migmatitic 026°48'06.9", 015°57'16.4"
39 B 9.3 biotite gneiss Protomylonite 026°48'29.4", 015°57'48.1"
40 B 8.2 biotite gneiss Mylonite 026°48'29.7", 015°57'48.9"
41 B 8.8 biotite gneiss Ultramylonite 026°48'28.5", 015°57'48.7"
42 B 9.3 Leucogranite Ultramylonite 026°48'28.4", 015°57'48.7"
43 B 8.5 Leucogranite Mylonite 026°48'28.6", 015°57'49.0"
44 B 10.6 Leucogranite Protomylonite 026°48'28.4", 015°57'49.0"
46 B 7.1 biotite gneiss Mylonite (pink) 026°48'29.7", 015°57'50.0"
47 B 11.5 Leucogranite Undeformed 026°48'26.3", 015°57'52.4"
31 C 13.1 Tsirub Gneiss Protomylonite 026°48'32.4", 015°58'04.3"
32 C 11.5 Tsirub Gneiss Mylonite 026°48'32.4", 015°58'04.3"
33 C 11.8 Leucogranite Ultramylonite 026°48'32.4", 015°58'04.3"
34 C 12.1 Leucogranite Mylonite 026°48'32.4", 015°58'04.3"
35 C 12.6 Leucogranite Protomylonite 026°48'32.4", 015°58'04.3"
18 D 8.6 biotite gneiss Migmatitic 026°49'12.4", 015°58'30.0"
19 D 7.7 biotite gneiss Migmatitic 026°49'12.4", 015°58'30.0"
20 D 8.8 biotite gneiss Protomylonite 026°49'12.4", 015°58'30.0"
21 D 9.2 biotite gneiss Protomylonite 026°49'12.5", 015°58'29.9"
22 D 9.3 biotite gneiss Protomylonite 026°49'12.5", 015°58'29.9"
23 D 9.4 biotite gneiss Mylonite (green) 026°49'12.5", 015°58'29.9"
24 D 9.4 biotite gneiss Ultramylonite 026°49'12.5", 015°58'29.9"
25 D 9.5 biotite gneiss Ultramylonite 026°49'12.5", 015°58'29.9"
26 D 9.3 biotite gneiss Ultramylonite 026°49'12.5", 015°58'29.9"
27 D 10.0 biotite gneiss Mylonite 026°49'12.5", 015°58'29.9"
28 D 9.0 biotite gneiss Migmatitic 026°49'12.6", 015°58'29.9"
29 D 9.9 biotite gneiss Protomylonite 026°49'12.6", 015°58'29.9"

Quartz oxygen isotope compositions

CKMZ Area δ18O (‰) Host rock Description Latitude (S), Longitude (E)
6 A -1.2 Leucogranite Quartz vein 026°48'07.2", 015°57'19.1"
13 - 11.6 Leucogranite Quartz vein 026°48'55.5", 015°58'33.9"
38 B 4.2 biotite gneiss Quartz vein 026°48'29.4", 015°57'48.1"
45 B 8.4 biotite gneiss Quartz vein 026°48'29.7", 015°57'50.0"
36 C 9.8 Tsirub Gneiss Quartz vein 026°48'32.4", 015°58'04.3"
20 D 9.0 biotite gneiss Quartz vein 026°49'12.4", 015°58'30.0"
30 D 10.3 biotite gneiss Quartz vein 026°48'58.9", 015°58'32.3"
48 - 11.2 Tsirub Gneiss Quartz vein 026°48'23.2", 015°57'57.9"
49 D 9.0 biotite gneiss Quartz vein 026°48'23.2", 015°57'57.9"
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2.2.1 Area A

Strain is heterogeneously distributed over a ∼ 140 m wide shear zone, juxtaposing

Tsirub Gneiss to the NE and biotite gneiss to the SW (Figure 2.2). The gneissose

fabric of the Tsirub Gneiss dips steeply (> 80◦ SW) whereas the migmatitic fabric

of the biotite gneiss is more irregular, in places tightly folded with subvertical limbs

and subhorizontal hinge lines. The mylonitic fabric dips predominantly > 80◦ SW,

however, local variations range between 75◦ SW and 75◦ NE. The lineation is plunging

gently (< 10◦) to the SE. The features described here are continuous along strike, at

the scale of the exposure, if not otherwise stated.

The transition from wall rock to protomylonite and further to mylonite is gradual,

over a distance of ∼ 30 m in the biotite gneiss, and on the Tsirub Gneiss side over

∼ 50 m. The transition from mylonite to ultramylonite is a sharper, gradual transition,

occurring over < 10 cm and is defined by a drastic grain size reduction (see Figure 2.4b

for representative example). Apart from the two ultramylonite zones transitioning NE

and SW into Tsirub- and biotite gneiss respectively, a third ultramylonite zone occurs

halfway between the first two, separating two ∼ 30 m wide less deformed domains.

All three ultramylonite zones are 1-2 m wide, but contain lower strain elongate pods

in places, resulting in thinner, anastomosing, 10s of cm wide ultramylonite bands.

The south-westerly domain between the ultramylonites is made up of mylonitic biotite

gneiss, whereas the north-easterly domain comprises rocks of granitic composition and

texture. The former depicts a mylonitic fabric throughout its width, the latter, on

the other hand, is only sheared along its edges, with its central parts displaying a

less orderly nature and coarser grain sizes, with a mixture of brittle tensile and shear

fractures, a weak ductile overprint and minor ductile shear zones.

All three ultramylonite zones are bordered by altered zones (Figure 2.2), the two

more south-westerly ones more so than the north-easterly one, defined by a clear in-

crease in medium to coarse grained chlorite and epidote or K-feldspar, resulting in

different shades of green and pink (see Figure 2.4a and 2.4d for representative ex-

amples). These altered zones, located at or near the highest strain gradients in the

shear zone, exhibit a similarly oriented but less developed mylonitic fabric than the
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surrounding mylonites, however, in the same orientations. The altered zones are elon-

gate parallel to the general strike of the shear zone, with ellipsoidal pods ranging in

along-strike length from a few m up to ∼ 100 m. The pervasiveness and thickness of

the alteration varies from altered zone to the next and within individual ones, with

some pods up to a few m wide (Figure 2.2).

2.2.2 Area B

Area B covers an area with the central leucogranite body to the NE and biotite gneiss to

the SW (Figure 2.2). Here, the dip of the mylonitic fabric increases progressively from

80◦ in the SW to vertical in the NE with a subhorizontal lineation plunging gently

(< 10◦) to the SE. The overall strain distribution shows the highest strained rocks

closest to the boundary between the two lithologies. But whereas only the outermost

∼ 15 m of the leucogranite is mylonitized, the biotite gneiss is more widely affected by

shearing, with the unsheared wall rock occurring outside the mapped area.

The lowest strained biotite gneiss in area B are thereby protomylonites, grading into

mylonites over a few m approximately 35 m SE of the boundary between biotite gneiss

and the leucogranite. The mylonite zone tapers slightly towards the SE. The transition

to ultramylonite occurs ∼ 15 m SW of the boundary between the biotite gneiss and the

leucogranite. The ultramylonite is dark brown in colour with an extremely fine grain

size. Lower strain elongate lozenges are scattered within the ultramylonite, they do

not, however, crosscut the mylonitic fabric. At the mylonite to ultramylonite transition,

these lozenges are up to ∼ 8 m long and a few m wide (Figure 2.2). With decreasing

distance to the biotite gneiss to leucogranite boundary, the aspect ratio of the lozenges

becomes higher and the long axes become more constantly parallel to the mylonitic

fabric. The boundary between the biotite gneiss and leucogranite is marked by a

distinct shift in colour to a paler brown and further to a more pink colour. In only a few

m, the grain size increases with the transition to mylonite and further to protomylonite

∼ 10 m from the boundary. Approximately 15 m from the boundary to the biotite

gneiss the leucogranite displays a background phaneritic texture.

The 5 m closest to the boundary on the NE (leucogranite) side depicts a clear re-

49



Chapter 2: Sources and effects of fluids in continental retrograde shear zones:
Insights from the Kuckaus Mylonite Zone, Namibia

duction in quartz content and the feldspar appears more fractured compared to further

away from the local high strain core. The lozenges on the SW (biotite gneiss) side of

the transition on the other hand are altered similarly to the altered zones in area A,

with a coarser grain size than the ultramylonite that host them and consist of either

a mixture of quartz and K-feldspar or chlorite and epidote. The mylonitic fabric in

these lozenges are, like in area A, less developed than in the surrounding mylonites.

The biotite gneiss mylonites are distinctly richer in K-feldspar than the biotite gneiss

protomylonite and host scattered veins. The veins display a massive texture of either

quartz, K-feldspar, or a mixture of the two, and are up to 10 cm in thickness. They

dip steeply (> 75◦) both to the SW and NE, and whereas some were found parallel to

the mylonitic fabric, most crosscut it to follow a slightly more N-S strike. The veins

are mainly parallel with each other, however, some mutually crosscutting relationships

were also observed.

2.2.3 Area C

On the northeastern side of the central leucogranite body the strain is, similar to in

area B, localized against the leucogranite body and manifested as a steeply dipping

foliation (> 70◦). Contrary to area B, here the local high strain zone constitutes the

boundary between the leucogranite and the Tsirub Gneiss and is dipping to the NE. The

lineation is again plunging gently (< 10◦) to the SE. The high strain zone has irregular

boundaries but is approximately 8 m wide, with up to 50 cm thick ultramylonite at its

core (Figure 2.2). The transition from ultramylonite to mylonite, defined by a grain size

reduction, occurs sharper than in the previous areas, over a few cm. The transitions

from mylonite to protomylonite and further into wall rock occurs progressively over

∼ 5 m on both sides. Area C does not contain altered zones.

2.2.4 Area D

Area D covers an area in the biotite gneiss where the strain is heterogeneously dis-

tributed with high strain zones separating lozenges of migmatitic biotite gneiss (Figure

2.3). The short axes of the lozenges are up to 75 m, with the long axes mostly stretching
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across the entire mapped area (∼ 250 m) in a NW-SE direction, with a few pinching

out within it. The orientation of the mylonitic fabric in the high strain zones is more

varied than in the previously described areas, ranging from > 60◦ SW to > 75◦ NE,

however, the strike is fairly constant, NW-SE. The lineation is plunging steeper than in

previous areas, however, still gently at < 20◦. The leucosome and melanosome layers

(mm to < 5 cm thick) making up the migmatitic fabric in the lozenges are tightly

folded, parasitic to larger, tight to open folds with amplitudes of 10s of m. The hinge

line of these folds are, similarly to the lineation, plunging gently (< 20◦) to the SE.

Area D additionally contains a few scattered locations where brittle deformation occurs

over elongate domains up to a few m in length, parallel to strike, and tens of cm wide.

These domains are overprinted by ductile deformation.

The anastomosing high strain zones are predominantly continuous along strike and

vary in thickness from 10s of cm to ∼ 50 m. They occur predominantly where fold

limbs, of the larger amplitude folds, are oriented subparallel to the general orientation

of the local shear zone boundaries (Figure 2.3). Preferential reshearing of the parasitic

fold limbs is also apparent at outcrop scale (Figure 2.4c). The relative thicknesses of

protomylonite, mylonite and ultramylonite in these zones vary along strike and from

one high strain zone to the next, however, even the thinnest ∼ 10 cm high strain zones

commonly comprise ultramylonite at their cores, resulting in sharp transitions from

migmatitic wallrock to ultramylonite. The transitions are, like in the previous areas,

defined by a grain size reduction with gradual boundaries.

Area D also contains zones of alteration, which are similar in nature to the ones in

areas A and B, pink or green in colour, comprising higher concentrations of K-feldspar

or chlorite and epidote with a coarser grain size than the surrounding mylonites. These

zones are elongated parallel to the mylonitic fabric, have irregular thicknesses from 10

cm to 10 m and range in length from a few m to continuous over the mapped area.

They are all located within the local high strain zones, mostly associated with the

highest strain gradients adjacent to the ultramylonites (Figure 2.4a).

The sampled high strain zone is representative of the high strain zones in area D.

It strikes NW-SE with a dip of ∼ 60 ◦ SW and contains a ∼ 10 cm thick ultramylonite

core, continuous over the mapped area, which gradually transitions to mylonite over
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Figure 2.3: Map of area D, including sampled transect (A-B) with sample locations and δ18O

values and schematic cross-section (C-D). Key is the same as in Figure 2.2. Rock descriptions

and GPS locations can be found in Table 2.1.
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2.2. Outcrop descriptions

Figure 2.4: Outcrop pictures of: a) the core region of the sampled high strain zone in area

D, including a representative altered (green) zone, enriched in chlorite and epidote; b) grad-

ual but sharp transition from mylonite to ultramylonite; c) reshearing of fold limbs in the

migmatitic biotite gneiss in area D; d) representative altered (pink) sample, enriched in

feldspar; e)representative synkinematic quartz vein.

53



Chapter 2: Sources and effects of fluids in continental retrograde shear zones:
Insights from the Kuckaus Mylonite Zone, Namibia

a few cm (Figure 2.4b). The ultramylonitic core is bordered on either side by a ∼ 5

m thick, gradual, mylonite to protomylonite transition zone, followed by a gradation

to a background unsheared migmatitic fabric over the next few m. A 1 m wide area

of the mylonite on the northern side of the ultramylonite is altered to an increased

concentration of chlorite. The altered zone, clearly distinguishable from the wider

mylonites by its green colour and coarser grain size (Figure 2.4a), follows the boundary

of the ultramylonite.

2.3 Microstructures

In the KMZ, as described above, strain is heterogeneously distributed from km scale

down to < m scale. Diener et al. (2016) suggested strain localization in the KMZ was

achieved by growth of weak retrograde mineral phases as well as grain size reduction,

both facilitated by a fluid presence. However, whereas the altered zones are associated

with the local high strain zones, the ultramylonites are not visibly altered. On the out-

crop scale, it seems like the degree of alteration does not correlate with strain intensity,

but rather with strain gradients, more specifically the narrow transitions from mylonite

to ultramylonite (Figure 2.4b). Therefore, to allow a more comprehensive study of the

controls on strain localization, effects of fluids, and the deformation mechanisms that

were active in the KMZ, bulk rock samples were collected from all four areas. Samples

were collected along transects, roughly perpendicular to strike, whenever changes in

lithology or strain intensity occurred, causing the spacing between samples to vary

(Figures 2.2 and 2.3). This approach inevitably leads to a sampling bias with higher

strained rocks being overrepresented, however, it provides the best opportunity to com-

pare the results between the different lithologies and with increasing strain. Oriented

thin sections were prepared in the Department of Geological Sciences at University

of Cape Town, cut perpendicular to foliation and parallel to stretching lineation. As

there were clear trends across the four areas and in order to avoid repetition, the fol-

lowing microstructural observations are of representative samples of low strain and

medium-high strain rocks.
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2.3.1 Wall rocks and protomylonites

In the low strain rocks there are similarities across all protoliths. The rocks con-

tain feldspar, quartz, biotite, muscovite, chlorite, amphibole and accessory minerals

including apatite, rutile, titanite, and zircon. Feldspar porphyroclasts range in size

up to 4 mm in all low strain examples except for the Tsirub Gneiss, where the grain

size is < 2 mm. Many feldspar porphyroclasts are fractured, some of which display

shear displacement, in for example bookshelf type microstructures (Figure 2.5a). Most

porphyroclasts are sub-rounded, however angular and rounded porphyroclasts are also

present (Figure 2.5a-d). Furthermore, the porphyroclasts display extensive microcrack-

ing, deformation twinning and patchy undulose extinction (Figure 2.5a-d). Feldspar

is also present as neoblasts < 20 µm, between fractures and in stress shadows (Figure

2.5a-d). Quartz is present in discontinuous ribbons which range in thickness from a few

grains wide to ∼ 1 mm. Quartz grain size ranges from ∼ 10 µm where pinched between

feldspar porphyroclasts to ∼ 200 µm where the ribbons are thicker. The ribbon quartz

display a strong CPO (Chapter 3). Quartz is also found filling fractures in feldspar

porphyroclasts and as neoblasts in their stress shadows (Figure 2.5a,c). Phyllosilicates

are mostly fine-grained (< 50 µm), aligned parallel to foliation where not obstructed by

feldspar porphyroclasts, and much like quartz, phyllosilicates are found filling feldspar

porphyroclast fractures and in their stress shadows. The neoblasts in the porphyroclast

stress shadows all show low degrees of internal strain (Chapter 3). Sericite flakes also

occur within the metasomatised plagioclase grains. Some phyllosilicates are however

found in larger grain sizes (1 mm), namely chlorite, which is also one of the major

differences between the separate protoliths. Chlorite is found in highest amounts in

the biotite gneiss, followed by the Tsirub gneiss and is absent in the leucogranite. In

the biotite gneiss chlorite is found enveloping feldspar porphyroclasts and stretched out

from their stress shadows, forming in places thicker ∼ 1 mm bands (Figure 2.5a,c). In

the Tsirub gneiss chlorite is found with other fine-grained (< 30 µm) phyllosilicates in

thinner (< 100 µm) seams, parallel to the foliation.
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Figure 2.5: Representative photomicrographs of protomylonites from the KMZ. Feldspar

porphyroclasts contain both tensile and shear fractures and plagioclase is heavily sericitized.

Quartz is found in discontinuous ribbons with a range of grain sizes (∼ 10 - 200 µm), defining

the mylonitic foliation in conjunction with the phyllosilicates. a) Sample 29, biotite gneiss,

from area D. b) Sample 2, Tsirub Gneiss, from Area A. c) Sample 12, biotite gneiss, from

area A. d) Sample 35, leucogranite, from area C. White bars = 1mm.
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2.3.2 Mylonites and ultramylonites

The mineralogy is largely the same in the higher strain rocks compared to the low

strain rocks. There is a slight increase in phyllosilicate content, mostly muscovite, in

the mylonites compared to the protomylonites, but such increase is not seen in the

ultramylonites compared to the mylonites (Chapter 3). In the mylonites the feldspar

porphyroclasts are smaller (< 1 mm) and rounder compared to the protomylonites

(Figure 2.6a-c), however, the other microstructural observations still apply. The pro-

portion of K-feldspar to plagioclase is higher than in the protomylonites, as is the

proportion of neoblasts to porphyroclasts. The quartz ribbons are thinner, compared

to the protomylonites, here, only a few grains wide at their thickest (Figure 2.6).

Whereas the quartz ribbons of the mylonites display a CPO, most of the quartz in the

ultramylonites is dispersed in the fine-grained matrix and lacks a CPO (Chapter 3).

The phyllosilicates are fine-grained (< 30 µm) and dispersed within the matrix. In the

mylonites, the phyllosilicates are arranged into interconnected networks, a few grains

thick, with their basal plane aligned subparallel to foliation and long axis subparallel to

the lineation direction (Figure 2.7a). These networks of interconnected phyllosilicates

are not present in the ultrmylonites, where although present and oriented the same,

they are not connected (Figure 2.7b). The ultramylonites consist nearly completely

of a fine-grained (< 20 µm), distributed mixture of all constituent phases of the rock,

with fine grains of mostly feldspars and quartz (< 5 µm) present in many triple junc-

tions (Chapter 3). K-feldspar porphyroclasts, < 1 mm in size and well rounded, are

nonetheless still present in a few ultramylonites (Figure 2.6). The feldspar in the ultra-

mylonites display a random CPO and misorientation angle distribution plots show a

trend close to the theoretical curve of random distribution (Chapter 3). Furthermore,

energy-dispersive spectroscopy maps show a uniform distribution of phases, with simi-

lar low internal strain values as in the neoblast mixture in the protomylonite (Chapter

3).
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Figure 2.6: Photomicrographs of high strain rocks from the KMZ. a-c) Representative my-

lonites with feldspar porphyroclasts containing tensile and shear fractures, quartz ribbons,

and a fine-grained matrix. d-f) Representative ultramylonites, dominated by fine-grained

mixtures of all constituent phases of the rock, with a few relict feldspar porphyroclasts. a)

Sample 31, Tsirub Gneiss, from area C. b) Sample 25, biotite gneiss, from area D. c) Sample

34, leucogranite, from area C. d) Sample 32, Tsirub Gneiss, from area C. E) Sample 10,

biotite gneiss, from area A. F) Sample 42, leucogranite, from area B. White bars = 1mm.
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Figure 2.7: Scanning electron microscope backscatter electron images of: a) layers of in-

terconnected phyllosilicate networks in a mylonite, and; b) a representative ultramylonite

depicting all constituent phases of the rock in a well mixed, fine grained mixture. Quartz and

albite are dark grey, K-feldspar is light grey, and phyllosilicates are light grey and lamellar

shape. White bars = 20µm.
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2.4 Geochemical methods

The previous sections show that metasomatism is recorded in the KMZ both in outcrop

and on the microscale. Altered zones, enriched in K-feldspar or chlorite and/or epidote,

are identified at the outcrop scale predominantly adjacent to ultramylonite cores of local

shear zones (Figures 2.2, 2.3 and 2.4). A more widespread metasomatism including

plagioclase breakdown and growth of muscovite, feldspars and quartz, can be observed

in thin sections (Figures 2.5 and 2.6). This type of metasomatism is still localized

and increases in abundance from the protomylonites to the mylonites, and further to

the ultramylonites. These observed patterns of metasomatism require an increase in

water content from proto- to ultramylonites, the source and effect of which will be

investigated further with the help of geochemical methods.

The rock samples collected are therefore also used to measure oxygen isotope ratios

as well as bulk whole-rock major, minor and trace element concentrations using X-ray

fluorescence (XRF). The oxygen isotope ratios can provide an indication of what the

fluid source may have been during deformation. The major and trace element data

will allow an estimation of both chemical changes across the high strain zones as well

as the resulting mass changes. The patterns that emerge from these analyses also

allow for qualitative estimates about fluid/rock ratios. Quartz veins were also sampled

for isotopic analysis from within and outside the four areas described above. The

quartz veins chosen were parallel to foliation, ductilely deformed, slightly boudinaged

and/or exhibited a similar mineral lineation to the surrounding rocks, and are therefore

interpreted as syntectonic (Figure 2.4e). All samples were crushed with a Sturtevant

laboratory jaw-crusher and, apart from the quartz samples, further powdered with a

tungsten carbide mill. The geochemical analyses on the powders and quartz chips were

conducted at Cape Town University.

2.4.1 Oxygen isotopes

Isotopes are variations of the same element with different numbers of neutrons in its

nuclide. Most elements have two or more naturally occurring isotopes which can be

either stable or radioactive. Strictly speaking, any nuclide could undergo spontaneous
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radioactive decay, however, the probability of this happening for the so-called stable

isotopes is negligible. Because isotopes have different amounts of neutrons in their

nuclide, their mass is different. This leads to variations in their bond strengths to other

elements. When physical or chemical reactions occur, these different bond strengths

causes fractionation of the isotopes between coexisting phases. This is what stable

isotope geochemistry is based on. Isotopic ratios for the light stable isotopes are written

as the ratio of the heavy (rare) isotope to the light (more abundant). Because relative

abundances can be determined far more precisely than absolute isotopic ratios, the

deviation of the isotopic ratio of any given sample from that of the isotopic ratio of

a well known standard is typically calculated. O-isotope data are presented in delta

notation as given by:

δ =

(
Rx −Rstd

Rstd

)
× 1000, (2.1)

where R is the ratio of 18O/16O, x represents the sample, and std stands for standard.

Oxygen isotope compositions are often calculated against Standard Mean Ocean Water

(SMOW) and reported using the symbol δ18O. The delta notation is widely used in the

earth sciences, for example to trace the origin of rocks and fluids, as large reservoirs

like the oceans, the mantle and metamorphic rocks all have distinct δ18O signatures.

The oxygen isotope analyses of quartz and whole-rock samples were performed at

the University of Cape Town (South Africa) using both laser and conventional fluorina-

tion. The laser fluorination follows the method of Harris and Vogeli (2010), where 2-3

mg clean quartz chips were reacted with BrF5 and collected as O2. For the conventional

fluorination, analyses were made using externally-heated Ni bombs, employing ClF3 as

reagent at 550◦C, and converting the liberated O2 to CO2. Raw data were converted

to δ-notation relative to standard mean ocean water (SMOW) based on internal gar-

net (MON GT; δ18O = 5.38h) and quartz (MQ; δ18O = 10.1h) standards, for data

obtained by the laser and conventional fluorination methods respectively. Duplicates

of the standards were run with each batch to monitor analytical precision, with the

long-term variability suggesting 2σ errors of 0.15h (MON GT) and 0.16h (MQ).
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2.4.2 XRF

Bulk rock major, minor and trace element compositions were measured on a Pana-

lytical Axios wavelength-dispersive XRF spectrometer housed in the Department of

Geological Sciences at the University of Cape Town. Samples were heated to 110◦C

overnight, for at least 8 hours, to dry. The powders were weighed before and after this

drying process to record loss of absorbed water (H2O-). After this, the samples were

heated in a ceramic crucible and held at a temperature of 850◦C for at least 4 hours,

before cooling and weighing again to record Loss On Ignition (LOI). The samples were

subsequently fused with a lithium borate flux to produce fused discs on which major

element compositions were measured, and pressed powder briquettes from which trace

element data were recorded.

2.5 Geochemical results with additional calculations

The chemical composition of the Tsirub Gneiss, biotite gneiss and leucogranite in-

dicates they are granitic in composition (Table 2.2). Even though the ranges above

exclude altered samples, there are still significant variations in elemental concentra-

tions. These variations are likely found in variably deformed samples. To test this,

and to better visualise these variations, the graphical isocon method presented by Grant

(1986) is used. Tables of the compositions of all rocks are provided in the appendices

(Tables B.1 - B.4).

Isocon method

The isocon diagram (Grant, 1986) allows for a qualitative visualisation of changes in

element concentrations and mass changes between two samples. With the premise

that fluid flow is channelized in shear zones, it was used separately for all transects

to compare the whole-rock XRF data for each sample within and around the high

strain zones against the least deformed samples of the same protolith. Once the chosen

samples are plotted against each other in a diagram, a line is plotted from the origin

through a chosen immobile element, the slope of which gives the inferred mass change
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Table 2.2: Compositional ranges for biotite gneiss, Tsirub Gneiss and the leucogranite.

biotite gneiss Tsirub Gneiss Leucogranite

SiO2 61.98 - 71.50 66.36 - 74.38 70.52 - 79.80

TiO2 0.13 - 0.89 0.13 - 0.20 0.13 - 0.30

Al2O3 13.80 - 15.22 13.53 - 15.03 9.12 - 14.18

Fe2O3 1.73 - 7.79 1.31 - 4.15 1.22 - 2.56

MnO 0.01 - 0.12 0.02 - 0.07 0.02 - 0.03

MgO 0.34 - 3.18 0.25 - 1.11 0.13 - 0.45

CaO 0.14 - 4.52 0.45 - 1.51 0.10 - 0.50

Na2O 2.44 - 4.66 2.58 - 3.37 0.25 - 3.47

K2O 3.14 - 6.51 4.29 - 6.19 4.61 - 6.79

P2O5 0.07 - 0.22 0.07 - 0.28 0.04 - 0.18

SO3 0.00 - 0.01 0.00 - 0.01 0.00 - 0.01

Cr2O3 0.00 - 0.03 0.00 - 0.02 0.00

NiO 0.01 0.01 - 0.02 0.01

H2O
- 0.07 - 0.19 0.18 - 0.31 0.06 - 0.17

LOI 0.73 - 1.38 0.62 - 1.79 0.66 - 1.40

Total 98.90 - 99.46 98.95 - 99.67 98.89 - 99.56

of the deformed sample compared to the protolith. We assumed the immobility of

aluminium, as it has previously been shown to be immobile during deformation of

granitoids at similar conditions (see table 3 in Condie and Sinha, 1996; Streit and Cox,

1998; Rolland et al., 2003). A 1:1 relationship means no mass change, if the gradient

is lower than that, the deformed sample has experienced mass gain compared to the

protolith, and conversely a mass loss if the gradient is higher. The elements plotting

above the 1:1 line have increased in weight % in the deformed sample compared to the

protolith, whereas the ones plotting below the line have decreased. Scaling factors are

used to disperse the elements over the graph for easier qualitative evaluation of relative

changes.

For quantitative results, calculations were made using the same XRF data as used

for the plotting of the graphs and Spruzeniece and Piazolo (2015) equations, based on

Gresens (1967) original ones. To estimate the changes in concentration of major, minor,

and trace elements between the protolith and the metasomatised sample, equation (2)

was used, where ∆M is the mass change in percent and C is concentration. The total

mass change (in %) between the two analysed samples can be estimated using equation
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(3), where S is the slope of the isocon (S = (Cmetasomatised
immobile /Cprotolith

immobile)).

∆Mmobile =

((
Cprotolith
immobile

Cmetasomatised
immobile

)(
Cmetasomatised
mobile

Cprotolith
mobile

)
− 1

)
× 100, (2.2)

∆Mtotal =

((
1

S

)
− 1

)
× 100. (2.3)

Element mobility with inferred mass changes (%)

Here we compare eight samples of highly strained rocks from all four areas to their wall

rocks, with the aid of isocon diagrams (Figure 2.8), to assess their chemical changes.

We also evaluate two altered samples, one pink and one green, representative of the

K-feldspar and epidote/chlorite alteration in the KMZ respectively. Tables of changes

in element concentration and mass for all rocks can be found in the appendices (Tables

C.1 - C.4).

Area A: The two ultramylonites (CKMZ 4 and 10; Figure 2.2) on the edges of the

shear zone in area A were chosen for this evaluation, as their protoliths (CKMZ 2 and

12; Figure 2.2) are more unambiguous compared to the central, third, ultramylonite.

On the biotite gneiss side (Figure 2.8), the element mass changes vary from -88% (MgO)

to +120% (K2O). Relatively large losses (51 - 88%) are also seen in TiO2, Fe2O3, MnO,

and CaO. Apart from K2O, the only other gain was experienced by SiO2 (21%). The

changes are much smaller on the Tsirub Gneiss side (Figure A.1), with a range from

-58% (CaO) to +8% (Na2O). The ultramylonites experienced a relative loss of most

elements, apart from negligible gains in SiO2 and TiO2.

Area B: The rock with the least amount of strain on the biotite gneiss side in area

B, a protomylonite (CKMZ 39), exhibited anomalous aluminium concentrations. For

this reason, the wall rock from area A, an along-strike equivalent (CKMZ 12), was used

in relative mass loss calculations for the biotite gneiss mylonites in area B (Figure 2.2).

The biotite gneiss ultramylonite (CKMZ 41; Figure 2.2) has experienced gains of SiO2

(24%), Na2O (17%) and K2O (75%; Figure A.1). The losses, of all other elements,

range from 21% in NiO to 97% in CaO. On the leucogranite side (Figure 2.8), the
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Figure 2.8: Part of the isocons described in the text showing changes in element concentra-

tions and mass changes between two samples. Rock descriptions can be found in Table 2.1

and the remaining isocons can be found in Figure A.1.
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ultramylonite (CKMZ 42; Figure 2.2) has experienced gains of 789% in Na2O, but a

loss of < 84% of other major elements.

Area C: As the local high strain zone in area C is relatively narrow, only 5 samples

were collected, one of which was an ultramylonite (CKMZ 33; Figure 2.2). To be more

confident that the changes outlined here are relative to the correct protolith, we look

at the mylonites on either side of the central ultramylonite. On the leucogranite side

(Figure A.1), notable changes occurred in MgO (+173%) and CaO (+174%) with the

rest having experienced changes of only ± < 18%. The mylonite on the Tsirub Gneiss

side exhibit lower changes (< 87%), with gains of SiO2, Na2O, and K2O, and losses of

TiO2, Fe2O3, MnO, MgO, CaO, P2O5 and NiO (Figure 2.8).

Area D: In area D, all samples have the same protolith (Figure 2.3). Calculations

were nevertheless still made using the least deformed samples, migmatitic biotite gneiss

(CKMZ 18 and 28), from either end of the transect. Here we look at one ultramylonite

sample (CKMZ 25) calculated against the protolith to the south, due to its closer

proximity, and a protomylonite (CKMZ 22) just north of the altered zone, against the

biotite gneiss north of the local high strain zone. The ultramylonite experienced rela-

tively minor changes (< 47%), with gains of SiO2, Na2O, K2O and NiO as well as losses

of TiO2, Fe2O3, MnO, MgO, CaO and P2O5 (Figure A.1). The protomylonite, similar-

ily, underwent small relative gains (< 10%) of SiO2, Na2O and K2O, but experienced

moderately larger losses (< 90%) of the other elements (Figure A.1).

Altered samples: To analyse altered samples, one green (area D; CKMZ 23; Figure

2.3) and one pink (area A; CKMZ 11; Figure 2.2) sample was chosen. The green sample

had experienced gains (< 32%) of TiO2, Fe2O3, MgO, CaO, Na2O and P2O5, as well

as losses (< 52%) of SiO2, MnO, K2O (Figure A.1). The pink sample on the other

hand experienced notable gains of K2O (154%) and moderately high losses (80 - 96%)

of TiO2, Fe2O3, MnO, MgO, CaO and P2O5 (Figure 2.8j).

Overall trend: Some of the scatter may be explained by sample heterogeneity and/or

analytical error, however, overall trends still emerge. The most obvious patterns across
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the KMZ is the loss of Fe2O3, MgO, CaO, and gain of SiO2, K2O, Na2O, in ultramy-

lonites relative to their protoliths (Table 2.3). This trend is especially consistent in

high strain rocks with biotite gneiss or Tsirub Gneiss as wall rock. The two samples

compared against the leucogranite do not only stray from this trend, but also have the

highest measured variations in major element concentrations across the entire KMZ.

Table 2.3: The overall trend of changes in element concentrations (%) in shear zones relative

to their protoliths, across the KMZ, is loss of Fe2O3, MgO and CaO and gains of SiO2, K2O

and Na2O.

Area A A B B C C D D A(x) D(x)
Sample 4 10 41 42 32 34 22 25 11 23
Rocktype TG BG BG LG TG LG BG BG BG BG

SiO2 1.3 21.0 24.0 -41.8 19.9 -9.4 10.3 11.8 26.5 -6.8

TiO2 0.2 -51.0 -59.2 -39.7 -29.1 -5.3 -35.5 -35.2 -80.2 7.8

Al2O3

Fe2O3 -6.7 -59.4 -70.6 -42.9 -27.8 -18.3 -28.5 -17.5 -86.7 18.2

MnO -34.5 -84.4 -92.3 -70.6 -29.2 5.8 -23.5 -22.2 -92.8 -1.4
MgO -13.5 -88.3 -88.6 -28.7 -37.0 173.3 -21.0 -44.0 -93.5 31.9
CaO -57.6 -80.0 -96.8 -54.7 -67.0 174.0 -19.3 -46.9 -96.1 10.3

Na2O 8.1 -7.9 16.5 788.8 30.6 8.7 0.2 9.3 -15.0 6.9

K2O -11.8 119.6 74.6 -39.5 13.3 -16.6 0.1 37.1 153.6 -35.5

P2O5 -56.9 -42.4 -63.4 -82.2 -72.2 -17.2 -34.7 -27.7 -82.5 11.2

NiO -46.3 -7.1 -21.0 -35.3 -41.3 -6.0 -30.6 6.7 343.5 -19.4
TG = Tsirub Gneiss, BG = biotite gneiss, LG = Leucogranite, (x) = Altered

Loss Gain

Total mass change

Whereas the changes in some of the individual elements are significant, the same can

not be said about the relatively low range of mass changes in the KMZ (-39% to +11%),

with an almost negligible average of -4.5% (Figure 2.9, Tables C.1 - C.4). Most mass

changes greater than ±10% are found within 5 m of the local high strain zone cores.

The majority of samples > 5 m away from the high strain zones show only minor

(< 5%) mass changes, with a few exceptions of both losses and gains. This correlates

with the observations of higher degrees of metasomatic alteration near the cores of the

local high strain zones.

In area A, the mass changes are < 7% except for within and immediately adjacent
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Figure 2.9: Mass changes (a) and δ18O values (b) against distance from local high strain

zones. The largest mass change occurs closer to the high strain zones. Proximity to the local

high strain zones does not seem to affect the δ18O value.
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to the domain of granitic composition and texture, where some of the biggest losses in

the KMZ are found (Figure 2.10). The highest mass loss (39%) was calculated for a

sample obtained from an area of the granitic domain with a brittle overprint. Similar

mass losses are found in area B (Figure 2.10), where all three mylonitized samples

of the leucogranite show mass losses in excess of 20%. Because of anomalous XRF

results for the biotite gneiss wall rock in area B, calculations for the deformed samples

were made against the wall rock in area A. The results showed no significant mass

changes, much like the biotite gneiss side in area A. In areas C and D, the mass changes

are within ±10%, with the greatest changes close to the more highly metasomatised

ultramylonites (Figures 2.10). Even though the altered samples display significant

changes in concentration of individual elements across the KMZ, their overall mass

changes do not differ by more than ∼ 10% compared to the adjacent unaltered rock

samples (Tables C.1 - C.4).

2.5.1 Oxygen isotope compositions

The average mass change of -4.5% between deformed rocks and their protoliths in the

KMZ is negligible, and even the maximum individual sample mass change of -39% is an

order of magnitude lower than the volume gain of 240% reported by Spruzeniece and

Piazolo (2015) for rocks from a brittle-ductile shear zone belonging to the Wyangala

shear zone system, within the Wyangala batholith in the Eastern Lachlan Fold belt,

Australia. It is also half of the volume loss (-60%) reported by O’Hara (1988) for

granitic gneisses of the Blue Ridge province, deformed at similar conditions to the KMZ,

along the Rector Branch thrust fault in the southern Appalachians. Nonetheless, mass

changes are indicated by the isocon diagrams and variations in the concentrations of

elements for individual rock samples are in places substantial, especially for the altered

samples (Figures 2.3). There is therefore a need for a synkinematic, localized, fluid

presence, the source of which can be constrained using oxygen isotopic compositions.

We measured both quartz vein and whole-rock δ18O values. Quartz veins are direct

precipitates from fluids and the δ18O value of the fluid at the time of precipitation can

be estimated using the inferred temperature of precipitation. The whole-rock data on

69



Chapter 2: Sources and effects of fluids in continental retrograde shear zones:
Insights from the Kuckaus Mylonite Zone, Namibia

M
a
ss

 c
h
a
n

g
e
 (%
)

δ1
8 O

 (‰
)

0

-10

-20

-30

-40

10

10

8

6

4

2

12

2520151050 30

0

-10

-20

-30

-40

10

10

8

6

4

2

12

1201008060200 140

0

-10

-20

-30

-40

10

10

8

6

4

2

12

14012010040200 160

0

-10

-20

-30

-40

10

10

8

6

4

2

12

743210 8

40

8060

5 6

δ18O (‰)Mass change (%)
Distance across local high strain zone (m)

Area D

Area C

Area B

Area A

Figure 2.10: Mass changes and δ18O values against distance (0= northern end of transect)

across the local high strain zones in areas A-D. The dashed red lines represent the cores of

local high strain zones.
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the other hand allows us to assess changes in δ18O value between samples from within

the shear zones and their wall rocks. Both the quartz and the whole-rock δ18O depend

on the nature of the fluid-rock interaction, with initial fluid δ18O value, the fluid/rock

ratio, and temperature controlling the final δ18O value. The δ18O values of fluids from

different sources are highly variable, in simple terms meteoric water has values < zero,

whereas values from ∼5-10h are typical of either magmatic or metamorphic fluids,

and high values (> 10h) are typical of metamorphic fluids where the protolith has a

high authigenic mineral component (metapelites and meta-carbonates; Figure 2.11).

Metamorphic water

Magmatic water
Meteoric water

Kukaus Mylonite Zone (H2O)

Kuckaus Mylonite Zone (Qtz vein)

Alpine Fault (H2O)

151050-5-10 20

Kuckaus Mylonite Zone (WR)
Alpine Fault (WR)

Sierra Crest Shear Zone (Qtz vein)

I-type granite  S-type granite

𝛿18O (‰)

Wallrock

Measured Qtz vein and 
calculated H2O

Paragneiss (WR)
Orthogneiss (WR)

Figure 2.11: The ranges of δ18O values determined for samples from the KMZ. Whole-rock

values in black and quartz veins in red. Also plotted (in blue) are calculated H2O compositions

for the quartz veins using the fractionation factor of Matsuhisa et al (1979). Also shown are

the ranges of meteoric, metamorphic and magmatic waters, as well as typical I- & S-type

granite, and para- & orthogneiss whole-rock values. The dashed line part of the para &

orthogneiss ranges are inferred to be affected by secondary processes. Sierra Crest Shear

Zone quartz vein (Hartman et al., 2018) and Alpine Fault whole-rock and H2O (Menzies et

al., 2014) ranges are also shown for comparison. References and δ18O values for para- and

orthogneiss ranges are provided in Table D.1.

Quartz vein δ18O

The quartz veins have a range in δ18O values from -1.2 to 11.6h with a mean value of

8.0 ±4.1h (n=8; Figure 2.12; Table 2.1). The large standard deviation is caused by
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two outliers with the low values of -1.2 and 4.2h, with the remaining six out of the

eight samples ranging between 8 and 12h. The qtz vein with a δ18O value of 4.2h

is from the mylonite-hosted veins in area B. The negative quartz δ18O value is from

the middle of area A, on the “granitic” domain side of the boundary to the central

ultramylonite zone (Figure 2.2b). If we assume the quartz vein with a negative δ18O

value precipitated at the typical T of KMZ mylonitic deformation, then this quartz

formed from water with a δ18O value of ∼-4h, as the quartz-water fractionation at

450◦C is ∼3h (Matsuhisa et al., 1979).
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Figure 2.12: Spread of δ18O values for the KMZ.

Whole-rock δ18O

The whole-rock samples have δ18O values which range from 5.4 to 13.1h, with a mean

of 9.5 ±1.5h (n= 35; Figure 2.12; Table 2.1). The two gneisses have mean δ18O

values below and above this average, with biotite gneiss predominantly hosting lower

values (mean= 9.1 ±0.6h) and Tsirub conversely the higher (mean= 10.6 ±1.5h).

Whole-rock δ18O values obtained from the leucogranite are spread over the whole range

(mean= 10.6 ±1.6h). The lowest whole-rock δ18O value of 5.4h is from an altered

72



2.6. Discussion

granitic sample adjacent to the quartz vein in area A with the low quartz δ18O value

of -1.2h (Figure 2.2). Other altered samples also have lower whole-rock δ18O values,

in general, than both high- and low strain rocks, which have a similar distribution to

each other. Both in area C and D the whole-rock δ18O profiles across the sampled high

strain zones are flat (Figure 2.10), and apart from one leucogranite sample containing

fractures, so is the profile for area A (Figure 2.10). In area B, the whole-rock δ18O values

drop by ∼2h going in to the high strain zone from both the low strain leucogranite

and biotite gneiss sides (Figure 2.10). Furthermore, the whole-rock δ18O values do not

show a clear correlation with mass changes across the KMZ (Figure 2.13).
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Figure 2.13: δ18O values plotted against mass change show no correlation.

2.6 Discussion

2.6.1 Fluid sources

The synkinematic quartz veins and metasomatic reaction products observed in the

KMZ require influx of fluids during deformation. However, as the rocks in which the
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KMZ localized had experienced peak granulite facies metamorphic conditions, they

were likely previously dehydrated (Diener et al., 2016). The source/sources for the

required fluids would therefore have been primarily external.

The synkinematic quartz veins are direct precipitates from at least one of these

fluid sources, and can thereby give the δ18O of the fluid at the time of precipitation,

assuming a temperature of precipitation. Excluding two samples, the range in quartz

vein δ18O values (8.4 - 11.6h) in the KMZ is within those expected for both metamor-

phic and magmatic fluid sources (Figure 2.11). On the other hand, as the quartz-water

fractionation factor at 450◦C is ∼3h (Matsuhisa et al., 1979), the two quartz veins

with the lowest δ18O values of -1.2h and 4.2h formed from water with a δ18O of ∼-

4h and 1h respectively. To retain these low values at depth when precipitating into

veins, this initial δ18O of water would have had to have been < -4h unless exchange

along the fluid pathway was minimal. The fluid is therefore unambiguously of meteoric

origin (Figure 2.11; Craig, 1961). Whereas a few quartz veins were obtained from

areas where brittle deformation has a ductile overprint, the sampled quartz veins were

found parallel to foliation with some slightly boudinaged and/or with a mylonitic min-

eral lineation consistent with the strike-slip kinematics of the KMZ. Therefore, as the

foliation formed during ductile deformation, at near-constant T conditions of ∼ 450◦C

(Diener et al., 2016), so did the quartz veins. This implies that the KMZ, while ac-

tively deforming at mid-crustal conditions, was at least transiently connected to a fluid

source at the surface.

Previous studies have proposed various models for how to get surface water down

to and below the frictional-viscous transition, for example: inverted stress gradients

in a compressional regime allowing dehydration fluids to flow up-temperature (Clark

et al., 2006); overthrusting of metamorphosed rocks over unmetamorphosed rocks (Lo-

bato et al., 1983); increased permeability at dilational jogs due to fracturing caused by

hydraulic implosion (Hartman et al., 2018); seismic pumping of fluids down a shallow

decollement (McCaig, 1988); and topographically driven fluid flow (Barker et al., 2000;

Menzies et al., 2014). Of these, however, only the Sierra Crest Shear Zone (SCSZ),

California (Hartman et al., 2018), is relevant in comparison to the KMZ. The others are

reliant on their specific tectonic settings, all different to that of the strike-slip settings
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of both the SCSZ and the KMZ. In the SCSZ, dilational jogs allowed meteoric fluids

to penetrate down to the brittle-ductile transition. The KMZ similarly show signs of

brittle deformation, albeit sparsely. In the KMZ, however, stress changes and asso-

ciated damage related to earthquake propagation from the brittle crust above (Ellis

and Stöckhert, 2004; Jamtveit et al., 2019) seems like a more likely option. Interest-

ingly, recent experiments on calcite gouge have demonstrated how microscale cavitation

can bring about a switch from dislocation and diffusion creep to dilatant deformation

and lead to earthquake ruptures at conditions commonly associated with ductile flow

(Verberne et al., 2017), another potential mechanism for the KMZ. Furthermore, the

dilatancy component inherent in creep cavitation may be sufficient to facilitate fluid

flow in the middle to lower crust (Fusseis et al., 2009; Menegon et al., 2015), without

the need for earthquake ruptures.

The quartz vein δ18O values observed in the KMZ could simply be explained by

fluids of the same O-isotope composition having variable degrees of exchange with

rocks along the fluid pathway or by precipitation at different T. Whereas precipitation

at different T is unlikely given the near-constant T-time profile (Diener et al., 2016),

variable degree of exchange remains viable. Reported veins precipitated from magmatic

(granitic) fluids have a narrow range in δ18O values which covers the observed range of

values from the KMZ (Figure 2.11). As the KMZ hosts syntectonic igneous intrusions, a

fluid contribution from a magmatic (granitic) source seems likely. Metamorphic fluids,

on the other hand, are harder to envisage as the gneisses would have been dehydrated

at peak granulite facies conditions and subsequently lack hydrous minerals. Lateral

fluid migration along strike is, however, still a viable option for metamorphic, as well

as other, fluids. Although metamorphic fluids may have δ18O values much higher

than the highest quartz vein δ18O value observed in the KMZ (11.6h), mixing with

meteoric fluids could explain the potential lowering of any possible metamorphic fluids

with higher starting δ18O values.

The whole-rock δ18O values are consistent with the variable exchange at constant

T hypothesis. The only sample affected by significant exchange with meteoric water

is a highly altered leucogranite whole-rock sample (δ18O= 5.4h) directly adjacent to

the quartz vein with the lowest recorded δ18O (-1.2h). The rest of the leucogranite
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samples have whole-rock δ18O values a few h on either side of the boundary between

I-type and S-type granitoids. The Tsirub Gneiss (mean= 10.6h) has slightly higher

whole-rock δ18O values compared to the biotite gneiss (mean= 9.1h). Both, however,

fall well within the field of primary whole-rock δ18O values previously reported for

orthogneiss (Figure 2.11, Table D.1).

2.6.2 Mineral reactions and mass transfer

The types of metasomatic alteration most prevalent in the KMZ are growth of mus-

covite, chlorite and feldspar. Whereas chlorite growth is restricted to localized areas,

sericitization is seen throughout the shear zone. K-feldspar and plagioclase growth

also occur throughout the shear zone, however, K-feldspar is also found in pervasively

altered localized zones (Figure 2.3 and 2.4d). The breakdown of feldspar and biotite

in the presence of water to form muscovite, neoblasts of feldspar and quartz has been

reported from other mid-crustal granitoid shear zones (Hippertt and Hongn, 1998;

Park et al., 2006; Spruzeniece and Piazolo, 2015) and conforms well with the general

trend observed in the bulk rock geochemistry with gains of SiO2, K2O, Na2O and loss

of Fe2O3, MgO, CaO. The reduction in Fe2O3, MgO, CaO may also be due to the

breakdown of the minor epidote and amphiboles observed in some of the low strain

gneisses. As epidote is commonly found as the product of hydrothermal alteration,

the lower strain rocks may display evidence for the earliest stages of retrograde alter-

ation in the shear zone, with subsequent deformation localized in narrower zones. The

replacement of feldspar by muscovite leads to a volume reduction which would have

increased the porosity and permeability and allowed continued fluid flow (Rumble and

Spear, 1983). If the available fluid volumes would have remained low, however, the

feldspar to muscovite reaction may halt, even reverse, with phyllosilicates dissolving

and feldspar precipitating (Wintsch et al., 1995). This may explain why the increase in

phyllosilicate content with increasing strain seems to be impeded towards the highest

strain in local shear zone cores.

The replacement of most minerals by chlorite leads to a volume increase, and is

therefore favoured at lower confining pressures (Wintsch et al., 1995). Chlorite did,
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nonetheless, grow adjacent to many ultramylonites (Figure 2.2 and 2.4a), suggesting

these locations, characterized by the highest strain gradients, may have been areas of

higher porosity. These high strain gradients are defined by a gradual grain size re-

duction over mm to cm distances, partially due to retrograde metamorphic reactions,

which potentially induced a deformation mechanism switch from dominantly disloca-

tion creep in quartz and intragranular fracturing of feldspar to grain size sensitive creep

(Chapter 3). Grain size sensitive creep allows for grain boundary sliding, creep cavia-

tion, dissolution and precipitation, dynamically creating a permeable porosity (Fusseis

et al., 2009). Grain scale cavitation has experimentally been shown to have the capabil-

ity to trigger runaway fault ruptures (Verberne et al., 2017), and may be another way

to allow the precipitation of coarse grained chlorite, epidote and K-feldspar adjacent

to the ultramylonites.

In the KMZ, there is little to no correlation between the inferred mass change of

the sampled rocks and their whole-rock δ18O value (Figure 2.13), and furthermore,

total relative mass changes are minor (Figure 2.9) and the rock samples across the

shear zones retain the effect of different protoliths, with little variation in whole-rock

δ18O values (Figure 2.10). All of this suggests fluid/rock ratios were low in the KMZ

during deformation. This is in agreement with Diener et al. (2016), who suggested

that fluid/rock ratios of only 0.05-0.1 are necessary to ensure complete rehydration

and fluid saturation of the KMZ if fluid uptake is assumed to be efficient. The lack of

correlation between mass change and whole-rock δ18O values also means that there is

no simple relationship between mass change and extent of isotope exchange.

2.6.3 Effects on fault mechanics

The high grade metamorphic rocks in which the KMZ developed would have been dry

and relatively impermeable prior to initiation of KMZ shearing. It is therefore likely

that deformation preceded fluid flow and not the other way around (Diener et al., 2016).

Deformation will thus have had to initiate without the weakening that retrograde

reactions may facilitate. However, as fluids preferentially flow into deforming zones in

the early stages of ductile deformation (Beach, 1980), once a shear zone is active in
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a retrograde setting, reaction softening would have allowed progressive weakening and

strain accumulation, resulting in progressively more localized deformation within the

shear zone, as proposed for the KMZ by Rennie et al. (2013), Diener et al. (2016),

and (Chapter 3). Previous studies on the KMZ have postulated that shearing would

initially have been enhanced on pre-existing, well-oriented fabrics or around stress risers

such as the central leucogranite body (Rennie et al., 2013; Diener et al., 2016). This

hypothesis is strengthened by the fact that the high strain zones in area D seem to be

localized where the pre-existing migmatitic fabric was favourably oriented to shearing

(Figure 2.4c). The possibility of the early stages of deformation having initiated on

a brittle precursor (Mancktelow and Pennacchioni, 2005) or in locally more hydrous

rocks (Getsinger et al., 2013) is, however, not excluded. Furthermore, as deformation

occurred at T just above the frictional-viscous transition, downward propagation of

earthquake ruptures from the brittle crust above may have transiently increased the

differential stress, strain rate, and permeability in the KMZ throughout its evolution

(McCaig, 1988; Ellis and Stöckhert, 2004). The high thermal gradient of the KMZ

and the consequent shorter distance to the overlying seismogenic zone strengthens this

postulate. Compared to prograde metamorphic settings, where veins are abundant, the

relative lack of veins and the inferred low fluid volumes in the KMZ suggest elevated

fluid pressures did not contribute significantly to either embrittlement or in creating

pathways for fluid infiltration.

At these early stages of the shear zone evolution, at the conditions of shearing in the

KMZ (450-480◦C, 270-420 MPa), deformation would have occurred by frictional viscous

flow, with crystalplastic quartz and frictional feldspar governing the rheology (Chapter

3). At this stage creep cavitation (Fusseis et al., 2009; Menegon et al., 2015) and grain

boundary dissolution porosity (Billia et al., 2013) would potentially have provided the

permeable porosity needed for fluid flow to infiltrate the shear zone and initiate retro-

grade reactions. As reported by Milke et al. (2013), only very small amounts of H2O

is needed to enhance the growth rates of transport-controlled reactions, which in it-

self may produce nanoscale porosity (Plümper et al., 2017). The retrograde reactions

would have induced weakening by the replacement of strong minerals by weaker phyl-

losilicates and by reducing the grain size through growth of new fine-grained minerals
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(Figures 2.4, 2.5 and 2.6; Chapter 3). This form of metasomatism was pervasive within

the localized mylonites. Additionally, the KMZ displays more severely altered rocks,

localized in association with the highest strain gradients in the local high strain zones,

adjacent to the ultramylonites (Figure 2.4a). These rocks, however, are composed of

coarse grained K-feldspar or mixtures of chlorite and epidote, and are not considered

to have contributed significantly to weakening in the shear zone.

The weakness of phyllosilicates is well known (Shea and Kronenberg, 1993) and the

presence of phyllosilicates is a common way to invoke weakness in shear zones (Wintsch

et al., 1995; Imber et al., 1997; Jefferies et al., 2006; McAleer et al., 2017). The ini-

tial increase in phyllosilicate content would therefore have significantly reduced the

shear strength of the KMZ, especially if aligned to form interconnected layers (Handy,

1990). The fine grain size on the other hand elevates the importance of diffusion (Rut-

ter, 1976; Beach, 1980) and enhances grain boundary sliding due to the low cohesion

between the new grain boundaries (White and Knipe, 1978). Grain boundary sliding

in turn, together with continued nucleation of neoblasts in the dynamic porosity due

to creep cavitation, leads to second phase pinning restricting grain growth. With pro-

gressive deformation, this promotes grain size sensitive creep as the main deformation

mechanism (Chapter 3; Fliervoet et al. 1997; Kilian et al. 2011).

Therefore, as the highest strained rocks in the KMZ do not contain large amounts

of phyllosilicates, nor are the existing phyllosilicates interconnected (Figure 2.7b), the

weakening due to breakdown of strong mineral phases into weaker phyllosilicates only

seems to have played a secondary role. The more significant weakening caused by the

addition of fluids appears to have been its contribution to grain size sensitive defor-

mation mechanisms. This includes retrograde metamorphic reactions and nucleation

of new phases, as observed in the KMZ in porphyroclast stress shadows and the fine-

grained polyphase mixtures.

In active retrograde faults, like the San Andreas Fault Zone, the Alpine Fault, the

Haiyuan Fault and the North Anatolian Fault, there are recent records of a range of

seismic styles, from steady, plate boundary rate creep, through transient aseismic slip,

to intermittent swarms of seismically detectable tremors (Wech et al., 2012; Jolivet

et al., 2015; Shelly, 2017) as well as low resistivity zones at depth (Wannamaker et al.,
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2002; Ozacar and Zandt, 2009). Such low stress drop events are believed to represent

mixed frictional viscous deformation at conditions of low effective stresses, sensitive

to small perturbations (Thomas et al., 2009; Skarbek et al., 2012). The zones of low

resistivity are therefore often interpreted to reflect fluid presence from which weakness

is inferred, usually in the form of high pore fluid pressures (Rice, 1992; Thomas et al.,

2009). Although we agree that an addition of fluids will result in weakening and the

creation of conditions susceptible for tremor and low frequency earthquakes, we caution

the jump to high fluid pressure. Fluid volumes in retrograde settings are most likely to

be low and externally derived, requiring a permeable network, and therefore hydrostatic

fluid pressure conditions are more likely. Whereas high fluid pressure is an appropriate

explanation for features such as tectonic tremor and low frequency earthquakes in

prograde metamorphic settings where a fluid source is readily available, the same can

not be said about retrograde settings. In retrograde settings a fluid presence at the

tremor source is more likely to induce the required weakening by facilitating retrograde

reactions and grain size sensitive deformation mechanisms as suggested here for the

KMZ.

2.7 Conclusion: Sources and effects of fluids in ret-

rograde shear zones

Although the host rocks of retrograde faults commonly, due to their high grade meta-

morphic history, are dehydrated and relatively impermeable (Oliver, 1996), they com-

monly exhibit retrograde mineral assemblages, suggesting a syn-tectonic fluid presence

(Butler et al., 1995; Jefferies et al., 2006; Wallis et al., 2015). Due to the dehydrated

nature of the host rocks, the sources for these fluids need to be primarily external.

Previous studies on active retrograde transform faults have suggested metamorphic

fluids for the San Andreas Fault Zone, sourced from a dehydrating serpentinised man-

tle wedge (Fulton and Saffer, 2009), and deep circulation of meteoric fluids for the

Alpine Fault, driven by a hydraulic head created by exceptionally high rates of oro-

graphic rainfall (Koons and Craw, 1991; Menzies et al., 2014). In the case of the KMZ
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there is, however, no evidence for such features, rendering the KMZ as an appropriate

example for active retrograde shear zones lacking obvious fluid sources, for example

the Haiyuan Fault (Jolivet et al., 2015). In the KMZ, isotope compositions of rocks

and quartz veins do not exclude any reservoir as a potential fluid source, however,

they do require that at least some of the fluids were of meteoric origin and precipitated

quartz at high temperature (Figure 2.11). This requires a permeability pathway, which

may have been created by downward propagation of earthquakes from the brittle crust

above. The signs of brittle deformation in the KMZ are few and far apart, however,

this is in accordance with the low and localized fluid volumes envisaged for the shear

zone based on our geochemical analyses, which indicate little re-setting of protolith

whole-rock δ18O values and minor local metasomatic mass changes (< 40 %).

Even minimal volumes of fluid in a retrograde fault can induce weakening by facil-

itating retrograde reactions such as growth of chlorite and muscovite at the expense of

feldspar, biotite and amphiboles. In the KMZ we do see weakening due to breakdown

of feldspars and growth of chlorite and muscovite which subsequently have aligned to

form interconnected weak networks. However, the highest strained rocks in the cores

of the local high strain zones do not contain a further increase in phyllosilicate con-

tent. The continued strain localization despite this, beyond the weak, interconnected

networks of phyllosilicates, shows that the weakening effect of fluids by promoting diffu-

sion creep and grain size sensitive deformation mechanisms, in this case is even greater

than the weakening effect due to the facilitation of retrograde reactions (Chapter 3).

We do, however, acknowledge that reactions have a part in grain size reduction and in

keeping grain sizes fine by the pinning effect caused by the nucleation of neoblasts in

the fine-grained polyphase mixture (Krabbendam et al., 2003; Herwegh et al., 2011).

A limited amount of fluids, like in the case of the KMZ, may thus result in a weaker

fault and localized mid- to lower crustal shear, by facilitating grain size sensitive defor-

mation mechanisms, than abundant fluid flow and extensive growth of weak retrograde

mineral phases. Niemeijer (2018) suggests that earthquakes originating elsewhere on a

fault would be rapidly arrested when encountering a foliated part of a fault deforming

by frictional viscous flow and that the pulse of elevated slip velocity would lead to grain

size reduction, which would destroy the foliation and cause long-term strengthening.
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We build on these suggestions and propose, based on our observations, that this could

in fact lead to further weakening, in the presence of fluids at sufficiently high T.

These findings imply that the range of seismic styles recently reported for active

retrograde faults like the San Andreas Fault Zone, the Alpine Fault, the Haiyuan

Fault and the North Anatolian Fault (Wannamaker et al., 2002; Ozacar and Zandt,

2009; Wech et al., 2012; Jolivet et al., 2015; Shelly, 2017), may not require high fluid

pressures but could also arise from other local weakening mechanisms. In fact, high

fluid pressures seem unlikely in retrograde settings, as potential free fluid would be

consumed by retrograde reactions until a fluid saturated mineral assemblage is reached.

We emphasise that in the case of the KMZ, the addition of only small volumes of fluids

induced drastic weakening by facilitating retrograde reactions and grain size sensitive

deformation mechanisms.
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3.1. Abstract

3.1 Abstract

Thin, laterally continuous ultramylonites within kilometer-scale ductile shear zones

may control mid- to lower crustal strength where deformation is localized. Intercon-

nected phyllosilicate networks are commonly suggested to be the weakest geometry

a shear zone can reach, yet fine-grained polyphase mixtures are commonly found in

the cores of high-strain zones. We study a continental strike-slip shear zone which

deformed granulite facies quartzofeldspathic migmatitic gneisses at retrograde amphi-

bolite to greenschist facies conditions. A brittle feldspar framework and interconnected

phyllosilicate networks control the strength of the lower strain protomylonites and my-

lonites, respectively, whereas the ultramylonites comprise a fine-grained mixture of

the host rock minerals. The localization of strain in ultramylonites demonstrates how

fine-grained polyphase mixtures can be weaker than, and supersede, interconnected

phyllosilicate networks with increasing shear strain. This contradicts the common as-

sumption that interconnected layers of phyllosilicates is the weakest state a shear zone

can reach.
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3.2 Introduction

For nearly a century it has been agreed that a hard outer shell encompasses Earth,

but the strength of the middle to lower crust is still debated (Bürgmann and Dresen,

2008). Strength profiles for the continental crust are primarily based on laboratory

experiments on quartz and feldspar at conditions favouring dislocation creep (Kohlstedt

et al., 1995). Deformation is, however, readily concentrated into localized high strain

zones within this quartzofeldspathic crust (e.g., Kirby, 1985; Ingleby and Wright,

2017; Fagereng and Biggs, 2018). These high strain zones exert a critical control on

mid- to lower crustal strength, and study of their internal geometry, composition,

and microstructure is a means of exploring mechanisms of strain localization and the

consequent controls on lower crustal rheology.

An interconnected network of weak components is a commonly invoked end member

weak state for a polyphase rock, with as little as 10 vol.% of relatively weak material

potentially sufficient to govern bulk rheology (Handy, 1994). This is not only true

for rocks at the cm scale (e.g., Hunter et al., 2016), but also for entire shear zones

at the km scale, where strain may be accommodated in heterogeneously distributed,

thin, high strain zones localized within broader mylonites (e.g., Carreras, 2001). Re-

gardless of geometry, strain localization does not occur without a relative weakness,

where strength at a given pressure (P), temperature (T), and strain rate is not only a

function of mineralogy, but also the dominant deformation mechanism (Knipe, 1989).

A switch in deformation mechanism can therefore affect rock strength at least as much

as lithological variations.

Phyllosilicates are commonly considered to be the weakest phase in continental

rocks (Kronenberg et al., 1990) and interconnected layers of phyllosilicates are there-

fore commonly suggested as the weakest end-member shear zone geometry (Shea and

Kronenberg, 1993; Handy, 1994; Montési, 2013). Once phyllosilicates have been re-

organised and interconnected weak layers have been established, continued weakening

may nevertheless require an increase in phyllosilicate content, requiring mass trans-

fer to facilitate the compositional changes. Grain size reduction, on the other hand,

can induce weakening by facilitating a change in the active deformation mechanisms
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(Kirby, 1985; Rutter and Brodie, 1988; Viegas et al., 2016). This form of weakening can

be isochemical, with no need for special conditions and may hence be more generally

applicable. It is widely accepted that fine-grained mixtures can be weak, with grain

size sensitive creep in fine-grained polyphase mixtures having been previously shown

to operate in the most highly strained parts of shear zones, both in laboratory exper-

iments (e.g., Stünitz and Tullis, 2001) and natural examples (e.g., Fliervoet et al.,

1997). However, the processes forming these fine-grained mixtures is still an area of

active research (Kilian et al., 2011; Czaplińska et al., 2015; Cross and Skemer, 2017).

Existing studies on the weakening effects of grain size reduction typically consider

granitic fine-grained polyphase mixtures against their less deformed equivalents with

larger grain sizes. However, in this study, we describe a natural example where in-

terconnected phyllosilicate networks in a mylonite are disaggregated within a weaker

fine-grained polyphase mixture, ultimately leading to further strain localization and the

formation of ultramylonites. We thereby demonstrate that fine-grained polyphase mix-

tures are even weaker than the interconnected phyllosilicate layers commonly thought

to be the weakest geometry a shear zone can achieve, and that such mixtures can

disaggregate and supplant interconnected phyllosilicate networks with increasing shear

strain.

3.3 Samples and methods

This study is based on three samples of granitic composition covering the strain gradient

from protomylonite to ultramylonite in a representative high strain zone localized be-

tween a pre-mylonitic leucogranite body and the Tsirub Gneiss in Area C (026◦48′32.4′′

S, 015◦ 58′ 04.3′′ E; Figure 3.1). The granitic side of the local high strain zone was cho-

sen for its simpler mineralogy and, as the granite was emplaced after peak granulite

facies metamorphism, its lack of pre-mylonitic fabrics. Here, the mylonitic foliation

dips > 70 ◦ to the NE, with a lineation plunging < 10 ◦ to the SE. The mylonite zone

has irregular boundaries but is approximately 6 m wide, with up to 50 cm thick ultra-

mylonite at its core. The transition from mylonite to ultramylonite occurs over a few

cms (Figure 3.2a). Thin sections of the protomylonite, mylonite and ultramylonite,
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cut parallel to stretching lineation and perpendicular to foliation, were prepared at the

University of Cape Town and further polished with colloidal silica and carbon coated at

Cardiff University, before being investigated using polarized light and scanning electron

microscopy.

Figure 3.1: a) Geological map of the Kuckaus Mylonite Zone (KMZ) with location of studied

outcrop (Area C) indicated by a red dot. BG= Biotite Gneiss; LG= Leucogranite; TG=

Tsirub Gneiss. Shading explained in Figure 2.2. b) Photograph of the studied outcrop.

The studied samples are from a high strain zone localized between Tsirub Gneiss and a

pre-mylonitic leucogranite body.
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Figure 3.2: Images of rocks from the high strain zone in Figure 3.1. a) Looking down on

mylonite (SW) - ultramylonite (NE) transition. b) Protomylonite (red box outlines location

of Figures 3.5a and 3.5b). c) Mylonite. d) Interconnected layers of phyllosilicates from the

same mylonite as c. e) Ultramylonite. All images display a dextral sense of motion and

are oriented so the foliation is horizontal. b/c= cross-polarized optical micrographs, d/e=

scanning electron microscope (SEM) backscattered electron images where quartz and albite

are dark grey, K-feldspar is light grey and phyllosilicates are light grey and lamellar shape.

Scales: a) coin= 22.6 mm; b/c) white bars=1 mm; d/e) white bars= 10 µm. Quartz c-axis

plots are lower hemisphere equal area projections, Z= pole to foliation, X= lineation direction.

Half width= 10 ◦. n is the number of points used (one point per grain) and M stands for

M-index Skemer et al. (2005). Distances from the local shear zone core are indicated on b, c

and e. Note same scale in d and e as well as the aligned and interconnected phyllosilicates

in e compared to aligned but not interconnected phyllosilicates in d.
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3.3.1 EBSD and EDS analyses

The electron backscatter diffraction (EBSD) and energy dispersive X-ray spectroscopy

(EDS) analyses were carried out at Cardiff University’s Electron microbeam facility,

on a Zeiss Sigma HD Field Emission Gun Analytical SEM equipped with an Oxford

Instruments Aztec EBSD detector and two Oxford Instrument 150 mm2 energy disper-

sive X-ray spectrometers. The EBSD patterns and EDS data were obtained using a 20

kV acceleration voltage and a beam current of 7.3 nA in high vacuum conditions. The

quartz bands in the protomylonite and mylonite, as well as the fine-grained mixture

in the K-feldspar porphyroclast pressure shadow, were mapped over areas of varying

sizes, with a step size of 1 and 0.2 µm respectively. Processing of the EBSD raw data

was carried out using open-source MTEX toolbox for MATLAB, following Cross et al.

(2017) methods, as well as using the Oxford Instruments HKL CHANNEL 5 software

and the methods of Bestmann and Prior (2003). The M-index is a way to measure

fabric strength, which is based on the distribution of uncorrelated misorientation angles

Skemer et al. (2005).

3.4 Microstructural development

The protomylonite is similar to the granite protolith in mineralogy and comprises 55%

feldspar (K-feldspar > plagioclase), 30% quartz, 10% phyllosilicates (mixture of bi-

otite and muscovite) and the remaining 5% are accessory minerals including apatite,

zircon and rutile. The mineral proportions for all mylonites are semi-quantitative and

based on electron backscatter diffraction (EBSD), scanning electron microscopy (SEM)

backscattered electron (BSE) images and optical microscopy, whereas the grain sizes

were obtained by EBSD. The microstructure is dominated by subrounded feldspar por-

phyroclasts, with quartz occupying interstitial spaces. Monomineralic quartz ribbons

define the mylonitic foliation in conjunction with aligned but disconnected, fine-grained

(50 µm) phyllosilicates (Figure 3.2b). Quartz was recrystallized during mylonitization

to a distinctly smaller grain size than in undeformed equivalents. Quartz grain size

ranges from a few µm where pinned between feldspar porphyroclasts to > 100 µm in
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areas dominated by quartz (Figures 3.2b and 3.3). Within relatively planar quartz

ribbons, several crystals wide, the mean grain size is 47 (±25) µm (Figure 3.4). Quartz

grains are mostly equant, show a range of microstructures including undulatory and

straight extinction, minor sub-grains, and both straight and irregular grain bound-

aries (Figure 3.3). Measurements obtained by EBSD from the quartz ribbons show

a well developed crystallographic preferred orientation (CPO; M-index: 0.108; Figure

3.2b). Feldspar porphyroclasts range in size up to 5 mm, and are pervasively frac-

tured (Figures 3.2b and 3.3). Feldspars are also present as < 20 µm neoblasts (10%

of feldspars) that occur mainly in feldspar porphyroclast pressure shadows, where it is

also associated with quartz neoblasts (Figures 3.2b and 3.5a). The feldspars are pure

orthoclase and albite, with the orthoclase neoblasts having the same composition as

the porphyroclasts (Figure 3.6). The neoblasts show a low degree of internal strain

with misorientations generally < 1 ◦ (Figure 3.5b). Both quartz and feldspar (Figure

3.5c) neoblasts have a very weak CPO. The misorientation angle distribution plots

for uncorrelated pairs, for the feldspars, approach the theoretical curve for random

distributions (Figure 3.5d).

The mineralogy is much the same in the mylonite as in the protomylonite; however,

phyllosilicates are more abundant and make up 20% of the rock, whereas feldspars,

in approximately equal proportions of K-feldspar and plagioclase, are less abundant

at 45%. The bulk of the mylonite is made up of a fine-grained (< 20 µm), foliated

mix of quartz, feldspars and phyllosilicates. The fine mixture is microstructurally and

compositionally comparable to that formed in the porphyroclast pressure shadows in

the protomylonite. A further portion of the phyllosilicates are arranged into intercon-

nected layers a few grains thick (Figures 3.2c and 3.2d). Approximately 50% of the

quartz occur in discontinuous ribbons a few grains wide, with a mean grain size of

29 (±16) µm (excluding grains bordering the ribbon margins; Figures 3.2c, 3.4 and

3.7). Pole figures for quartz in these ribbons show well developed CPOs (M-index:

0.305; Figure 3.2c). Feldspar porphyroclasts are smaller and more rounded than in the

protomylonite, with a median diameter of 500 µm and maximum grain size of 2 mm

(Figure 3.2c). Porphyroclasts make up ∼ 50 % of the mylonite feldspar content, and

are less fractured than in the protomylonite.
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Figure 3.3: Quartz in the protomylonite. a) Part of a quartz ribbon with a red box outlining

(b), a close up of the microstructure and part of the area used for the grain size analysis. c)

A fractured K-feldspar porphyroclast with a red box outlining figure (d), a close up of quartz

filling a fracture.
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Figure 3.4: Grain size histograms for the mylonite and protomylonite. The mean grain size for

the mylonite is 29 µm (± 16 µm, 619 grains) and for the protomylonite in turn 47 µm (± 25

µm, 296 grains). The data was gathered following closely the methods of Cross et al. (2017).

We interpret the quartz as fully recrystallized and as the grain size distribution is unimodal,

no separation of recrystallized and relict grains was needed and the mean was obtained from

the mean of the full sample sets. As cautioned by Cross et al. (2017), we acknowledge the

fact that these rocks are relatively high grade and the quartz likely deformed mostly by grain

boundary migration with minor sub-grain rotation recrystallization.
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Figure 3.5: Electron backscatter diffraction (EBSD) analysis of porphyroclast pressure

shadow marked in Figure 3.2 (left side: a/b/c/d) and ultramylonite (right side: e/f/g/h).

a/e) EBSD band contrast image overlain by element maps derived by energy-dispersive X-

ray spectroscopy (red=Si, blue=K, yellow=Na). b/f: Local misorientation maps. The maps

show the degree of misorientation ≤ 3 ◦ of each pixel with respect to the neighbouring pixels

in a radius of 3x3 pixels. c/g) Pole figures with same reference frame as in Figure 3.2. d/h)

Misorientation angle distribution plots.
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Figure 3.6: Semi-quantitative (EDS was done in conjunction with EBSD) chemical composi-

tions (weight %) of K-feldspar porphyroclast and K-feldspar neoblasts in Figure 3.5a. Note

the consistent chemical composition with only 6 out of 120 samples differing slightly.

In the ultramylonites, the relative phase proportions are the same as in the mylonite.

However, feldspar porphyroclasts, interconnected phyllosilicate layers and quartz rib-

bons are absent, and all constituent minerals are approximately uniformly distributed

in an ultramylonitic mixture (< 20 µm) with the same grain size, shape and compo-

sition as the fine-grained mixtures observed locally in the protomylonite and mylonite

(Figures 3.2e and 3.5e). The phyllosilicate sheet long axes are aligned to define the

foliation in the ultramylonite, however, they are not interconnected (Figure 3.2e). Pole

figures for quartz (M-index: 0.004; Figure 3.2e) and both feldspars (Figure 3.5g) in

the ultramylonite show no distinct pattern, and misorientation angle distribution plots

for feldspars similarly show a trend close to the theoretical curve of random distribu-

tion (Figure 3.5h). Furthermore, energy dispersive spectroscopy (EDS) maps show a

uniform distribution of phases (Figure 3.5e), with similar low internal strain values

(obtained by EBSD) as in the neoblast mixture in the protomylonite (Figure 3.5f).

3.5 Strain localization mechanisms

The take-away message from the observations above is that the protomylonite, mylonite

and ultramylonite all have distinct microstructures (Figures 3.8a and 3.8b). The pro-
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Figure 3.7: Quartz in the mylonite. a) Part of a quartz ribbon with a red box outlining

location of (b), a close up of the microstructure and part of the area used for the grain size

analysis (grains pinned by the bordering phyllosilicate rich mixture were excluded from the

grain size analysis). c) A quartz ribbon getting pinned between two feldspar porphyroclasts

with a red box outlining figure (d), which qualitatively shows how the pinning has resulted

in a finer grain size.
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tomylonite is coarse grained with fractured feldspar porphyroclasts and recrystallized

quartz with a CPO. In the mylonite, phyllosilicates are arranged into interconnected

layers that, along with dismembered quartz ribbons with a CPO, wrap around frac-

tured feldspar porphyroclasts within an otherwise fine-grained matrix that lacks CPO.

The ultramylonite is comprised of a uniformly distributed fine-grained mixture of all

constituent phases that lacks both CPO and interconnected networks of weak phases.

In feldspar porphyroclasts the fractured nature and lack of dislocation creep mi-

crostructures imply that brittle deformation dominated with a likely frictional compo-

nent (Figure 3.8b). Dissolution along their enveloping surfaces and new mineral growth

also occurred, illustrated by neoblasts in pressure shadows (Figure 3.5a). The porphy-

roclasts and neoblasts have the same composition (Figure 3.6), as would be expected

with brittle deformation and local dissolution precipitation. The rounded nature of

feldspar porphyroclasts in mylonites could be attributed to crystal plasticity (Tullis

and Yund, 1985). However, we do not observe evidence for crystal plastic deformation

in feldspar, and rather suggest that the roundness is caused by precipitation creep and

alteration reactions to muscovite and quartz (O’Hara, 1988). Quartz ribbons in the

protomylonite and mylonite have developed CPOs (Figures 3.2b and 3.2c), as typical

when deformed by dislocation creep (Law, 1990). Furthermore, in both the protomy-

lonite and mylonite, quartz is found filling cracks in feldspar porphyroclasts (Figure

3.3), and as neoblasts precipitated in feldspar pressure shadows (Figures 3.2b, 3.2c and

3.5a). This mobility of components suggests diffusional processes were locally active.

The arrangement of interconnected layers of phyllosilicates in the mylonites (Figures

3.2d and 3.8b), with low angles to shear zone boundaries, would have allowed for slip

along grain boundaries and dislocation creep along the basal planes (Niemeijer and

Spiers, 2005).

In the ultramylonites there are no fractured feldspar porphyroclasts, quartz disloca-

tion creep microstructures, or interconnected phyllosilicate networks. A lack of CPO,

the strain free nature of the grains, and misorientation angle distributions close to the

theoretical random distribution curve all indicate that grain size sensitive creep was

active during deformation (Wheeler et al., 2001; Menegon et al., 2015; Viegas et al.,

2016). Pinning due to the polyphase nature of the rock would have kept the grain
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Figure 3.8: Schematic illustration of the strain- and time-dependent rheological evolution

of the studied shear zone. a) Representative microstructures for protomylonite, mylonite

and ultramylonite, based on photomicrographs in Figure 3.2, with locations for areas of

interest. b) Dominant deformation and dispersion mechanisms. c) Strength graph with both

differential stress and strain rate estimates (see section on ‘Relative strength in mylonites’

for details) showing decreasing strength from protomylonite to mylonite and further to the

ultramylonite. Star denotes peak strength estimate for a phyllosilicate bearing strike-slip

fault such as the San Andreas (Niemeijer and Spiers, 2005).
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size small (Krabbendam et al., 2003; Herwegh and Berger, 2004; Kilian et al., 2011),

in turn promoting diffusion creep and grain boundary sliding, accompanied by dissolu-

tion and precipitation processes (Fusseis et al., 2009; Platt, 2015; Menegon et al., 2015;

Lopez-Sanchez and Llana-Fúnez, 2018).

3.6 Relative strengths in mylonites

Quartz paleopiezometry is commonly used to estimate stresses of naturally deformed

rocks. In polyphase rocks, however, depending on the conditions of deformation and

distribution of phases, the stress in quartz will either be higher or lower than the

stress of the bulk rock. This is elegantly demonstrated in the KMZ, where quartz

paleopiezometry on ribbon quartz, following closely the methods of Cross et al. (2017),

yield higher stresses for the mylonite (54 MPa) than the protomylonite (39 MPa). We

interpret the quartz as fully recrystallized and hence used the mean, without grain sep-

aration, of the full sample sets exhibiting unimodal grain size distributions (Figure 3.4),

to obtain our stress estimates. As Cross et al. (2017) cautions, we acknowledge that

great care is needed when applying paleopiezometry on quartz from natural mylonites

deformed at the relatively high-grade metamorphic conditions (465 ◦C, 345 MPa) of

the KMZ, where dislocation densities are low and grain boundary migration is likely

the dominant mechanism with only minor sub-grain recrystallization. To correct for

the paradox of higher stresses in the mylonite than the protomylonite, we used our

microstructural observations in conjunction with Handy et al.’s (1999) equations, to

obtain a strength estimate for the bulk rock.

3.6.1 Calculation of bulk stress and strain rate of a two-phase

aggregate from knowledge of one mineral stress

These calculations are based on the realisation that paleopiezometry of quartz may

measure the stress driving quartz dislocation creep, but not necessarily the bulk stress

of the rock in which the quartz resides. The series of assumptions and calculations be-

low use a stress in quartz measured by paleopiezometry (Cross et al., 2017) to estimate
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the strain rate of quartz dislocation creep at the estimated temperature of deforma-

tion. Given a strength contrast between quartz and the other dominant phase, and

their relative proportions, a rock strain rate and bulk stress can then be derived. The

percentages used in the calculations are fixed to the percentage of the strength deter-

mining phase observed in the rock, which in the KMZ is feldspar for the protomylonite

and biotite for the mylonite, with the quartz percentage adjusted to represent the

subservient portion of the rock.

Quartz strain rate

If the driving stress of dislocation creep is known and the temperature of this creep can

be estimated, then an experimentally derived flow law for quartz will give the quartz

strain rate according to:

ε̇ = Afmh2O∆σne−Q/RT (3.1)

where A is a material parameter, fh2O is water fugacity, m is the water fugacity ex-

ponent, ∆σ is differential stress, n is the stress exponent, Q is activation energy, T

is temperature in Kelvin and R is the universal gas constant. In the calculations for

this study, we use the quartz flow law of (Hirth et al., 2001) to derive quartz strain

rate, at a temperature of 465◦C. This gives a strain rate of 1.5× 10−12 s−1 at 54 MPa

(mylonite) and 4.2× 10−13 s−1 at 39 MPa (protomylonite).

Strength of other phases

To derive a bulk rock strain rate, the strength contrast between quartz and the other

mineral phase must be estimated. To this end, we calculate the stress in the other

phase as if it was deforming at the same strain rate as quartz. If quartz is the stronger

phase in an interconnected weak phase microstructure, this calculation will overesti-

mate the strength contrast, as the the stress estimate for the weaker phase will be an

underestimate using the slower strain rate of quartz. If, on the other hand, quartz is

the weaker phase in a clastomylonite microstructure, the strength contrast will in turn

be an underestimate.
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Strength of feldspar

The viscous flow strength of feldspar is a few GPa for dislocation creep (Rybacki and

Dresen, 2000), at the temperature, pressure, and strain rate conditions of the KMZ,

assuming wet feldspar. As this is high, and bearing in mind that the feldspar shows

widespread brittle behaviour, the felspar strength is better estimated by a Navier-

Coulomb criterion for frictional shear failure (Jaeger and Cook, 1979):

τ =
1

2
[a+ P ′(b− 1)] sin(90◦ − tan−1 µ) (3.2)

where the effective pressure, P ′ is assumed to equal the pressure determined from the

metamorphic assemblages minus fluid pressure, µ is the frictional coefficient of feldspar,

a = 2C0

√
b, b =

(√
1 + µ2 − µ

)−2
, and C0 is cohesive strength. We take µ as a Byerlee

friction of 0.6 (Byerlee, 1978), and C0 as a relatively low 10 MPa assuming sliding along

cleavage planes. If we take fluid pressure as hydrostatic, i.e. 0.4 × P , and lithostatic

pressure as 345 MPa, then the shear stress required for frictional sliding in feldspar is

203 MPa, which occurs on ideally oriented planes if the differential stress is 474 MPa.

This calculation assumed that frictional sliding occurs on planes ideally oriented at an

angle θ = 0.5 tan−1(1/µ) to the greatest principal stress, and the shear stress can then

be related to differential stress as:

∆σ =
2τ

sin 2θ
(3.3)

Strength of biotite

The phyllosilicate phase in the KMZ is dominantly biotite, and we calculate biotite

flow strength using the flow law parameters of (Kronenberg et al., 1990) in Eq. 3.1. In

the mylonite, assuming deformation at the same strain rate as quartz, the flow stress

in biotite is ∼ 16.1 MPa. This stress gives a strength ratio for quartz vs. biotite of 3.4

at the quartz strain rate.
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3.6.2 Bulk stress and strain rate in protomylonite

For this study we treat the protomylonite as a clastomylonite, with interconnected

although volumetrically subsidiary quartz and brittle feldspar (55 %) porphyroclasts.

We ignore phyllosilicates which are present in smaller proportions than quartz and are

not interconnected. In this case, the strength contrast, σc, between frictional feldspar

and viscous quartz is ∼ 12, with feldspar failing frictionally at a differential stress of

474 MPa versus paleopiezomety constraints on quartz flow stress of 39 MPa. In this

case, the bulk strength is (Handy et al., 1999):

σr = σqφ
1/σc
q + σf (1− φ1/σc

q ) (3.4)

which yields a bulk strength of 67 MPa (Figure 3.8c). φ is the volume proportion.

However, because strain rate in quartz is greater than in the stronger feldspar por-

phyroclasts (Handy et al., 1999), the bulk rock strain rate would be (Handy et al.,

1999):

ε̇r =
ε̇q

φ
(1/σc)−1
q

(3.5)

which reduces the bulk strain rate estimate to 2.0× 10−13 s−1 (Figure 3.8c), compared

to 4.2× 10−13 s−1 for the strain rate within the quartz.

3.6.3 Bulk stress and strain rate in mylonite

In the mylonite, we interpret the microstructure as an interconnected network of phyl-

losilicates (20 % by volume), with viscous porphyroclasts and lenses of quartz and

feldspar. The feldspar porphyroclasts are sufficiently few and far apart for us to in-

terpret them as being passive in terms of the rheology and to ignore them in our

calculations. Given a quartz stress of 54 MPa from paleopiezometry, the strain rate

in the stronger quartz is 1.5 × 10−12 s−1. The stress in biotite at this strain rate is

16.1 MPa. The bulk rock strain rate can be estimated by taking the strength ratio of

quartz/biotite at quartz strain rate, which becomes 53/16.1 = 3.4. The bulk strain

rate is then (Handy et al., 1999):
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ε̇r =
ε̇qφq

1− φ(1/σc)
b

(3.6)

where subscript b refers to biotite. This equation gives a bulk rock strain rate of

3.3× 10−12 s−1 (Figure 3.8c). Using this rock strain rate, we can reassess biotite stress

and get a new strength ratio of 3.2, which in turn gives us a biotite strain rate of

9.9 × 10−12 s−1 by swapping biotite in for quartz as the weak phase in Eq. 3.5. This

new biotite strain rate gives a slightly modified biotite stress of 17.8 MPa, a strength

ratio of quartz/biotite of 3.0, and a bulk rock strength according to:

σr = σbφ
1/σc
b + σq(1− φ1/σc

b ) (3.7)

of 33 MPa (Figure 3.8c). Apart from being weaker than the protomylonite, these esti-

mates are also similar to the maximum differential stress calculated for a phyllosilicate

bearing strike-slip fault at a depth of 14 km (30 MPa at a strain rate of 10-12 s-1;

Niemeijer and Spiers, 2005).

3.6.4 Bulk stress and strain rate in the ultramylonite

As there are no ribbons in the ultramylonite, paleopiezometry can not be applied to

estimate its strength. We can, however, assume a constant stress and/or strain rate and

use the ranges obtained for the mylonite with Rybacki and Dresen’s (2000) diffusion

creep flow law for feldspar. This results in differential stresses ranging from 2 to 127

MPa and strain rates from 1.6 x 10−11 s−1 to 1.0 x 10−11 s−1, if calculated with a

fine grain size of 5 µm and the same P-T conditions as above (Figure 3.8c). Taking a

grain size of 10 µm gives strengths higher than those in the mylonite. We note that the

presence of grain boundary fluids will allow further weakening (McClay, 1977; Menegon

et al., 2011). In other words, if the ultramylonite was monomineralic and consisted of

fine-grained (< 5 µm) feldspar that deformed by wet diffusion creep, it is calculated to

be slightly weaker than the mylonite. Separated by a narrow gradual contact (Figure

3.2a), the ultramylonite hosts much more localized strain than the mylonite, suggesting

the ultramylonite was weaker. We therefore consider our calculations upper bounds

for the strength of the polyphase mixture.
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3.7 Implications for mid- to lower crustal rheology

The transition from protomylonite to mylonite and eventually ultramylonite in the

observed high strain zone is characterized by four distinct microstructural trends (Fig-

ures 3.2 and 3.8): 1) feldspar porphyroclasts becoming progressively smaller, rounder,

and volumetrically less dominant; 2) an increasing percentage of an ultramylonitic

fine-grained homogeneous mixture of all constituent phases; 3) the development and

subsequent destruction of interconnected layers of phyllosilicates ; and 4) the develop-

ment and destruction of a CPO in quartz.

The fine-grained mixture represents the ultramylonite shear zone core and the high-

est strains in the shear zone, implying that it is weaker than the interconnected phyl-

losilicate layers in the mylonite (Figure 3.8; cf. Handy, 1994; Montési, 2013). We

therefore propose that as sufficient amounts of ultramylonitic mixture coalesce to form

interconnected layers, it becomes the dominant control on bulk shear zone rheology.

This transition coincides with dismemberment of the interconnected phyllosilicate lay-

ers, possibly by progressive flow of the weaker, fine-grained mixture or simply by thin-

ning and extension of lithologic layering with progressive shear strain (Figure 3.8b;

Cross and Skemer, 2017). Once the fine-grained mixture is formed, partly in the por-

phyroclast pressure shadows (Figures 3.5a and 3.8b), grain size sensitive deformation

mechanisms will retain, sustain and maintain the weakness. The mixtures forming in

feldspar porphyroclast pressure shadows, which themselves are smeared out along the

foliation (Figures 3.2b and 3.2c), can therefore have an important role in the creation

of highly localized ultramylonites.

Given the gradual nature of the microstructural variation in space (Figure 3.2a),

we interpret progressive strain to have been the main driver in the evolution of the

highly localized shear zone described above (Figure 3.8). This conforms with the ex-

perimentally derived time-dependent brittle-viscous transition put forward by Marti

et al. (2017), in which grain size reduction of feldspar progressively changes the rela-

tive importance of brittle and viscous deformation in favour of the latter. Similarly,

the KMZ provides a natural example for the experimental model of Cross and Ske-

mer (2017) who proposed mechanical and geometric disaggregation during progressive
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shear strain as a mechanism for developing fine-grained ultramylonites (Figures 3.8b).

Alternatively, highly localized shear zones, as described here but at smaller scale, have

been associated with strain localization within brittle precursors (Mancktelow and Pen-

nacchioni, 2005). Similar weakening effects can also be created by stress driven strain

localization (Ellis and Stöckhert, 2004). For example, fine-grained mixtures could be

obtained through creation and lithification of frictional melt along earthquake rupture

planes in the middle to lower crust and be subsequently reactivated as ultramylonites

(Menegon et al., 2017). We therefore acknowledge that shear zone cores comprised

of fine-grained mixtures do not imply a unique process, and highlight that a strain-

and time dependent rheological evolution is simply our preferred interpretation of this

exhumed example.

We emphasize that fine-grained mixtures in localized high strain zones, whichever

way they are derived, are likely to control the long-term strength of quartzofeldspathic

crust at temperatures in excess of the frictional-viscous transition in quartz. This

conclusion is in accordance with recent proposals of weak, localized structures hosting

post-seismic, accelerated deformation below the seismogenic zone (Ingleby and Wright,

2017). Attempts have been made at quantifying the rheological behaviour of polyphase

rocks by combining single phase parameters (e.g., Platt, 2015; Ceccato et al., 2018);

however, once grain size has reduced to favour grain size sensitive deformation mecha-

nisms, the mixture may be weaker than any of its components (Wheeler, 1992). Thus,

grain size can become more important than composition in controlling strain local-

ization, as suggested here for the KMZ (Figure 3.8). Although our observations were

on quartzofeldspathic rocks deformed below the seismogenic zone, we note that recent

experiments show that grain size sensitive creep may also lead to dynamic weaken-

ing during upper crustal earthquake propagation in carbonates (De Paola et al., 2015;

Pozzi et al., 2019). From our study and several others (e.g., Rutter and Brodie, 1988;

Warren and Hirth, 2006; Platt and Behr, 2011a), it is therefore possible that strain

localization within fine-grained aggregates is important at a range of conditions and

compositions throughout both continental and oceanic lithosphere.
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3.8 Conclusion

Transitions from grain size insensitive creep to grain size sensitive creep have been

widely recognised before (e.g., Fliervoet et al., 1997; Stünitz and Tullis, 2001; Kilian

et al., 2011; Platt, 2015; Ceccato et al., 2018). However, our observations in the KMZ

also show how a fine-grained polyphase mixture, deforming by grain size sensitive

deformation mechanisms, is weaker than interconnected networks of phyllosilicates.

Based on a gradual contact between mylonites and ultramylonites, and a preferred

interpretation of a strain- and time dependent rheological evolution, we also suggest

interconnected phyllosilicate networks may be broken down and supplanted by such

fine-grained polyphase mixtures with increasing strain (Figure 3.8). This contradicts

the common inference (e.g., Shea and Kronenberg, 1993; Handy, 1994; Montési, 2013)

that interconnected layers of phyllosilicates represent the weakest state a shear zone

can achieve and maintain, and emphasizes the potential prevalance and importance of

grain size sensitive creep as a fundamental control on lithospheric strength.

107



Chapter 3: Controls on lithospheric strength: Insights from the Kuckaus Mylonite
Zone, Namibia

108



Chapter 4

Fluids and deformation in the

Outer Hebrides Fault Zone

109



Chapter 4: Fluids and deformation in the Outer Hebrides Fault Zone

Author contributions and declarations: Christian Stenvall is the main author

of this work and undertook the field work and data analysis. Åke Fagereng provided
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4.1 Introduction

The previous two chapters consider sources and effects of fluids in the Kuckaus My-

lonite Zone (KMZ), an exhumed crustal-scale retrograde fault in Namibia. The KMZ

deformed quartzofeldspathic migmatitic orthogneisses at mid-crustal retrograde condi-

tions (450-480◦C, 270-420 MPa). We found that even small amounts of fluids allowed

drastic weakening by allowing reaction weakening and diffusion-precipitation, growth

and alignment of phyllosilicates and by enhancing grain size sensitive creep. In the

KMZ, the mylonites contain interconnected phyllosilicate networks and the ultramy-

lonites comprise fine-grained polyphase mixtures, suggesting grain size may be more

important than lithology in controlling strength in the lithosphere. We also showed

using δ18O values that some of the fluids that infiltrated the KMZ were meteoric.

As described in section 1.2, the Outer Hebrides Fault Zone (OHFZ) is a crustal-scale

fault, dipping ∼ 25◦ towards the SE, exposed in varying thickness (100 m to 15 km)

for ∼ 180 km along the eastern coasts of the Outer Hebrides island chain, off the west

coast of mainland Scotland (Figure 1.12; Sibson, 1977b; Smythe et al., 1982; Imber

et al., 2001). The OHFZ’s kinematic history can be summarised into four events: 1)

top to NW ductile thrusting; 2) top to NW brittle thrusting; 3) sinistral strike-slip; and

4) top to SE dip-slip extension on detachment- and normal faults (e.g., Butler et al.,

1995; Imber et al., 2001). Previous studies of the OHFZ have suggested qualitatively

that large amounts of hydrous fluids infiltrated the fault zone during sinistral strike-slip

movement, allowing retrograde mineral reactions and the development of the phyllonitic

zones now exhumed along the eastern coast of the Outer Hebrides (Butler et al., 1995;

Imber et al., 1997). These phyllonite zones have been proposed to have allowed long

term weakness due to the formation of interconnected layers of phyllosilcates as well as

the triggering of diffusive mass transfer deformation mechanisms (Butler et al., 1995;

Imber et al., 1997, 2001). Imber et al. (2001) suggested the fluid ingress in the OHFZ

may have been sourced from deeper crustal levels, raising the geothermal gradient along

the fault zone. No studies on the origin of the inferred fluids have, however, yet been

conducted.

Thereby, using the same techniques as for the KMZ in Chapter 2, we will be able
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to fill a gap in the understanding of the OHFZ, and assess where the fluids came from.

In addition, we will be able to compare the effect of fluids in the OHFZ to the effect of

fluids in the KMZ (Chapters 2 and 3). For example, although previous studies (e.g.,

Imber et al., 2001) have shown that both interconnected networks of phyllosilicates and

fluid enhanced diffusive deformation mechanisms facilitated weakening in the phyllonite

zones, their spatial distribution and relative importance is not clear.

4.2 Outcrop and sample descriptions

This section provides descriptions of the three locations chosen for more detailed study

of the stage 3, strike-slip phyllonites in the OHFZ (Figure 4.1). Collectively, the loca-

tions cover the range of host rock the strike-slip phyllonites are found in, and thereby

give a good representation for the entire fault zone. In the north, on Scalpay, strike-slip

phyllonites are exposed within mylonites associated with the early ductile thrusting,

with only slight overprint of the subsequent brittle thrusting. In the Uists, strike-slip

phyllonites are found both in crush melange derived from the quartzofeldspathic grey

gneiss (North Uist) and in more intact and more mafic Corodale Gneiss (South Uist),

both previously affected by the brittle thrusting. Bulk rock samples were collected

from each area in order to investigate changes in mineralogy and deformation mech-

anisms associated with the inferred fluid influx. The term phyllonite is reserved for

any deformed rock with a high amount of phyllosilicates whereas ultraphyllonite refers

to a phyllonite with a qualitative increase in phyllosilicates relative to the phyllonites,

distinguishable on outcrop scale. The phyllonites also typically have a more highly

developed fabric.

4.2.1 Scalpay

On Scalpay, a ∼ 10 m wide phyllonitised zone outcrops at Cnoc na Chroic within

mylonites associated with the early stage of ductile thrusting (Figure 4.2). The my-

lonites show signs of the stage 2 brittle thrusting in the form of grain scale fracturing of

constituent quartz and feldspar and minor transgranular fracturing. The weak ductile
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Figure 4.1: The location of Scalpay, North Uist and South Uist in the Outer Hebrides with

red boxes highlighting outcrop locations for Cnoc na Chroic on Scalpay (Figure 4.2), Eigneig

Bheag on North Uist (Figure 4.4) and Rubha Bolum on South Uist (Figure 4.6). Rock

descriptions and GPS locations can be found in Table 4.1.
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Table 4.1: Sample list for the OHFZ

Whole rock and quartz vein δ18O

Sample # (OH) δ18O (‰) Description Latitude (N), Longitude (W)

Scalpay, Cnoc na Chroich

3 16.1 Quartz vein 057°51'50", 006°40'56"

9 8.2 Phyllonite 057°51'50", 006°40'56"

11 8.8 Gneiss 057°51'48", 006°40'54"

12 13.4 Quartz vein 057°51'48", 006°40'54"

13 13.7 Quartz vein 057°51'48", 006°40'54"

19 9.4 Overprinted gneiss 057°51'50", 006°40'56"

21 4.5 Ultraphyllonite 057°51'50", 006°40'56"

Scalpay, Kennavay

26 12.5 Quartz vein 057°51'25", 006°39'59"

32 11.5 Quartz vein 057°51'04", 006°39'52"

33 9.2 Protomylonite 057°51'04", 006°39'52"

34 8.0 Phyllonite 057°51'30", 006°40'07"

North Uist

35 7.7 Crush melange 057°31'45", 007°08'27"

36 8.7 Overprinted crush melange 057°31'44", 007°08'26"

38 13.4 Quartz vein 057°31'44", 007°08'26"

40 6.9 Ultraphyllonite

41 7.2 Phyllonite 057°31'44", 007°08'25"

42 8.9 Ultraphyllonite 057°31'43", 007°08'25"

43 7.8 " 057°31'43", 007°08'25"

52 7.8 " 057°31'41", 007°08'22"

South Uist

57 6.2 Corodale Gneiss 057°14'07", 007°15'43"

58 5.4 " 057°14'05", 007°15'40"

59 5.4 Retrogressed Corodale Gneiss 057°14'05", 007°15'37"

60 8.1 " 057°14'04", 007°15'34"

61 6.8 " 057°14'04", 007°15'32"

62 6.2 " 057°14'06", 007°15'30"

63 6.6 Phyllonite 057°14'06", 007°15'28"

64 7.1 " 057°14'06", 007°15'28"

66 7.1 Ultraphyllonite 057°14'09", 007°15'27"

67 5.5 " 057°14'10", 007°15'21"
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fabric in the host rock dips ∼ 20-30◦ to the SE. The phyllonitic rocks display a steeper

dip (40-60◦) in the same direction, and a mineral lineation plunging < 10◦ to the SW

and NE. The main rock type in the phyllonite zone is a light green muscovite phyl-

lonite, which also occurs as ultraphyllonite layers (< 50 cm). Within this muscovite

phyllonite, darker green chlorite ultraphyllonite layers of varying thicknesses (20 cm -

2 m) are hetereogeneously distributed (Figure 4.2c). A representative sample of both

types of light and dark green phyllonites were chosen for more detailed study (Figure

4.3).

The darker green strike-slip ultraphyllonite (OH-21; Figure 4.3a-c), is composed

of mostly chlorite with additional minor quartz, feldspar and muscovite. The rock is

dominated by aligned chlorite grains (< 50 µm; Figure 4.3). Some of the muscovite

occurs within the chlorite, however, the majority makes up a fine-grained mixture (< 30

µm) together with quartz and feldspar, present in thin layers up to one cm in width.

The volumetrically dominant lighter green strike-slip phyllonite (OH-9; Figure 4.3d-

f), is composed of quartz, feldspar, muscovite, epidote and some chlorite. Quartz occurs

in monomineralic domains which range in thickness from a few grains wide (< 100 µm)

up to ∼ 800 µm, with some stretching along strike up to ∼ 5 mm. In a few of the

domains, quartz displays a sweeping undulose extinction, however, most bands are

made up of polygonal grains with grain sizes down to 10 µm. In some areas, the

grain boundaries are more lobate and irregular. Feldspar porphyroclasts range in size

up to 1 mm, and are mostly subrounded, with minor signs of fracturing and shear

displacement. They also display alteration to muscovite throughout the grain. Both

quartz and feldspar also occur in a fine-grained mixture together with minor muscovite.

Grain size in this mixture is< 20 µm. Muscovite predominantly occurs in anastomosing

layers, subparallel to strike, ranging in thickness from a few grains wide up to ∼ 1 mm.

Most of the layers are < 500 µm thick (Figure 4.3).
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Figure 4.2: Location of Cnoc na Croich outcrop on Scalpay (a; see Figure 4.1) including lo-

cations of samples (b). Green colour in (b) represents phyllonitized zone, with good exposure

(c) restricted to area denoted by dashed line. Red box and star shows location of figures 4.3a

and 4.3d respectively.
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Figure 4.3: Samples OH-21 (a,b,c) and OH-9 (d,e,f) from Cnoc na Croich outcrop on Scalpay

(Figure 4.2). OH-21 is a chlorite ultraphyllonite sample from a representative chlorite rich

localized zone within broader muscovite rich phyllonites (OH-9). White bars in b/e= 1 mm

and c/f= 50 µm. c is mostly chlorite. f contains muscovite (light grey), quartz (dark grey in

upper third) and feldspar (dark grey in lower third).
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4.2.2 North Uist

Some of the best exposures of the stage 2 brittle thrusting can be found in the north-

eastern corner of North Uist, where ∼ 1 km wide region of crush melange, derived

from predomintantly quarzofeldspathic grey gneiss, with additional metabasite pods

and pegmatite sheets, crops out (Sibson, 1977b; Butler et al., 1995; Imber et al., 1997).

This area includes cataclasites, pseudotachylytes and blocks of variably brecciated host

rock. A network of anastamosing phyllonite zones cut across this crush melange, one

of which was chosen for more detailed study (Figure 4.1).

The chosen transect on North Uist is 130 m long and covers a coastal phyllonite

outcrop at Eigneig Bheag (Figures 4.1 and 4.4). The phyllonite zone is hosted in crush

melange, and includes overprinted crush melange, phyllonite and ultraphyllonite. The

rocks containing a phyllonitic fabric dip ∼ 30◦ to the SE, with a mineral lineation

plunging < 10◦ to the SW and NE. The mineral lineations in two of the cores of the

ultraphyllonite zones record dip-slip movement, with a gradual rotation from strike-slip

to dip-slip movement observed over a distance of < 10 cm (perpendicular to foliation).

Furthermore, one of the ultraphyllonites preserves a record of mm-cm scale layers with

alternating strike-slip and dip-slip mineral lineations.

At both ends of the transect, the phyllonites have a transitional boundary to the

hosting crush melange, in the NW end over ∼ 4 m and in the SE end over ∼ 15 m.

These zones consist of variably retrogressed and sheared crush melange, and is called

overprinted crush melange. The areas between these zones are made up of phyllonites.

The phyllonites are in places chlorite rich, visible in outcrop as a distinctly darker green

colour, and include 4 irregularly spaced ultraphyllonite layers of varying thickness (∼ 1-

6 m; Figure 4.4). The width of the ultraphyllonites remain constant along strike over

the short coastal outcrop. One dark green and one light green ultraphyllonite were

chosen for more detailed study (Figure 4.5).

The mineralogy of the light green, strike-slip ultraphyllonite (OH-42) is quartz,

feldspars, muscovite and accessory minerals (Figure 4.5a-c). The intense planar fabric

is defined by alternating layers dominated by either a mixture of quartz and feldspar

or muscovite. The layers range in thickness from ∼ 50 µm to ∼ 1 mm. The quality of
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the thin section is poor in the quartz and feldspar dominated layers, however, there are

clear variations in relative proportions between layers. Where the proportions seem to

be closer to equal, the grain size is finest (∼ 25 µm). The larger grain sizes are hard to

determine due to the poor quality. Some feldspar porphyoclasts are present, however,

they are heavily altered to muscovite. There is also evidence for fracturing of feldspar,

with some fractures displaying shear displacement. The coarser quartz shows undulose

extinction and in places subgrains.

The dark green ultraphyllonite (OH-40) is a strike-slip phyllonite composed of chlo-

rite, quartz, feldspar, muscovite and minor actinolite and epidote (Figure 4.5d-f). The

sample is in places made up of 100% aligned chlorite, making up the planar fabric in

conjunction with layers (< 2 mm) of a fine-grained (< 30 µm) mixture of the remaining

mineralogy. These layers contain pods of quartz, which are predominantly smeared out

within the fine-grained mixture. The grain size of quartz in these pods is < 30 µm.

Feldspar also occurs as porphyroclasts which are heavily altered to muscovite. The

pressure shadow of these porphyroclasts contain fine-grained mixtures with a higher

feldspar content compared to the general mixture in the layers, which are dragged out

along strike.
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Figure 4.4: Distribution of phyllonites and samples (a) at Eigneig Bheag (b) on North Uist

(see Figure 4.1). Darker green is more heavily phyllonitised. Dashed white lines in (c) shows

location of two of the ultraphyllonites.
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e

f

b

a

c

d

Figure 4.5: Samples OH-42 (a,b,c) and OH-40 (d,e,f) from Eigneig Bheag on North Uist

(Figure 4.4). OH-42 is a muscovite phyllonite whereas OH-40 is a chlorite phyllonite. White

bars in b/e= 1 mm, c= 25 µm and f= 50 µm. c is 100% muscovite. f contains predominantly

chlorite (most of light grey) and albite (dark grey). The very fine light grey dispersed in the

albite is muscovite.
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4.2.3 South Uist

On the eastern coast of South Uist, phyllonites outcrop on Rubha Bolum peninsula

with a gradational contact to the Corodale Gneiss in the west (Figures 4.6). Here, 9

rock samples were obtained roughly equally spaced, covering the gradational contact

from Corodale Gneiss to ultraphyllonite, over a ∼ 320 m long transect. The Corodale

Gneiss is fairly intact, however, both transgranular and intergranular shear fractures

are widespread as well as fracturing of the constituent feldspar and pyroxene grains.

This has allowed the host rock in the mapped area to also experience widespread

alteration. However, from the boundary between Corodale gneiss and Usinish phyl-

lonite, the phyllonitisation becomes more pervasive towards the east in conjunction

with an eastward intensifying planar fabric (030/15SE) containing porphyroclasts in-

dicating sinistral shear and a mineral lineation plunging 10◦ towards 050. Further east,

the sampled rocks are separated from structurally higher phyllonites by a detachment

fault (Figure 4.6b).

Four of the samples were mapped with energy dispersive X-ray spectroscopy (EDS)

to obtain quantitative data on the mineralogy (Figure 4.6c). The least retrogressed

sample (OH-58) is from the Corodale Gneiss side of the inferred boundary between

Corodale Gneiss and the Usinish phyllonite. OH-58 is made up of amphibole (52%;

mostly hornblende), plagioclase (35%), epidote (8%), phyllosilicates (4%), and acces-

sory minerals (1%). OH-62 represents the first proper phyllonite, composed of epidote

(59%), amphibole (19%), plagioclase (10%), phyllosilicates (7%) and accessory minerals

(5%), with not only an increase in retrograde metamorphic and metasomatic miner-

als, but also a well developed fabric. The plagioclase is present mainly as fine-grained

neoblasts and two thirds of the amphibole is actinolite. Further east, the amount of

phyllosilicates increases, and in the most highly retrogressed rock (OH-66) the min-

eralogy is plagioclase 36 (%), phyllosilicate (28%), amphibole (14%), epidote (19%),

and accessory minerals (3%). Here, all minerals are randomly distributed in a fine-

grained mixture (< 30 µm). The phyllosilicates are aligned with long axes sub-parallel

to foliation, and in places occur in interconnected networks a few grains wide (Figure

4.7).
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Figure 4.6: Location of sampled coastline on Rubha Bolum (a), South Uist (see Figure

4.1) with sample locations and distribution of phyllonites (b). Darker green is more heavily

phyllonitised. Phyllosilicate content increases with degree of retrogression from west to east,

as shown by pie charts (c). δ18O and mass change values, on the other hand, show no

correlation with degree of retrogression on Rubha Bolum (d).
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a b

Figure 4.7: Sample OH-66 is an ultraphyllonite from Rubha Bolum. In places phyllosilicates

form interconnected networks (a), however, all minerals are well mixed in a fine-grained

polyphase mixture (b). White bars are a= 100 µm and b= 25 µm. Dark grey= albite,

medium grey= phyllosilicates (muscovite, phlogopite, chlorite, stilpnomelane) and actinolite

(dragged out from central epidote grain in a), light grey= epidote.

4.3 Summary of meso- and microstructural obser-

vations

Both the host rocks and phyllonites show similarities and differences between the three

locations along strike of the OHFZ. Here we summarise our observations and outline

any patterns found.

On Scalpay, the phyllonite zone is found within previously ductilely deformed quart-

zofeldspathic orthogneiss. The primarily ductilely deformed host rock has a weak brit-

tle overprint, predominantly visible on the microscale as fracturing of both quartz and

feldspar grains as well as minor transgranular fracturing. The studied outcrop consists

primarily of muscovite phyllonite with localized zones (< 2 m) of chlorite phyllonite.

Both phyllonites comprise muscovite, chlorite, K-feldspar, plagioclase, quartz, actino-

lite and epidote, with either chlorite or muscovite dominant. The phyllosilicates are

aligned and interconnected along strike, forming layers up to 2 cm thick. The same

quartzofeldspathic orthogneiss unit hosts the studied phyllonite zone on North Uist.

Here, however, the brittle overprint is considerably stronger and instead of mylonites,

the host rock is ’crush melange’. The studied phyllonite zone is nonetheless highly sim-
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ilar to the one on Scalpay, with chlorite phyllonite layers within muscovite phyllonites.

On North Uist, however, the phyllonite zone is ∼ 10 times wider than on Scalpay, and

contains four ultraphyllonite zones, as opposed to on Scalpay where chlorite and mus-

covite ultraphyllonite layers are heterogeneously distributed throughout the phyllonite

zone. The host rock for the phyllonite zone on South Uist is a more mafic, pyroxene

bearing orthogneiss. Like on North Uist, the host rock on South Uist does not show any

signs of prior ductile deformation, only brittle. This brittle deformation is, however,

not as pervasive as on North Uist, but more like the grain-scale fracturing observed on

Scalpay.

The metasomatic alteration associated with the strike-slip stage deformation along

the OHFZ resulted in three different types of phyllonites. On Scalpay and North Uist,

the phyllonites comprise muscovite, chlorite, K-feldspar, plagioclase, quartz, actino-

lite and epidote, with either chlorite or muscovite dominant, whereas the phyllonites

on South Uist comprise a fine-grained metasomatic mixture of plagioclase, epidote,

actinolite, muscovite, biotite, chlorite, stilpnomelane, quartz, titanite and apatite. On

Scalpay and North Uist, the phyllosilicates are aligned along strike, and interconnected,

forming up to 2 cm thick layers of pure phyllosilicate. On South Uist, the mineralogy is

more homogeneously distributed, with minor compositional layering due to variations

in volume proportions of the minerals. Phyllosilicates are aligned with long axes sub-

parallel to foliation, but are generally randomly distributed with the other minerals.

Phyllosilicates do also form interconnected networks, however, usually < 500 µm in

length along foliation and only a few grains in thickness. On Scalpay and North Uist,

muscovite is more widespread than chlorite and constitutes the bulk of the phyllonites,

whereas chlorite occurs in more localized zones (< 2 m) within the wider phyllonitised

host rock. This likely reflects the primarily quartzofeldspathic composition, where

muscovite would have formed from the alteration of feldspars, and where the chloritic

zones would represent altered domains of the more hornblende rich layers of the host

rock.
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4.4 Geochemical results with additional calculations

The metasomatism outlined in the previous section and evident in the ranges in ele-

mental concentrations of variably deformed/retrogressed samples of the same protolith

(Table 4.2), require an influx of localized fluids. The composition of all samples can

be found in tables B.5-B.7. To investigate the source and geochemical effect of these

fluids, oxygen isotope ratios of quartz veins and bulk rocks were measured as well as

bulk whole-rock major, minor and trace element concentrations. The methods for these

analyses can be found in Chapter 2.

Table 4.2: Compositional ranges of rocks in the Outer Hebrides Fault Zone.

(wt.%) Scalpay North Uist South Uist

SiO2 33.44 - 77.50 49.41 - 67.09 47.95 - 56.32

TiO2 0.09 - 1.20 0.27 - 0.97 0.36 - 1.46

Al2O3 11.74 - 19.02 12.59 - 20.12 10.08 - 18.01

Fe2O3 1.73 - 19.87 3.49 - 15.08 6.68 - 15.68

MnO 0.02 - 0.28 0.04 - 0.22 0.09 - 0.27
MgO 0.77 - 12.93 0.93 - 11.88 3.27 - 15.95
CaO 0.10 - 3.85 0.33 - 4.85 5.27 - 13.63

Na2O 1.05 - 4.97 0.78 - 4.68 1.37 - 5.68

K2O 1.60 - 3.05 0.07 - 5.58 0.77 - 3.05

P2O5 0.01 - 0.19 0.10 - 0.35 0.06 - 0.41

SO3 0.01 - 0.10 0.01 - 0.28 0.01 - 0.07

Cr2O3 0.01 - 0.19 0.01 - 0.03 0.01 - 0.33

NiO 0.01 - 0.05 0.01 - 0.03 0.01 - 0.09

H2O
- 0.02 - 0.08 -0.09 - 0.09 0.03 - 0.28

LOI 0.91 - 7.51 1.16 - 6.93 0.55 - 2.57
Total 98.98-99.25 99.05 - 99.20 99.04 - 99.37

4.4.1 Element mobility with inferred mass changes

Calulations of the chemical changes for all fault rocks sampled in the Outer Hebrides,

compared to their wall rocks, can be found in the appendices (Tables C.5-C.7). Here

we look at 6 of those samples, two from each location, for which isocons were also

constructed for a qualitative visualisation of the element mobility (Figure 4.8).

On Scalpay, one muscovite phyllonite (OH-9) and one chlorite ultraphyllonite (OH-

21) were chosen for this evaluation. The chlorite ultraphyllonite experienced significant
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Figure 4.8: Isocons of samples described in Section 4.2. The isocons were constructed using

methods described in Chapter 2. 127
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gains of MgO (931%) and Fe2O3 (464%), along with losses (29 - 78%) of SiO2, K2O,

Na2O and CaO. The muscovite phyllonite similarly experienced large gains of MgO

and Fe2O3, however, considerably less at 154% and 122% respectively. The loss of

CaO was also similar to OH-21 (-70%), but the changes in K2O and Na2O were both

positive (< 20%). SiO2 remained fairly constant (-4.2%).

One chlorite ultraphyllonite (OH-40) and one muscovite ultraphyllonite (OH-42)

were also chosen from North Uist. The chlorite ultraphyllonite on North Uist, much

like on Scalpay, experienced drastic gains of MgO (1092%), a considerable increase in

Fe2O3 (282%) and a reduction in K2O, Na2O and CaO (70 - 94%). For the muscovite

ultraphyllonite, the only notable positive change was seen in K2O (155%), whereas

losses of Na2O (10%),CaO (94%), SiO2 (27%) as well as MgO (32%) occurred.

At Rubha Bolum, one phyllonite and one ultraphyllonite were chosen. Interestingly,

the phyllonite (OH-62) records higher changes in elemental concentrations than the

ultraphyllonite (OH-66), with gains of SiO2 (29%), Fe2O3 (65%), MgO (438%) and

CaO (200%) and K2O (25%), and a 56% loss of Na2O. The ultraphyllonite experienced

modest losses of Fe2O3 (3%), CaO (20%) and Na2O (5%), as well as gains of K2O

(77%) and SiO2 (4%).

The total mass changes for rocks from the OHFZ have a range from -17.7% to

+48.2%, with a low average of +8%. The highest mass changes are found in Rubha

Bolum, however, they are not the most highly retrogressed rocks, i.e. the ultraphyl-

lonites, but are found on the boundary between the Corodale Gneiss and the Usinish

Phyllonite and in the phyllonites in the middle of the transect. The samples with the

highest degree of retrogression, which are also the rocks with the most highly developed

fabric, have some of the lowest mass changes (< 2%; Figure 4.6; Table C.7).

4.4.2 Oxygen isotope compositions

Quartz vein δ18O

The quartz vein δ18O values from the OHFZ range from 11.5-16.1h with a mean value

of 13.4 ±1.5h (n= 6; Table 4.1; Figure 4.10). The majority of the sampled quartz veins

are from Scalpay, with only one from North Uist. This mirrors the occurrence of quartz
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veins in the field. Four of the quartz veins from Scalpay were obtained from within the

older, thrust related, mylonites, two from Cnoc na Chroic, ∼ 30 m SE of the phyllonite

zone described in Section 4.3.1, and two from near Kennavay. Kennavay is a similar

phyllonite zone as Cnoc na Chroic, located ∼ 1 km SE, and is also hosted in ductilely

deformed quartzofeldspathic orthogneiss. All quartz veins were oriented parallel to the

older mylonitic foliation, however, whereas the two samples from Kennavay displayed

a lineation in agreement with the kinematics of their thrust related host rock, the veins

from Cnoc na Chroic exhibited a strike-slip lineation, potentially due to reactivation.

The strike-slip Cnoc na Chroic quartz veins had δ18O values of 13.4 & 13.7h, and

the Kennavays quartz veins 11.5 & 12.5h. The remaining quartz vein from Scalpay

was from within the phyllonite zone, boudinaged between layers of sinistral muscovite

phyllonites, and had a higher δ18O value of 16.1h. The δ18O value of the quartz vein

from North Uist (13.4h) is similar to the quartz veins from Scalpay. This sample is

from a dismembered quartz vein, a ∼ 4 cm wide, ∼ 10 cm long, stretched out piece of

quartz, wrapped within the phyllonitic foliation, similar to the vein in Figure 4.5.

The quartz veins associated with sinistral strike-slip precipitated at temperatures of

∼ 300◦C, and the quartz veins related to the ductile thrusting at Scalpay precipitated

at temperatures of ∼ 500◦C. At these temperatures, the quartz-water fractionation

factor would have been approximately 6.0 and 2.5 respectively. The fluids from which

the quartz veins associated with the ductile thrusting on Scalpay precipitated thereby

had δ18O values ranging from 9.0-11.2h, while the fluids from which the strike-slip

quartz veins precipitated had δ18O values of 10.1h on Scalpay and 7.4h on North

Uist.

Whole-rock δ18O

The whole-rock samples have δ18O values ranging from 4.5 to 9.4h with a mean of

7.9 ±1.3h. They show a southward lowering trend of δ18O values, from Scalpay (8.0

±1.3h) to North Uist (7.9 ±0.7h) and further to South Uist (6.4 ±0.9h). There is

no strong correlation between δ18O values and degree of retrogression or mass change

(Figures 4.6b & c, 4.10 and 4.11).
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Figure 4.10: The ranges of δ18O values determined for samples from the OHFZ. Whole-rock

values in black and quartz veins in red. Also plotted (in blue) are calculated H2O compositions

for the quartz veins using the fractionation factor of Matsuhisa et al. (1979). Also shown

are the ranges of meteoric, metamorphic and magmatic waters, as well as typical I- & S-type

granite, and para- & orthogneiss whole-rock values. The dashed line part of the para- &

orthogneiss ranges are inferred to be affected by secondary processes. Values obtained from

the KMZ (Chapter 2) are shown for comparison. References and δ18O values for para- and

orthogneiss ranges are provided in Table D.1.
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4.5 Discussion

The kinematic history of the OHFZ can be divided into 4 main stages: 1) top to NW

ductile thrusting; 2) top to NW brittle thrusting; 3) sinistral strike-slip; and 4) top to

SE brittle and ductile dip-slip extension on detachment and normal faults. During the

strike-slip event, phyllonites were formed (Butler et al., 1995). The characteristics of

the orthogneiss host rock for these phyllonites varies along strike. Up north, on Scalpay,

the host rock constitutes a ductilely deformed quartzofeldspathic gneiss with minor

brittle overprint (stage 2). This same quartzofeldspathic gneiss also host phyllonites in

North Uist, however, here the brittle overprint (stage 2) in the host rock is significantly

more extensive. Further south, on South Uist, the host rock is more mafic, and again

displays less evidence of brittle deformation (stage 2) prior to phyllonite development.

These three host three different phyllonites, two of which are found on Scalpay and

North Uist, and one of which is found on South Uist. The ones found on Scalpay

and North Uist are chlorite and muscovite phyllonites. The muscovite phyllonite is

more widerspread, within which layers of chlorite phyllonite occur. Both the chlorite

and muscovite phyllonite contain interconnected layers of respective phyllosilicates,

aligned parallel to foliation. The phyllonites on South Uist also contain phyllosilicates,

however, they are not dominated by either chlorite or muscovite, but are a mixture of

muscovite, chlorite, phlogopite and stilpnomelane. Furthermore, these phyllosilicates
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occur predominantly with quartz and feldspar in a fine-grained, randomly distributed

mixture. Where they do form interconnected networks, they are only a few grains

thick, in contrast to the thicker layers further north.

4.5.1 Mineral reactions and mass transfer

The growth of chlorite and muscovite on Scalpay and North Uist, as a result of the

chemical alteration of hornblende and feldspars, can clearly be seen in the isocons as

an increase in MgO/FeO and K2O respectively. Feldspar alteration to muscovite in

the presence of water is a common occurrence in granitoid shear zones (Hippertt and

Hongn, 1998; Spruzeniece and Piazolo, 2015), as is the alteration of amphiboles to chlo-

rite in greenschist facies retrograde metamorphism (Treloar et al., 1990; Wartho et al.,

1996; Kolb et al., 2004). On South Uist, OH-62 shows a gain in CaO, which complies

well with the high amounts of epidote found by EDS mapping for that particular sam-

ple. Similar CaO gains relating to increase in epidote content were recorded in granitoid

mylonites in the Brevard shear zone in Northern California (Condie and Sinha, 1996).

Epidote is commonly found replacing pyroxene and plagioclase (Humphris and Thomp-

son, 1978). The alteration of calcic plagioclase to epidote also produces fine-grained

sodic plagioclase (Humphris and Thompson, 1978), which complies well with the in-

creasing amounts of fine-grained albite observed further east along the transect. The

epidote porphyroclasts may simply be a remnant from early alteration. The isocon for

the most highly phyllonitized sample on South Uist does not show much variation in

elemental concentrations or mass compared to the wall rock in the area, apart from

a slight increase in K2O. This is to be expected as the sample did not experience the

same amount of muscovite or chlorite growth as on North Uist and Scalpay. The al-

teration on South Uist seems to have been fairly isochemical, as the other samples

along the transect on South Uist did not experience major chemical or mass changes

either. The small variations are potentially explained by slight lithological variations.

Furthermore, the mass change does not show any correlation with δ18O, and neither

δ18O nor mass change correlates with the degree of phyllonitization (Figures 4.6d and

4.11). The reason for the more pervasive growth of phyllosilicates in North Uist and
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Scalpay compared to South Uist is not known. The prior metamorphism is similar

across the OHFZ, and the brittle precursors are similar on Scalpay and South Uist.

The difference may potentially be due to the more mafic host rock being less favourable

for phyllosilicate growth compared to the more felsic host rock on North Uist and Scal-

pay. An alternative explanation is that the fluid volumes and/or chemistry may have

been different, with higher fluid volumes further north to facilitate the growth of more

phyllosilicates (Wintsch et al., 1995).

4.5.2 Inferred rheology

The rheological behaviour of the two phyllonites on Scalpay and North Uist would have

been different to the phyllonite on South Uist. Further north, the layers of aligned and

interconnected phyllosilicates would have dominated the strength of the phyllonites.

Both low frictional strength between aligned phyllosilicates, potentially aided by pres-

sure solution, and easy basal slip in individual sheets would have rendered the rock weak

(Kronenberg et al., 1990; Bos and Spiers, 2002; Ikari et al., 2011). These phyllonites

also contain layers of quartz and feldspar. The undulose extinction, subgrains and

recrystallized grains suggest crystal plasticity was active in quartz (Hirth and Tullis,

1992). Electron backscatter diffraction was conducted on the sample, however, due

to the poor quality of the thin sections caused by impurities in the quartzofeldspathic

layers, the results were of a poor standard. The feldspar porphyroclasts that were not

altered deformed by fracturing and frictional mechanisms. On South Uist, the fine grain

size and random distribution of the minerals would have promoted grain size sensitive

deformation mechanisms (Fan et al., 1998; Warren and Hirth, 2006). Even though the

alignment of interconnected networks of phyllosilicates and grain size sensitive creep

was the dominant control on strength of the phyllonites on Scalpay/North Uist and

South Uist respectively, the phyllonites in all three locations experienced weakening

due to both of these mechanisms, as suggested by previous authors (Butler et al., 1995;

Imber et al., 2001). The presence of fluids would have enhanced the activity of grain

size sensitive creep, and consequently its weakening effect. The continued presence of

fluids would have allowed for continued growth of phyllosilicates (Wintsch et al., 1995)
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throughout the OHFZ, although to a lower degree in the South Uist. On Scalpay and

North Uist minor veining was associated with the phyllonites, however, on South Uist

no veins were observed. Evidence for elevated fluid pressure is thereby lacking in the

OHFZ.

4.5.3 Fluid sources

Previous studies on the OHFZ have qualitatively suggested large amounts of hydrous

fluids infiltrated the fault zone during sinistral strike-slip movement, allowing retro-

grade mineral reactions and the development of the phyllonitic zones now exhumed

along the eastern coast of the Outer Hebrides (Butler et al., 1995; Imber et al., 1997).

Whereas we agree that a fluid influx is needed to account for the observed retrograde

metamorphic and metasomatic mineral assemblages, and that fluids had a weakening

effect on the OHFZ, we do not think large volumes are needed. The minor veining and

lack of correlation between either δ18O values or mass change with degree of retrogres-

sion do not support large amounts of fluids. Imber (2001) suggested these fluids may

have been sourced from deeper crustal levels, raising the geothermal gradient along

the fault zone. The estimated depth range of brittle deformation (6-10 km; Sibson

et al., 2006) and the temperature estimates of phyllonite development (∼ 300◦C) are in

agreement with a slightly raised geothermal gradient, and thus support the hypothesis

of Imber et al. (2001).

Both at Scalpay and North Uist, the host rock is quartzofeldspathic orthogneiss. A

compilation of data from previous studies show that primary orthogneiss δ18O values

range from 5 and 12h. Most of the measured δ18O values are within this bracket

(5-10h), however, one sample is slightly lower (4.5h). A δ18O value of 4.5h could

potentially be achieved by the combination of a low orthogneiss interacting with low

δ18O metamorphic water. This seems like a more reasonable hypothesis than invoking

meteoric fluids. A meteoric fluid ingress in the amounts needed for the observed degree

of retrogression would have most likely lowered the whole-rock δ18O values below the

observed values. Low volumes of meteoric water may, nevertheless, have interacted with

the rocks without lowering their δ18O values to < 5h. Magmatic and/or metamorphic
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(lower end) fluids are, nevertheless, more likely. These fluids would not alter the δ18O

value of the rock, as they are expected to be similar to the expected values of the rocks.

The quartz veins associated with sinistral strike-slip precipitated at temperatures of

300-350◦C, and the quartz veins related to the ductile thrusting at Scalpay precipitated

at temperatures of ∼ 500◦C. At these temperatures, the quartz-water fractionation

factor would have been approximately 6.0h and 2.5h respectively (Matsuhisa et al.,

1979). The quartz veins associated with the ductile thrusting on Scalpay thereby had

δ18O values ranging from 9.0-11.2h while the water from which the strike-slip quartz

veins precipitated had δ18O values of 10.1h on Scalpay and 7.4h on North Uist. These

values suggest magmatic and/or low-metamorphic water for both events, with no sign

for meteoric water. Small amounts of meteoric water is however still a possibility and

may simply have been buffered by the rocks.

Previous authors have postulated that the change in kinematics from thrusting to

strike-slip caused a rise in fault zone permeability, allowing fluid infiltration (Butler

et al., 1995). Changes in the orientation of the principal stresses would also mean the

direction of fluid flow would be vertical rather than horizontal. More specifically, in

strike-slip settings, an earthquake rupture is expected to cause regions of coseismic

up-dip fluid flow (Sibson et al., 1975), offering a potential mechanism to get deeper

fluids into the OHFZ.

4.6 Conclusion

The OHFZ is an example of a crustal scale continental strike-slip fault that experi-

enced fluid induced weakening. Fluids facilitated weakening by promoting retrograde

metamorphic reactions and grain size sensitive creep. The metamorphic reactions both

reduced the grain size, creating favourable conditions for grain size sensitive creep, and

produced a weaker rock by growth of phyllosilicates. The isotopic signatures in the

fault rocks are compatible with a deep fluid source, as postulated before (Imber et al.,

2001). The effect of fluids was not the same along strike. Further north, on Scalpay

and North Uist, weakening through growth of weak minerals was dominant, whereas

on South Uist, grain size sensitive creep played a bigger role. This difference corre-
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lates with the difference in lithology, with both North Uist and Scalpay having the

same quartzofeldspathic orthogneiss protolith, and South Uist having a more mafic

orthogneiss. On the other hand, the differences do not correlate well with the pre-

existing structures of the host rocks, as North Uist has significantly more mesoscale

brittle features compared to both Scalpay and South Uist, which only display grain

scale fracturing. The exception here is quartz veins, which are absent on South Uist

and present, albeit in minor amounts, on North Uist and Scalpay. If veining may be

tentatively used as a proxy for fluid presence, this suggests fluid volumes also correlate

with the observed differences in weakening mechanism, with lower fluid volumes where

grain size sensitive creep was dominant compared to areas dominated by interconnected

phyllosilicates.
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5.1 General Discussion

This thesis is based on field work conducted in Namibia and Scotland, where two mid-

crustal retrograde shear zones have been exhumed, displaying localized high strain

zones containing retrograde mineral assemblages, requiring fluid presence during de-

formation. A combination of microstructural and geochemical methods, deployed on

samples collected in the field, allowed me to gain insights into the rheological evolu-

tion of environments similar to those potentially hosting slow slip and tremor in active

equivalents such as the San Andreas and Alpine faults.

5.1.1 Summary of research

The overall aim was to analyse the effect fluids have on retrograde shear zones during

progressive deformation, addressing the following questions:

Q1 What are the source/sources of fluids in continental retrograde shear zones?

Q2 What deformation mechanisms are active within mylonites in retrograde shear

zones and how are these mechanisms distributed in time and space?

Q3 What controls the strength of polyphase shear zones?

Here, I discuss how my research addressed these questions, before ending with a con-

clusion summarising my main findings, their broader implications and highlighting

potential future work.
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Q1: What are the source/sources of fluids in continental retrograde shear

zones?

Rocks in retrograde settings will have been previously dehydrated during higher-grade

metamorphism. Under retrograde conditions such rocks will consist of fluid-undersaturated

mineral assemblages that are incapable of producing fluids through dehydration reac-

tions, but that are capable of undergoing rehydration if external fluid addition were to

occur (Guiraud et al., 2001). Exhumed active and inactive retrograde fault zones like

the Median Tectonic Line (MTL; Japan; Jefferies et al., 2006), Karakoram Fault Zone

(India; Wallis et al., 2015), Outer Hebrides Fault Zone (OHFZ; Scotland; Butler et al.,

1995) and Kuckaus Mylonite Zone (KMZ; Namibia; Rennie et al., 2013; Diener et al.,

2016) nonetheless display retrograde mineral assemblages, requiring at least some flu-

ids to have been available during deformation. Furthermore, a fluid presence at depth

is commonly inferred for active retrograde faults based on geophysical observations

(Wannamaker et al., 2002; Türkoğlu et al., 2008; Ozacar and Zandt, 2009). Before

discussing the effects of fluids, we therefore first ask, where do the fluids in continental

retrograde shear zones come from?

As there is no local fluid source due to the likely dehydrated nature of rocks in

retrograde settings, any fluid presence in retrograde shear zones requires an external

source. As discussed in Section 2.6.1, potential end-member external fluid sources are

meteoric, metamorphic or magmatic. The fluid sources for the KMZ and OHFZ were

investigated using oxygen isotope analyses on quartz vein and whole-rock samples.

Very low δ18O values (-1.2 and 4.2h) of two synkinematic quartz veins in the KMZ

suggest at least some of the fluids which infiltrated KMZ, while actively deforming

at mid-crustal conditions, were sourced from the surface. As discussed in Section

2.6.1, magmatic and/or metamorphic fluid sources can not be ruled out, however, our

preferred hypothesis for the range of δ18O values observed in the KMZ (quartz veins:

-1.2-11.6h, whole-rock: 5.4-13.1h; Figure 2.12) is meteoric fluids having variable

exchange with rocks along the fluid pathway. In the OHFZ, on the other hand, the

range of δ18O values of quartz veins (11.5-16.1h; Figure 4.10) and whole-rock samples

(4.5-9.4h; Figure 4.10) point towards a magmatic and/or metamorphic fluid source
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(see Section 4.6.3). Whereas there are no unambiguous signs of meteoric fluids, a small

component of meteoric fluids may still have interacted with the rocks without lowering

them noticeably.

The OHFZ was localized mainly in orthogneisses which had experienced granulite

facies peak metamorphism (Cliff and Rex, 1989). The kinematic history of the OHFZ

spans 1 Ga, and the fault rocks associated with a fluid influx formed during the third

deformation stage out of four, preceded by a brittle stage (e.g., Butler et al., 1995;

Imber et al., 2001). This brittle precursor would have provided permeable pathways for

fluids to infiltrate the fault zone during lower greenschist facies deformation. The KMZ

also deformed orthogneisses at mid-crustal retrograde conditions after granulite facies

peak metamorphism, however, at slightly higher temperature and pressure (450-480◦C,

270-420 MPa; Diener et al., 2016). In contrast to the OHFZ, deformation in the KMZ

occurred in a discrete tectonic event (Diener et al., 2016), with no large scale brittle

precursor, affecting migmatitic gneisses. Deformation in the KMZ is thus thought

to have potentially initiated on favourably oriented pre-existing fabrics and around

stress risers such as the central leucogranite body (Rennie et al., 2013), without the

weakening that retrograde reactions may facilitate. At this stage, deformation occurred

by frictional-viscous flow (see Section 3.5), during which creep cavitation (Fusseis et al.,

2009; Menegon et al., 2015) and grain boundary dissolution porosity (Billia et al., 2013)

potentially provided the permeable porosity needed for fluid flow to infiltrate the shear

zone and initiate retrograde reactions.

As discussed in Section 2.6.1, previous studies have proposed various models of

getting meteoric fluids down to and below the frictional-viscous transition (Lobato

et al., 1983; McCaig, 1988; Barker et al., 2000; Clark et al., 2006; Menzies et al.,

2014; Hartman et al., 2018). These mostly rely on features, specific to their tectonic

setting, such as overthrusting of metamorphosed rocks over unmetamorphosed rocks

(Lobato et al., 1983), or seismic pumping of fluids down a shallow decollement (McCaig,

1988). Such features are not believed to be present in the KMZ (Diener et al., 2016).

In the transpressive Alpine Fault, New Zealand, the hydraulic head created by the

Southern Alps drives deep circulation of large volumes of meteoric waters (6-8 km, 107

to 109 m3/yr; Koons and Craw, 1991; Menzies et al., 2014). Although the KMZ was
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active at almost twice the maximum depth of fluid infiltration in the Alpine Fault, a

topographic effect may also have played a role in the KMZ, potentially in conjunction

with downward propagation of earthquake ruptures from the brittle crust above, which

may have episodically enhanced the permeability (Ellis and Stöckhert, 2004; Jamtveit

et al., 2019).

In the OHFZ, on the other hand, the pre-existing brittle structures would have been

able to facilitate large fluxes of the envisaged metamorphic or magmatic fluids. Large

fluid fluxes have previously been suggested for the OHFZ (Butler et al., 1995; Imber

et al., 1997), and Imber et al. (2001) envisaged warm fluids from depth that would

have elevated the geothermal gradient. Furthermore, both magmatic and metamorphic

sources have been proposed for other retrograde settings, for example along the San

Andreas Fault Zone both mantle degassing (Kennedy et al., 1997) and metamorphic

dehydration of associated lithologies undergoing prograde metamorphism (Irwin and

Barnes, 1975; Fulton et al., 2009) have been suggested.

In the KMZ, as well as the OHFZ, rocks retain the effect of their protoliths, with

little variation in both δ18O values and whole-rock major element chemistry across

transects over the studied high strain zones, implying little fluid-rock interaction. To-

gether with a scarcity of veins, this suggests fluid/rock ratios remained low. The higher

degrees of phyllosilicate growth in the OHFZ compared to the KMZ does suggest rel-

atively higher amounts of fluids during the strike-slip stage of the OHFZ compared to

the lifetime of the KMZ. This seems likely considering the brittle nature of the host

rock in the OHFZ compared to the primarily viscously deforming KMZ.

The possible sources for fluids in the KMZ and OHFZ are not well known, however,

the KMZ serves as a good example of how meteoric fluids can reach the primarily

viscously deforming middle to lower crust, and the OHFZ serves as an example of influx

of metamorphic and/or magmatic fluids into a retrograde fault zone. Furthermore, it

is worth highlighting that neither fault zone contained abundant veining, suggesting

fluid pressures remained low.

However, if the fluids did not induce weakening by elevating fluid pressure and

reducing effective normal stress, did they have other weakening effects? This will be

addressed in the following section.
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Q2: What effects do influx of fluids have on retrograde shear zones with

progressive deformation?

A fluid presence in retrograde shear zones is associated with a number of weakening

mechanisms (Etheridge et al., 1983; Hickman et al., 1995; Wintsch et al., 1995). The

obvious weakening mechanism associated with fluids is the retrograde metamorphic

reactions they facilitate (Wintsch et al., 1995; Imber et al., 1997; McAleer et al., 2017).

Retrograde metamorphic reactions both replace stronger minerals with weaker miner-

als, and reduce the grain size, just like metasomatic reactions do (White and Knipe,

1978; Kilian et al., 2011). As reported by Milke et al. (2013), only very small amounts

of H2O is needed to enhance the growth rates of transport-controlled reactions, which

in itself may produce nanoscale porosity (Plümper et al., 2017).

The main metasomatism in the KMZ and OHFZ included breakdown of feldspar, bi-

otite, amphibole and pyroxene to form phyllosilicates, epidote, actinolite and neoblasts

of feldspar and quartz. The breakdown of feldspar and biotite in the presence of water,

to form muscovite as well as neoblasts of feldspar and quartz, has been reported from

other mid-crustal granitoid shear zones (Stünitz and Tullis, 2001; Hippertt and Hongn,

1998; Park et al., 2006; Spruzeniece and Piazolo, 2015) and conforms well with the

general trend observed in the bulk rock geochemistry in the KMZ (see Section 2.5).

The alteration of amphibole to chlorite is also common in greenschist facies retrograde

metamorphism (Treloar et al., 1990; Wartho et al., 1996; Kolb et al., 2004).

The growth of phyllosilicates was much more pervasive in parts of the OHFZ com-

pared to the KMZ. Especially on Scalpay and North Uist where the more felsic host

rock, compared to South Uist, was most similar to the quartzofeldspathic host rock

in the KMZ. This may be due to higher fluid volumes or potentially due to a differ-

ence in the reactivity of the fluids, if the origin was different in either place (Wintsch

et al., 1995). Even lower confining pressures and temperatures might have had a role

by offering more favourable conditions for growth of chlorite (Wintsch et al., 1995).

Lower confining pressures seem likely for the OHFZ as fluid influx and retrogression

there overprinted brittle structures, formed at estimated depths of 5-10 km (Sibson

et al., 2006), as opposed to ductile structures and deformation at ∼ 15 km in the
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KMZ. The temperature in the KMZ during deformation was around the transition

from amphibolite- to greenschist facies (450-480◦C), wheras the strike-slip stage of the

OHFZ occurred at temperatures ∼ 100◦C cooler. The host rocks in the KMZ are

best compared against the host rocks on Scalpay, where the phyllonites occur within

mylonites associated with the earlier episode of ductile thrusting. However, even on

Scalpay, the permeability would have likely been higher compared to the KMZ, due to

higher degree of grain scale fracturing. As discussed in Section 1.1.4, increased perme-

ability would have allowed for faster fluid transfer rates compared to the syntectonic

permeable porosity envisaged for the KMZ. Assuming a readily available fluid source,

higher fluid volumes are therefore a likely explanation for more pervasive phyllosilicate

growth on Scalpay compared to the KMZ.

South Uist, like the KMZ, does not either show a similar pervasive growth of phyl-

losilicates as further north. This variation along strike of the OHFZ could potentially

be due to variability in fluid volumes along strike or a compositional effect. However,

even on South Uist, the most highly strained rocks have interconnected networks of

phyllosilcates, albeit only a few grains wide and within a fine-grained mixture much

like the ultramylonitic mixture in the KMZ. South Uist is thereby the location where

the fluid effect is most like in the KMZ. On South Uist, the lower fluid volumes, com-

pared to North Uist and Scalpay, increased the relative importance of the fluids role

in enhancing grain size sensitive creep compared to the weakening effect of phyllosili-

cate growth. The same occurred in the KMZ, only more severely, as described in the

following section.

The growth of phyllosilicates is also more localized in the KMZ compared to the

OHFZ. As the growth of phyllosilicates require rehydration of the rocks, it follows that

the difference may be explained simply by the differences in permeability structure in

the two shear zones. The wide brittle precursor in the OHFZ, allowing a more dispersed

infiltration of fluids, compared to the likely dynamic porosity in narrow, anastomosing,

high strain zones in the KMZ, potentially transiently enhanced by downward propa-

gating earthquake ruptures, allowing episodic fluid ingress.
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Relative importance of weakening mechanisms with time

In the OHFZ, in the phyllonite zones on Scalpay and North Uist, the phyllosilicate

growth was so pervasive that in the most highly strained rocks they constitute the

volumetrically dominant phase. Furthermore, the phyllosilicates form aligned and in-

terconnected layers that imply an even greater weakening effect by allowing easy slip

along grain boundaries (Ikari et al., 2011), with low friction if aided by pressure solu-

tion (Bos and Spiers, 2002), in addition to easy crystal plastic slip on the basal planes

(Kronenberg et al., 1990). The degree of alignment and interconnectedness would have

been more important on South Uist, where phyllosilicate growth was not as pervasive

(see Section 4.3). Here, grain size sensitive creep in the presence of fluid would have also

had an effect on the rheology. The volumetrically most important weakening mech-

anism in high strain zones along the length of the OHFZ is, nonetheless, an increase

in vol. % phyllosilicates with proximity to the most highly strained rocks. As these

viscously deforming phyllonites overprinted brittle fault rocks, the fluid influx thereby

resulted in a shallowing of the frictional-viscous transition for the OHFZ (see Section

1.1.1).

At the early stages of the shear zone evolution in the KMZ, deformation would have

occurred by frictional-viscous flow, with crystal-plastic quartz and frictional feldspar

governing the rheology. At this stage hydrolytic weakening of quartz likely played a

role, enhancing crystal plasticity and dynamic recrystallization, which would have re-

duced the grain size as described in Section 1.1.4. Schmid and Handy (1991) proposed

that cataclasis in the frictional regime, dynamic recrystallization in the viscous regime,

or metamorphic reactions in the frictional or viscous regime could trigger grain size

sensitive creep. In the KMZ, the frictional grain size reduction of feldspars in con-

junction with dynamic recrystallization of quartz would thereby have enhanced grain

size sensitive deformation mechanisms. Transitions from dominantly brittle to domi-

nantly viscous deformation has been shown both experimentally (Marti et al., 2017)

and in naturally deformed samples (Viegas et al., 2016). The greatest initial weakening

effect in the KMZ was, however, induced by retrograde and metasomatic alteration.

From the protomylonite to the mylonite, the growth and alignment of phyllosilicates

into interconnected networks was the dominant weakening mechanism. With increas-
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ing strain/time, and consequent increased degree of retrogression and metasomatism,

the importance of grain size reduction became greater. Eventually, the interconnected

networks of aligned phyllosilicates was broken down by a weaker, fine-grained, matrix

deforming by grain size sensitive creep. The KMZ thus serves as a good example of a

shear zone where multiple deformation mechanisms are active simultaneously, as dis-

cussed in Section 3.5. Furthermore, it highlights how deformation mechanism maps

(Figure 1.4) only denote the dominant mechanism, as diffusion creep was active from

the initiation of shearing, but only became dominant when grain sizes had sufficiently

reduced. Whereas studies have shown how diffusion creep and dislocation creep may

act to enhance each other (Bestmann and Prior, 2003), in the KMZ, pinning in the

polyphase mixture would have kept the bulk rock deforming comfortably in the diffu-

sion creep fields. Furthermore, while existing studies on the weakening effects of grain

size reduction typically consider granitic fine-grained polyphase mixtures against their

less deformed equivalents with larger grain sizes (Kilian et al., 2011; Viegas et al., 2016),

in this thesis, we describe a natural example where interconnected phyllosilicate net-

works in a mylonite are disaggregated within a weaker fine-grained polyphase mixture,

ultimately leading to further strain localization and the formation of ultramylonites.

We thereby demonstrate how grain size reduction may be a more efficient weakening

mechanism than the replacement of strong minerals by weaker ones.

The control on strain localization thereby differs quite significantly between the

KMZ and the OHFZ. In the OHFZ growth of phyllosilicates is what allows weakening

and controls rheology, with addition of a component of fluid-assisted grain size sen-

sitive creep. Here, assuming amounts of fluids and phyllosilicates are correlated, the

infiltration of fluid seems to be the controlling factor, with an increase of phyllosilicates

towards the cores of the high strain zones. In the KMZ, on the other hand, the growth

and subsequent alignment of phyllosilicates into interconnected networks only had an

incipient role in strain localization. Further localization was accommodated by a fine-

grained mixture deforming by fluid enhanced grain size sensitive creep. As discussed in

Section 3.7, our preferred interpretation is that progressive strain was the main driver in

the evolution of the highly localized ultramylonites. This conforms with Cross and Ske-

mer (2017) mechanical and geometric mechanism for developing fine-grained polyphase
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ultramylonites by dissagregation during progressive shear strain. Whereas their model

is based on experimentally deformed calcite-anhydrite composites, we show an example

of a naturally deformed rock in which interconnected networks of phyllosilicates are

disaggregated by a fine-grained mixture of all constituent phases. The observations

from KMZ thus illustrate how drastic weakness can be obtained even by low fluid

volumes, as merely a fluid presence is needed to enhance grain size sensitive creep by

facilitating retrograde and metasomatic reactions and enhancing diffusional processes.

This is not, however, restricted to retrograde shear zones. As long as grain size is

sufficiently small, a fluid presence during deformation of a polyphase mixture would

enhance the weakness no matter how the grain size reduction was achieved.

The reason why a switch to grain size sensitive creep did not occur in the OHFZ

is not known. One explanation may be that the strains were not high enough to

break down the interconnected phyllosilicate networks, however, as we do not currently

know the strains for the KMZ or the OHFZ, this remains to be answered. Another

explanation may be that the ratio of phyllosilicates to fine-grained mixture was simply

too high in the OHFZ for the fine-grained polyphase mixture to be able to break down

and supplant the interconnected phyllosilicate networks.

Q3: What is the strength of polyphase shear zones?

Our understanding of the strength of the lithosphere comes from experimental data on

single-phase materials, such as feldspar, quartz and olivine (see Section 1.1.1; Hirth

and Kohlstedt, 2003; Rutter and Brodie, 2004a,b; Rybacki et al., 2006). As discussed in

Section 1.1.1, the strength distribution of the lithosphere may, however, be controlled

by weak plate boundary zones (Bürgmann and Dresen, 2008; Fagereng and Biggs,

2018). The KMZ and OHFZ represent such crustal scale shear zones, and therefore,

understanding their rheology is beneficial when assessing lithospheric strengths.

In Section 1.1.6 we discuss the critical effects of heterogeneities, such as multi-

phase composition and interconnected weak layers, on determining the strength of

polyphase rocks. Our observations in the Kuckaus Mylonite Zone, outlined in Chapter

3, display this nicely, showing how the strain is distributed differently between the con-
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stituent minerals of the bulk rocks due to their different strengths and spatial configura-

tion. Quartz is the weaker phase in the protomylonite with frictional feldspar, but the

stronger phase in the mylonite with interconnected phyllosilicates. Even qualitatively,

the difference in strain partitioning is clear, with quartz in the mylonite displaying

finer recrystallized grain sizes than in the protomylonite. This would suggest higher

differential stresses for the quartz in the mylonite compared to the protomylonite and

be opposite to the expected. Caution is therefore needed when estimating strengths

of polyphase rocks based on single phase parameters. We obtained more appropriate

strength estimates, showing a decrease in strength from the protomylonite to the my-

lonite, by correcting for frictional feldspar and weak phyllosilicates using mixing laws

and the volume proportions of the minerals, together with laboratory derived flow laws

and the stress estimates for quartz. The importance of the interconnected nature of

phyllosilicates is well demonstrated in the KMZ, where < 20 vol. % phyllosilicates was

likely a dominant control on the bulk rock rheology in the mylonite. In most of the

phyllonites in the OHFZ, the phyllosilicate content was significantly higher than this,

and the rheology would therefore have been controlled by the phyllosilicates.

With decreasing grain size, the effect of grain size sensitive creep increases. This is

also well displayed in the KMZ, where the highest strained rocks comprise a fine-grained

mixture of all constituent phases of the rocks, deforming by grain size sensitive creep.

The localization of strain in ultramylonites demonstrates how fine-grained polyphase

mixtures can be weaker than interconnected phyllosilicate networks. This contradicts

the common assumption that interconnected layers of phyllosilicates is the weakest

state a shear zone can reach (Shea and Kronenberg, 1993; Handy, 1994; Montési,

2013). Grain size may thus be even more important than mineralogy in controlling

strengths in the lithosphere. The importance of grain size has previously been shown as

important for both continental and oceanic lithosphere (e.g., Rutter and Brodie, 1988;

Warren and Hirth, 2006; Platt and Behr, 2011a). Although grain size may be a more

dominant control on rock strength, the polyphase nature of the rock is, nonetheless,

important in keeping the grain size small. Furthermore, either a fine-grained precursor

or a mechanism for reducing the grain size is needed. Handy et al. (1999) suggests as

little as 10% interconnected weak material is enough to control bulk rock rheology. The
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volume proportion of the polyphase mixture was higher than that before it became the

dominant control on rock strength in the KMZ, however, it was disconnected, occurring

for example in porphyroclast pressure shadows. The interconnected nature is, thereby,

still crucial in determining the strength of a polyphase rock, whether it is composition

or grain size that controls the weakness. Furthermore, if polyphase mixtures are weaker

than their constituent minerals (Wheeler, 1992), as suggested for the KMZ (Chapter

3), then quantifying their strength using existing flow laws and material parameters

will result in overestimates.

The strength of fine-grained mixtures is potentially controlled to a high degree

by the nature of the fluid influx, which in retrograde settings may well be sporadic.

Furthermore, if the deformation of viscous mixtures is what creates the permeability

which allows fluid flow, then the permeability, and resulting weakness due to fluid

presence, will only exist while the shear zone is active (Tullis et al., 1996). During

inactive periods, the fine-grained mixture may become quite cohesive. This may explain

some of the range in strengths estimated for retrograde faults, as discusssed in Section

1.1.7. For the specific example of the Kuckaus Mylonite Zone, the long term strength of

the ultramylonitic mixture compared to the interconnected networks of phyllosilicates

is interesting, and will depend to a degree on the conditions of reactivation. A likely

scenario however, would be that the interconnected phyllosilicate networks are weaker

than the fine-grained mixture if reactivated in the colder and shallower frictional regime.

Likewise, the greater amounts of phyllosilicates in the OHFZ compared to the KMZ,

potentially means the long term weakness is greater.

Implications for active shear zones

In the mid- to lower crustal region of several active shear zones, tectonic tremor and

slow slip are commonly inferred to represent mixed frictional viscous deformation at

conditions of low effective stresses, sensitive to small perturbations (Skarbek et al.,

2012; Thomas et al., 2009). Such slow slip events are most commonly observed in pro-

grade metamorphic settings, like subduction zones, and abundant veining, exposed in

exhumed subduction melanges has been interpreted as their potential geologic product
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(Meneghini and Moore, 2007; Ujiie et al., 2018). A fluid presence at depth is there-

fore often interpreted as high pore fluid pressure, which could induce the observed

fracturing. In prograde settings, this is highly probable, as the deforming lithologies

constitute a local fluid source by releasing fluids as a result of the breakdown of hy-

drous minerals such as lawsonite, chlorite or amphibole (Peacock, 1990; Fagereng and

Diener, 2011a). Recent geophysical records from active retrograde faults such as the

San Andreas Fault Zone (California), Haiyuan Fault Zone (China) and the Alpine Fault

(New Zealand), also show a range of seismic styles, from steady, plate boundary rate

creep, through transient aseismic slip, to intermittent swarms of seismically detectable

tremors, highlighting localized structures at and below the brittle-viscous transition

(Shelly and Hardebeck, 2010; Jolivet et al., 2012; Wech et al., 2012). However, is the

same explanation of high fluid pressures valid for retrograde settings, or may the similar

geophysical records be induced by other mechanisms?

As discussed above, both the KMZ and OHFZ require an external fluid source to

explain the observed structure and mineralogy, in turn requiring at least a transient

permeability, reducing the possibility of elevated fluid pressures. Retrograde settings

also generally consume water (Jamtveit et al., 1990; Dipple and Ferry, 1992), meaning

whatever fluids would manage to infiltrate, would immediately be consumed by retro-

grade reactions, further reducing the probability of high fluid pressures. Furthermore,

the fluid volumes in retrograde settings are likely to be low, as observed in the KMZ

and OHFZ. The chance that high fluid pressures is what causes the weakening effect

in retrograde settings is therefore unlikely, and will only be possible after significant

weakening has already occurred, or transiently during a pulse of fluid influx in which

fluid consumption is slower than infiltration. The lack of quartz veins in both the KMZ

and OHFZ is consistent with this. In retrograde settings a fluid presence at the tremor

source is more likely to induce the required weakening by facilitating retrograde reac-

tions and grain size sensitive deformation mechanisms as suggested here for the KMZ

and OHFZ. The OHFZ likely experienced higher volumes of fluid ingress compared

to the KMZ, the OHFZ may therefore represent an exhumed analogue of active shear

zones which are expected to be wet, like the Alpine Fault and San Andreas Fault Zone

(Kennedy et al., 1997; Becken and Ritter, 2012; Menzies et al., 2016), whereas the
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KMZ may represent shear zones in which lower fluid volumes are envisaged, or where

a fluid source is less obvious, e.g. the Haiyuan Fault (Jolivet et al., 2015).

5.2 Conclusion and future work

The overall aim of this thesis was to investigate the effect influx of fluids have on ret-

rograde shear zones during progressive deformation. To address this aim, I conducted

field work, including whole-rock and quartz vein sampling, followed by microstruc-

tural and geochemical analyses, on the Kuckaus Mylonite Zone (KMZ) and the Outer

Hebrides Fault Zone(OHFZ). The main conclusions are:

• The growth and development of interconnected networks of phyllosilicates may

result in compositionally weak shear zones, but only where sufficient fluid influx

allows such networks to be developed and maintained.

• Deformation in km-scale mid- to lower crustal shear zones can be localized into

less than 10 cm wide anastomosing ultramylonites zones, comprised of polyphase

fine-grained mixtures, within wider phyllosilicate rich mylonites.

• At least some of the fluids that infiltrated the KMZ, while actively deforming by

frictional-viscous mechanisms in the middle to lower crust, were sourced from the

surface. The fluid influx in the OHFZ, on the other hand, likely had a magmatic

and/or metamorphic origin.

• The scarcity of hydrothermal veins in both the KMZ and OHFZ suggests lack

of fluid-induced fracture and precipitation, and that low effective normal stresses

were not a key factor facilitating weakening here, or in analogous active retrograde

shear zones.

• The greatest weakening effect of fluids in retrograde shear zones may be the reac-

tions they facilitate. Both retrograde metamorphism and metasomatic alteration

replace strong minerals with weaker minerals at reduced grain size, resulting in

a weaker shear zone.
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• In the presence of fluids, grain size may have an even greater control on litho-

spheric strength than composition, with fluid-assisted grain size sensitive creep

as a key mechanism controlling rheology in the middle to lower crust in some

locations.

• Even small fluid volumes can induce drastic weakening in retrograde shear zones

by facilitating growth of weak phases, reducing grain size and enhancing grain

size sensitive creep.

• For better estimates of crustal strengths, stresses calculated using quartz pa-

leopiezometry should be used in conjunction with mineral volume proportions

and laboratory derived flow laws, to obtain bulk rock strengths as opposed to

strengths of constituent minerals.

Future work

In the KMZ growth and development of networks of aligned and interconnected phyl-

losilicates induced incipient weakening. The cores of local high strain zones, however,

comprise a fine-grained mixture of the constituent minerals of the rock. In the OHFZ,

on the other hand, continued increase of phyllosilicate content is observed from the

margins into the cores of high strain zones. This raises questions about the relative

weakness of the two shear zones. Are fine-grained polyphase mixtures or interconnected

networks of phyllosilicates weaker?

To address this question, rock samples from each shear zone could be deformed

experimentally under different fluid, temperature and pressure conditions. This would

also provide information about the long term strength of the KMZ and OHFZ. Fur-

thermore, the relative strength of the rocks along the sampled transects over the local

high strain zones in the KMZ would be interesting to investigate. A hypothesis might

be that even though the fine-grained mixture was weaker than the interconnected phyl-

losilicates during active deformation at mid- to lower crustal fluid bearing conditions,

the opposite may be true if reactivated in the frictional regime.
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Additionally, the permeability/porosity of these same samples in 3D would also

be interesting to investigate as it would have had an effect on the fluid volumes with

subsequent effect on development of phyllosilicates, grain size reduction and grain size

sensitive creep. A comparison of the differences in permeability between the KMZ and

OHFZ, as well as along strike in the OHFZ, could then also be made more quantita-

tively. This would be possible using, for example, synchrotron X-ray microtomography.

Another question relates to the role of retrograde and metasomatic reactions in the

KMZ. Viegas et al. (2016) showed how brittle grain size reduction of feldspar resulted

in a polyphase mixture deforming by grain size sensitive creep. This mixture of mainly

plagioclase and K-feldspar also contained minor quartz precipitated in cavities. Would

grain size reduction by fracturing and frictional deformation in feldspar together with

dynamic recrystallization in quartz, in the KMZ, ultimately have reached an equally

weak polyphase mixture as it did with fluid induced reaction weakening? Does an

increase in different minerals increase the pinning effect, keeping the grain size finer,

resulting in a weaker mixture compared to fewer different minerals, or does it merely

speed up the weakening process?

This brings us to the question about the strength of fine-grained mixtures. If a

fine-grained mixture may be weaker than any of its constituent minerals, then how

can we presume that a strength based on the volume proportions of the minerals in

the mixture adequately represents its strength? Perhaps calculations based more on

the deformation mechanisms/processes active in the fine-grained mixture deforming

at mid-crustal, fluid bearing conditions would be worth considering when a certain

threshold grain size is reached, after which grain size is a greater control on strength

than composition.

Additionally, the controls on phyllosilicate growth along strike of the OHFZ should

be further investigated. The more pervasive phyllosilicate growth further north may

be due to a simple host rock effect, but could also for example be due to fluid vol-

umes, sources and/or compositions. For this purpose, in conjunction with quantitative

fluid estimates, a more detailed study of the variability of pre-existing brittle struc-

tures along strike of the OHFZ should be conducted. Constraining any variation in the

temperatures of the strike-slip stage of deformation for the three locations, using for
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example chlorite thermometry, would, in turn, allow more precise quartz-water frac-

tionation factors, potentially revealing some along strike variability in the fluid sources.

More transects across additional phyllonite zones in both mafic and felsic host rocks

would also help to constrain the differences along strike of the OHFZ and would al-

low another attempt at quantifying stresses based on quartz paleopiezometry and the

method used in Chapter 3.

With more field work in both locations, strain estimates might be obtained. Strain

estimates may support our hypothesis that progressive strain was the main driver of

strain localization in the KMZ and suggest whether a lack of strain may be the reason

why a similar switch from interconnected phyllosilicate layers to fine-grained mixtures

did not occur in the OHFZ.

Furthermore, studies of exhumed shear zones in which the potential fluid source

is well known are needed to better constrain controls on fluid source. A potential

candidate for this may be, for example, the Karakoram Fault Zone in India, where a

fluid influx and retrograde reactions allowed weakening by growth of phyllosilicates at

mid-crustal frictional-viscous conditions (Wallis et al., 2015).
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Tenczer, V., Powell, R., and Stüwe, K. (2006). Evolution of H2O content in a poly-

metamorphic terrane: the Plattengneiss Shear Zone (Koralpe, Austria). Journal of

Metamorphic Geology , 24 (4), 281–295.

Thomas, A. M., Nadeau, R. M., and Bürgmann, R. (2009). Tremor-tide correlations

and near-lithostatic pore pressure on the deep San Andreas fault. Nature, 462 (7276),

1048.

Thomas, R., Agenbacht, A., Cornell, D., and Moore, J. (1994). The Kibaran of southern

Africa: tectonic evolution and metallogeny. Ore Geology Reviews , 9 (2), 131–160.

Tielke, J. A., Hansen, L. N., Tasaka, M., Meyers, C., Zimmerman, M. E., and Kohlst-

edt, D. L. (2016). Observations of grain size sensitive power law creep of olivine

aggregates over a large range of lattice-preferred orientation strength. Journal of

Geophysical Research: Solid Earth, 121 (2), 506–516.

Treloar, P., Brodie, K., Coward, M., Jan, M., Khan, M., Knipe, R., Rex, D., and

Williams, M. (1990). The evolution of the Kamila shear zone, Kohistan, Pakistan.

In Exposed cross-sections of the continental crust, 175–214. Springer.

Tullis, J., Christie, J. M., and Griggs, D. T. (1973). Microstructures and preferred

orientations of experimentally deformed quartzites. Geological Society of America

Bulletin, 84 (1), 297–314.

Tullis, J., Dell’Angelo, L., and Yund, R. A. (1990). Ductile shear zones from brit-

tle precursors in feldspathic rocks: the role of dynamic recrystallization. In The

brittle-ductile transition in rocks, Volume 56, 67–82. American Geophysical Union

Washington, DC.

Tullis, J., Snoke, A., and Todd, V. (1982). Significance and petrogenesis of mylonitic

rocks (Penrose Conference Report). Geology , 10, 227–230.

Tullis, J., Yund, R., and Farver, J. (1996). Deformation-enhanced fluid distribution in

feldspar aggregates and implications for ductile shear zones. Geology , 24 (1), 63–66.

179



Tullis, J. and Yund, R. A. (1980). Hydrolytic weakening of experimentally deformed

Westerly granite and Hale albite rock. Journal of Structural Geology , 2 (4), 439–451.

Tullis, J. and Yund, R. A. (1985). Dynamic recrystallization of feldspar: A mechanism

for ductile shear zone formation. Geology , 13 (4), 238–241.
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Appendix A

Additional isocons

Figure A.1 contains additional isocons to support Section 2.5. The method used to

construct the isocons is outlined in the same section.
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Figure A.1: Additional isocons for Chapter 2
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Appendix B

X-ray fluorescence data

Tables B.1 to B.7 contain bulk whole-rock major, minor and trace element compositions

for rocks in the Kuckaus Mylonite Zone and the Outer Hebrides Fault Zone. Methods

used for the measurements can be found in Section 2.4.2.
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Table B.1: XRF results for Area A, KMZ

Area A
Sample 2 3 4 5 7 8 9 10 11 12
(wt.%)

SiO2 72.35 74.38 73.06 77.25 75.01 72.85 63.64 70.98 73.57 62.16

TiO2 0.20 0.13 0.20 0.05 0.07 0.05 0.63 0.28 0.11 0.61

Al2O3 14.04 13.90 13.99 12.53 12.83 15.04 14.55 13.92 13.81 14.76

Fe2O3 1.79 1.31 1.66 0.76 0.78 0.77 5.18 2.39 0.78 6.23

MnO 0.04 0.03 0.02 0.03 0.01 0.01 0.15 0.02 0.01 0.15
MgO 0.30 0.25 0.26 0.07 0.15 -0.02 2.84 0.35 0.19 3.18
CaO 1.10 0.66 0.47 0.09 0.06 0.09 3.96 0.85 0.17 4.52

Na2O 2.58 3.37 2.77 2.84 0.28 6.49 2.76 2.44 2.24 2.81

K2O 6.19 4.29 5.45 5.07 9.92 3.08 3.68 6.51 7.46 3.14

P2O5 0.26 0.11 0.11 0.05 0.02 0.02 0.23 0.10 0.03 0.19

SO3 - - - - - - 0.01 - - 0.02

Cr2O3 - - - - - - 0.02 - 0.02 0.01

NiO 0.01 0.01 0.01 0.01 0.01 0.01 0.02 0.01 0.03 0.01

H2O
- 0.20 0.23 0.31 0.15 0.15 0.22 0.12 0.19 0.05 0.08

LOI 0.62 0.84 1.09 0.54 0.60 0.43 1.34 0.90 0.62 1.17
Total 99.67 99.52 99.41 99.45 99.90 99.04 99.12 98.95 99.08 99.04
(ppm)
Zn 38 25 20 68
Cu <5 <5 16 <5
Ni <5 <5 <5 14
Mo <5 <5 <5 <5
Nb 11 12 12 17
Zr 125 151 274 182
Y 17 53 10 51
Sr 125 143 244 406
Rb 225 183 181 112
U <5 <5 <5 <5
Th 15 37 41 12
Pb 40 42 42 17
Co <5 <5 <5 18
Mn 270 185 185 1237
Cr 18 16 15 90
V 24 19 34 120
F 393 362 314 881
S 289 358 275 367
Cl 142 107 112 168
Sc 5 6 5 20
Ba 598 597 1291 950
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Table B.2: XRF results for Area B, KMZ

Area B
Sample 39 39 40 41 42 43 44 46 47
(wt.%)

SiO2 88.78 88.75 71.70 72.89 72.21 76.30 77.34 71.34 79.80

TiO2 0.14 0.13 0.29 0.23 0.28 0.14 0.13 0.07 0.30

Al2O3 4.84 4.56 13.80 13.96 14.18 11.78 11.33 15.22 9.12

Fe2O3 1.43 1.34 2.36 1.73 2.28 1.22 1.62 0.61 2.56

MnO 0.02 0.02 0.03 0.01 0.02 0.02 0.02 0.03 0.03
MgO 0.18 0.20 0.55 0.34 0.45 0.37 0.28 0.24 0.41
CaO 0.15 0.15 0.31 0.14 0.10 0.24 0.10 0.11 0.14

Na2O 0.75 0.76 3.24 3.10 3.47 2.01 0.97 3.33 0.25

K2O 2.35 2.21 6.05 5.19 4.61 6.32 6.79 7.44 4.90

P2O5 0.07 0.07 0.10 0.07 0.04 0.18 0.10 0.04 0.15

SO3 0.02 0.00 0.00 0.01 0.01 0.00 0.00 0.00 0.00

Cr2O3 0.02 0.00 0.00 0.00 0.00 0.00 0.00 0.00 0.00

NiO 0.06 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01

H2O
- 0.02 0.07 0.07 0.12 0.17 0.06 0.08 0.08 0.10

LOI 0.53 0.58 0.73 1.38 1.40 0.66 0.79 0.58 1.15
Total 99.36 98.86 99.24 99.17 99.22 99.31 99.56 99.10 98.92
(ppm)
Zn 10 10 26 23 31 42
Cu 6 6 <5 <5 <5 <5
Ni <5 <5 <5 <5 <5 <5
Mo <5 <5 <5 <5 <5 <5
Nb <5 <5 13 15 16 18
Zr 123 123 278 177 240 151
Y 8 8 35 39 37 12
Sr 46 46 126 89 87 59
Rb 73 73 175 250 237 248
U <5 <5 8 <5 5 <5
Th <5 <5 86 42 55 22
Pb 16 16 47 27 30 26
Co <5 <5 <5 <5 <5 <5
Mn 160 160 246 78 114 249
Cr 39 39 13 10 13 32
V 19 19 30 27 34 23
F 395 395 369 358 361 465
S 411 411 267 459 308 276
Cl 230 230 105 100 97 93
Sc 5 5 6 5 6 <5
Ba 383 383 751 546 638 519
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Table B.3: XRF results for Area C, KMZ

Area C
Sample 31 32 33 34 35
(wt.%)

SiO2 66.36 71.58 70.52 72.25 74.25

TiO2 0.54 0.34 0.28 0.27 0.26

Al2O3 15.03 13.53 13.98 13.59 12.65

Fe2O3 4.15 2.69 2.51 2.05 2.34

MnO 0.07 0.05 0.03 0.02 0.02
MgO 1.11 0.63 0.37 0.38 0.13
CaO 1.51 0.45 0.50 0.38 0.13

Na2O 2.75 3.24 3.02 3.02 2.59

K2O 5.13 5.22 6.57 5.51 6.15

P2O5 0.28 0.07 0.16 0.08 0.09

SO3 0.00 0.01 0.00 0.00 0.00

Cr2O3 0.02 0.00 - - 0.00

NiO 0.02 0.01 0.01 0.01 0.01

H2O
- 0.19 0.18 0.12 0.24 0.12

LOI 1.79 1.29 0.81 1.08 0.76
Total 98.95 99.29 98.89 98.89 99.50
(ppm)
Zn 55 28 12
Cu 19 <5 <5
Ni 5 <5 <5
Mo <5 <5 <5
Nb 29 12 16
Zr 191 310 134
Y 29 29 15
Sr 161 125 69
Rb 202 219 220
U <5 <5 <5
Th 10 67 25
Pb 31 38 31
Co <5 <5 <5
Mn 587 206 116
Cr 53 10 17
V 55 27 29
F 661 385 353
S 329 276 326
Cl 138 104 122
Sc 12 5 5
Ba 742 899 780
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Table B.4: XRF results for Area D, KMZ

Area D
Sample 18 19 20 21 22 23 24 25 26 27 28 29
(wt.%)

SiO2 65.85 68.17 69.10 61.98 69.21 63.15 68.44 71.50 70.54 70.41 69.04 68.40

TiO2 0.63 0.39 0.29 0.89 0.39 0.70 0.40 0.18 0.18 0.34 0.30 0.28

Al2O3 15.05 14.67 15.00 14.83 14.33 15.49 14.58 14.10 14.72 14.10 15.22 15.12

Fe2O3 5.02 3.59 2.95 7.79 3.42 6.11 3.61 2.02 2.03 3.00 2.64 2.42

MnO 0.10 0.07 0.05 0.12 0.07 0.10 0.07 0.04 0.04 0.06 0.05 0.05
MgO 1.59 1.45 1.01 2.32 1.19 2.16 1.23 0.54 0.56 1.14 1.04 0.85
CaO 2.92 2.20 2.74 2.45 2.24 3.31 2.17 1.25 1.26 2.22 2.54 1.16

Na2O 3.00 3.19 3.29 2.62 2.86 3.30 4.66 3.29 3.31 2.96 3.25 2.50

K2O 4.05 4.13 3.47 4.49 3.86 2.69 2.36 5.18 5.51 3.75 4.08 7.22

P2O5 0.22 0.14 0.13 0.13 0.14 0.25 0.18 0.09 0.09 0.13 0.13 0.15

SO3 0.01 0.00 0.01 0.01 0.00 0.01 0.00 0.00 0.00 0.00 0.01 -

Cr2O3 0.01 0.01 0.00 0.02 0.01 0.01 0.03 0.00 0.00 0.01 - 0.00

NiO 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01 0.01

H2O
- 0.10 0.09 0.09 0.12 0.10 0.14 0.12 0.10 0.12 0.12 0.09 0.12

LOI 0.77 1.24 1.01 1.56 1.06 1.68 1.21 0.76 0.83 1.11 1.07 0.97
Total 99.34 99.35 99.15 99.34 98.90 99.11 99.06 99.04 99.20 99.36 99.46 99.24
(ppm)
Zn 59 41 34
Cu 37 5 <5
Ni 14 <5 <5
Mo <5 <5 <5
Nb 22 11 8
Zr 151 149 126
Y 54 16 7
Sr 372 297 414
Rb 176 115 152
U <5 <5 <5
Th 17 11 8
Pb 17 12 17
Co 10 5 <5
Mn 812 543 399
Cr 48 36 27
V 91 54 59
F 761 452 428
S 322 281 282
Cl 137 112 113
Sc 11 8 <5
Ba 1195 684 1355
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Table B.5: XRF results for Scalpay, OHFZ

Scalpay

Sample 3 9 11 19 21 33 34

(wt.%)

SiO2 77.50 63.16 67.68 68.72 33.44 66.80 65.59

TiO2 0.09 0.60 0.32 0.22 1.20 0.42 0.51

Al2O3 11.74 15.44 15.84 16.20 19.02 15.59 15.96

Fe2O3 1.73 6.36 2.94 3.23 19.87 3.65 4.10

MnO 0.02 0.05 0.04 0.03 0.28 0.04 0.04

MgO 0.77 2.59 1.05 1.14 12.93 1.36 1.34

CaO 0.10 1.02 3.49 1.43 1.32 3.85 3.41

Na2O 2.68 4.51 3.92 4.97 1.05 3.83 4.97

K2O 3.05 2.60 2.28 2.72 1.95 2.44 1.60

P2O5 0.01 0.12 0.10 0.19 0.10 0.13 0.17

SO3 0.01 0.10 b.d. b.d. 0.01 b.d. 0.02

Cr2O3 b.d. 0.01 b.d. b.d. 0.19 b.d. b.d.

NiO 0.01 0.01 0.01 0.01 0.05 0.01 0.01

H2O
- 0.07 0.08 0.06 0.02 0.06 0.03 0.05

LOI 1.36 2.61 1.34 0.27 7.51 0.91 1.45

Total 99.13 99.25 99.07 99.14 98.98 99.05 99.24

(ppm)

Mo <5 <5 <5 <5 <5 <5 <5

Nb <5 <5 <5 7 5 7 7

Zr 215 91 97 146 145 123 209

Y 7 14 9 22 22 15 10

Sr 18 50 355 231 18 371 483

Rb 101 92 79 75 70 85 56

U <5 <5 <5 <5 <5 <5 <5

Th 12 <5 <5 <5 <5 <5 28

Pb 5 6 10 7 23 8 11

Zn 13 68 25 26 308 31 31

Cu <5 59 5 27 <5 15 12

Ni <5 14 <5 9 336 <5 7

Co <5 17 <5 6 87 <5 7

Mn 202 483 290 240 2725 318 362

Cr 22 58 43 26 1689 39 46

V 52 123 44 39 272 50 57

F 296 527 332 388 990 242 380

S 263 317 269 287 254 270 329

Cl 97 90 94 92 93 133 93

Sc <5 23 <5 12 40 9 8

Ba 1196 452 743 993 556 985 643
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Table B.6: XRF results for North Uist, OHFZ

North Uist

Sample 35 36 40 41 42 43 52

(wt.%)

SiO2 62.68 67.09 49.57 55.03 55.74 49.41 55.07

TiO2 0.75 0.27 0.94 0.72 0.93 0.97 0.94

Al2O3 16.57 16.48 12.59 18.41 20.12 14.70 18.91

Fe2O3 5.19 3.49 15.08 6.68 8.01 11.77 6.11

MnO 0.05 0.04 0.22 0.09 0.06 0.12 0.05

MgO 1.31 0.93 11.88 3.34 1.08 6.80 2.68

CaO 4.85 1.82 1.09 4.70 0.33 3.86 2.07

Na2O 4.29 5.97 0.88 2.90 4.68 0.78 3.27

K2O 1.70 1.71 0.07 4.55 5.27 3.26 5.58

P2O5 0.21 0.10 0.29 0.31 0.33 0.13 0.35

SO3 0.01 0.01 0.03 0.02 0.01 0.28 0.12

Cr2O3 b.d. b.d. 0.03 b.d. 0.01 0.01 0.01

NiO 0.01 0.01 0.03 0.01 0.01 0.01 0.01

H2O- -0.09 0.03 0.08 0.09 0.06 0.03 0.05

LOI 1.66 1.16 6.24 2.19 2.48 6.93 3.92

Total 99.20 99.10 99.04 99.05 99.13 99.07 99.15

(ppm)

Mo <5 <5 <5 <5 <5 <5 <5

Nb 19 <5 6 7 <5 <5 7

Zr 641 108 117 108 168 87 321

Y 18 15 30 22 20 24 19

Sr 344 286 18 435 22 78 65

Rb 39 35 <5 72 88 58 84

U <5 <5 <5 <5 <5 <5 <5

Th <5 <5 <5 <5 <5 <5 <5

Pb 9 6 6 12 18 14 5

Zn 36 33 226 50 71 161 54

Cu <5 6 12 21 65 29 <5

Ni 5 <5 184 5 18 50 17

Co 6 <5 92 18 20 29 12

Mn 425 308 2203 672 572 1114 406

Cr 22 13 336 14 26 95 49

V 85 39 182 122 239 276 169

F 516 353 1348 632 1248 773 828

S 280 268 269 276 283 326 290

Cl 112 95 114 119 161 111 201

Sc 10 <5 41 17 19 49 13

Ba 638 409 72 1999 258 559 677
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Table B.7: XRF results for South Uist, OHFZ

Rubha Bolum

Sample 57 58 59 60 61 62 63 64 66 67

(wt.%)

SiO2 55.00 48.57 48.85 55.39 48.91 47.95 53.73 54.17 56.32 49.75

TiO2 0.67 1.22 1.46 0.73 1.44 1.18 0.77 0.77 0.67 0.36

Al2O3 18.01 13.86 13.22 17.95 14.41 12.16 17.71 17.77 17.68 10.08

Fe2O3 7.24 14.50 15.68 6.68 13.71 8.05 7.66 7.65 6.88 9.39

MnO 0.13 0.27 0.25 0.11 0.11 0.09 0.12 0.12 0.09 0.18

MgO 3.33 6.05 5.89 3.06 4.23 12.08 3.37 3.27 3.27 15.95

CaO 6.73 9.52 8.43 6.24 10.68 13.63 7.33 7.09 5.27 7.34

Na2O 4.62 3.07 1.98 5.68 4.09 1.37 5.35 4.83 4.33 1.98

K2O 1.76 1.05 1.66 2.11 0.77 1.48 1.36 1.78 3.05 1.16

P2O5 0.41 0.23 0.30 0.35 0.32 0.07 0.40 0.39 0.18 0.06

SO3 0.01 0.05 0.04 0.01 0.03 0.04 b.d. 0.01 0.01 0.07

Cr2O3 b.d. 0.02 0.01 b.d. 0.01 0.02 b.d. b.d. 0.01 0.33

NiO 0.01 0.01 0.01 0.01 0.01 0.02 0.01 0.01 0.01 0.09

H2O- 0.28 0.06 0.04 0.03 0.03 0.04 0.05 0.04 0.05 0.06

LOI 1.12 0.58 1.33 0.98 0.55 0.97 1.27 1.33 1.35 2.57

Total 99.32 99.04 99.16 99.31 99.30 99.13 99.13 99.23 99.16 99.37

(ppm)

Mo <5 <5 <5 <5 <5 <5 <5 <5 <5 <5

Nb 14 5 7 12 17 8 14 14 10 <5

Zr 173 95 118 192 240 142 191 233 353 52

Y 20 27 32 20 37 22 23 19 14 13

Sr 1219 374 345 800 927 349 1096 1087 607 53

Rb 21 17 31 31 22 40 16 28 53 26

U <5 <5 <5 <5 <5 <5 <5 <5 <5 <5

Th <5 <5 <5 <5 <5 <5 <5 <5 <5 <5

Pb 18 7 6 14 10 10 12 11 5 6

Zn 76 78 102 53 42 45 57 52 39 99

Cu 21 57 38 26 63 <5 10 9 12 25

Ni 6 52 50 <5 27 53 <5 11 32 607

Co 21 61 62 7 21 15 13 15 11 86

Mn 942 2138 1949 882 997 773 1039 970 749 1670

Cr 45 119 112 30 61 142 29 35 80 2810

V 124 285 320 117 244 209 132 127 103 131

F 525 724 697 532 788 780 446 568 618 1126

S 278 392 359 268 423 303 271 270 272 357

Cl 569 383 389 129 146 109 120 127 136 160

Sc 21 45 45 19 39 31 20 17 17 29

Ba 1301 702 816 563 232 118 775 919 1522 184
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Appendix C

Changes in major, minor and trace

element concentrations

Changes in major, minor and trace element concentrations between deformed rocks

and their wall rocks, from the Kuckaus Mylonite Zone and the Outer Hebrides Fault

Zone, were calculated using methods outlined in Section 2.5. The results can be found

in Tables C.1 - C.7.
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Table C.1: Changes in major, minor and trace element concentrations, Area A, KMZ

Area A Absolute change in concentration (%) (after Spruzeniece and Piazolo, 2015)

Against 2 Against 47 Against 12
Sample 3 4 5 7 8 9 10 11

SiO2 3.8 1.3 -29.5 -33.2 -44.6 3.8 21.0 26.5

TiO2 -32.3 0.2 -88.5 -82.3 -89.2 4.9 -51.0 -80.2

Al2O3

Fe2O3 -26.4 -6.7 -78.3 -78.3 -81.7 -15.7 -59.4 -86.7

MnO -19.4 -34.5 -29.0 -71.8 -87.0 0.5 -84.4 -92.8
MgO -16.1 -13.5 -87.7 -73.1 -102.3 -9.7 -88.3 -93.5
CaO -39.4 -57.6 -54.0 -71.9 -59.4 -11.2 -80.0 -96.1

Na2O 32.3 8.1 725.6 -20.2 1468.5 -0.3 -7.9 -15.0

K2O -30.0 -11.8 -24.7 44.0 -61.9 18.8 119.6 153.6

P2O5 -54.8 -56.9 -74.6 -93.0 -92.4 20.4 -42.4 -82.5

SO3 -62.0

Cr2O3 60.2 79.2

NiO -45.8 -46.3 -16.3 -28.5 -38.9 89.8 -7.1 343.5

H2O- 15.3 57.9 10.3 8.9 35.6 65.9 159.1 -23.3

LOI 37.9 77.4 -66.1 -62.8 -77.4 15.9 -19.0 -43.9

Zn -32.4 -69.2
Cu
Ni
Mo
Nb 2.4 -25.1
Zr 20.6 60.1
Y 220.1 -80.0
Sr 15.0 -36.4
Rb -18.5 72.4
U
Th 156.0 268.5
Pb 5.0 156.1
Co
Mn -31.4 -84.1
Cr -15.6 -82.4
V -20.6 -69.5
F -7.6 -62.2
S 24.5 -20.6
Cl -24.3 -29.1
Sc 23.5 -74.9
Ba 0.2 44.0

Total mass change (%) (after Spruzeniece and Piazolo, 2015)

Sample 3 4 5 7 8 9 10 11
Mass change (%) 1.0 0.3 -27.2 -28.9 -39.4 1.4 6.0 6.9
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Table C.2: Changes in major, minor and trace element concentrations, Area B, KMZ

Area B Absolute change in concentration (%) (after Spruzeniece and Piazolo, 2015)

Against 12 Against 47
Sample 40 46 41 42 43 44

SiO2 23.4 11.3 24.0 -41.8 -26.0 -22.0

TiO2 -48.1 -88.4 -59.2 -39.7 -62.7 -64.0

Al2O3

Fe2O3 -59.4 -90.5 -70.6 -42.9 -63.0 -49.1

MnO -79.2 -80.8 -92.3 -70.6 -49.0 -45.3
MgO -81.4 -92.8 -88.6 -28.7 -30.5 -45.5
CaO -92.6 -97.5 -96.8 -54.7 31.1 -43.2

Na2O 23.3 15.0 16.5 788.8 520.7 210.6

K2O 105.8 129.4 74.6 -39.5 0.0 11.7

P2O5 -42.9 -78.5 -63.4 -82.2 -9.9 -46.4

SO3 -120.1 -93.8 -47.3 94.2 -180.1 -72.7

Cr2O3 -91.1 -108.3 -82.4 -83.8 -80.0 -59.0

NiO -6.0 -25.4 -21.0 -35.3 -19.9 -6.3

H2O- 1.5 6.5 62.8 11.2 -51.5 -34.8

LOI -33.8 -52.0 24.3 -21.4 -55.7 -44.7

Zn -58.3 -64.8 -51.6
Cu
Ni
Mo
Nb -16.0 -4.9 -40.7
Zr 63.7 2.7 2.1
Y -27.6 -20.5 97.5
Sr -66.9 -76.7 -4.5
Rb 68.0 136.7 -38.7
U
Th 688.2 280.7 64.2
Pb 188.2 66.3 -25.7
Co
Mn -78.7 -93.3 -70.5
Cr -84.5 -88.5 -73.2
V -73.4 -76.0 -6.2
F -55.2 -57.1 -50.0
S -22.3 32.3 -28.1
Cl -32.9 -37.1 -33.4
Sc -67.9 -74.5
Ba -15.5 -39.2 -21.0

Total mass change (%) (after Spruzeniece and Piazolo, 2015)

Sample 40 46 41 42 43 44
Mass change (%) 6.9 -3.0 5.7 -35.7 -22.6 -19.5
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Table C.3: Changes in major, minor and trace element concentrations, Area C, KMZ

Area C Absolute change in concentration (%) (after Spruzeniece and Piazolo, 2015)

Against 31 Against 35
Sample 32 33 33 34

SiO2 19.9 14.2 -14.1 -9.4

TiO2 -29.1 -42.9 -2.9 -5.3

Al2O3

Fe2O3 -27.8 -34.9 -3.0 -18.3

MnO -29.2 -56.5 61.3 5.8
MgO -37.0 -64.5 155.0 173.3
CaO -67.0 -64.4 249.9 174.0

Na2O 30.6 17.9 5.4 8.7

K2O 13.3 37.8 -3.5 -16.6

P2O5 -72.2 -37.2 60.3 -17.2

SO3 285.5 -154.3 -192.1 41.0

Cr2O3 -87.0

NiO -41.3 -49.3 7.5 -6.0

H2O- 0.9 -33.7 -8.1 86.2

LOI -19.9 -51.0 -2.5 33.4

Zn -45.5 115.6
Cu
Ni
Mo
Nb -53.7 -30.9
Zr 74.8 110.0
Y 7.8 76.6
Sr -16.2 63.1
Rb 16.1 -10.0
U
Th 630.6 142.7
Pb 29.9 12.1
Co
Mn -62.3 60.7
Cr -80.3 -48.9
V -48.1 -15.7
F -37.4 -1.4
S -9.9 -23.5
Cl -18.9 -22.9
Sc -53.3 4.2
Ba 30.3 4.2

Total mass change (%) (after Spruzeniece and Piazolo, 2015)

Sample 32 33 33 34
Mass change (%) 11.1 7.5 -9.6 -6.9
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Table C.4: Changes in major, minor and trace element concentrations, Area D, KMZ

Area D Absolute change in concentration (%) (after Spruzeniece and Piazolo, 2015)

Against 18 Against 28
Sample 19 20 21 22 23 24 25 26 27 29

SiO2 6.2 5.3 -4.5 10.3 -6.8 3.5 11.8 10.0 10.0 -0.3

TiO2 -36.7 -54.4 43.0 -35.5 7.8 38.4 -35.2 22.5 22.5 -6.9

Al2O3

Fe2O3 -26.6 -41.1 57.4 -28.5 18.2 42.8 -17.5 22.7 22.7 -7.7

MnO -26.0 -45.6 18.1 -23.5 -1.4 47.6 -22.2 40.3 40.3 0.7
MgO -6.4 -36.3 48.4 -21.0 31.9 24.2 -44.0 18.3 18.3 -17.5
CaO -22.5 -5.7 -14.9 -19.3 10.3 -11.0 -46.9 -5.9 -5.9 -54.2

Na2O 9.2 9.9 -11.4 0.2 6.9 49.8 9.3 -1.6 -1.6 -22.7

K2O 4.5 -14.0 12.3 0.1 -35.5 -39.5 37.1 -0.8 -0.8 78.0

P2O5 -36.9 -41.0 -42.8 -34.7 11.2 44.9 -27.7 6.9 6.9 20.2

SO3 -59.2 20.7 -9.5 -89.6 -51.7 -120.5 -36.0 -79.0 -79.0

Cr2O3 -10.7 -62.3 126.4 -21.9 -15.4

NiO -23.4 -24.6 -7.8 -30.6 -19.4 32.0 6.7 20.3 20.3 15.1

H2O- -12.1 -13.1 15.4 -0.8 34.7 37.8 16.8 40.1 40.1 28.6

LOI 63.9 31.1 104.9 44.5 110.9 17.6 -23.8 11.6 11.6 -9.0

Zn 26.9
Cu
Ni
Mo
Nb 50.0
Zr 22.8
Y 151.4
Sr -25.1
Rb -21.1
U
Th 50.5
Pb -26.8
Co
Mn 41.9
Cr 39.7
V -3.7
F 10.2
S 4.0
Cl 3.8
Sc
Ba -47.4

Total mass change (%) (after Spruzeniece and Piazolo, 2015)

Sample 19 20 21 22 23 24 25 26 27 29
Mass change (%) 2.6 0.3 1.4 5.0 -2.9 4.4 7.9 3.4 7.9 0.6
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Table C.5: Changes in major, minor and trace element concentration, Scalpay, OHFZ

Scalpay

Absolute change in concentration (%) against sample 11
(after Spruzeniece and Piazolo, 2015)

Sample 19 9 21

SiO2 -0.7 -4.2 -58.8

TiO2 -33.2 93.6 214.0

Al2O3

Fe2O3 7.5 122.0 463.5

MnO -22.6 47.0 537.5
MgO 7.1 153.8 930.8
CaO -59.9 -70.1 -68.4

Na2O 24.1 18.1 -77.7

K2O 16.6 16.9 -28.9

P2O5 77.7 16.6 -17.4

SO3

Cr2O3

NiO 36.8 40.0 446.5

H2O- -71.7 30.4 -16.2

LOI -80.1 99.4 365.2

Mo
Nb
Zr 47.1 -3.4 25.1
Y 147.0 73.2 116.2
Sr -36.3 -85.7 -95.8
Rb -7.2 18.9 -26.2
U
Th
Pb -27.1 -43.2 89.4
Zn -1.4 175.0 915.1
Cu 414.4 1053.6
Ni
Co
Mn -18.9 70.8 682.4
Cr -41.1 40.1 3189.4
V -13.7 186.7 414.8
F 14.4 62.9 148.3
S 4.1 20.6 -21.4
Cl -4.6 -1.8 -17.2
Sc
Ba

Mass change (%) -2.2 4.9 -16.7
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Table C.6: Changes in major, minor and trace element concentration, North Uist, OHFZ

North Uist

Absolute change in concentration (%) against sample 35
(after Spruzeniece and Piazolo, 2015)

Sample 36 40 41 42 43 52

SiO2 7.7 4.1 -20.9 -26.8 -11.1 -23.0

TiO2 -64.2 65.3 -13.0 2.2 46.3 10.9

Al2O3

Fe2O3 -32.4 282.2 15.8 27.1 155.5 3.2

MnO -28.9 448.3 57.2 -6.3 153.5 -21.9
MgO -28.9 1091.7 129.3 -32.2 484.4 78.8
CaO -62.3 -70.3 -12.8 -94.3 -10.3 -62.7

Na2O 40.0 -72.9 -39.2 -10.3 -79.5 -33.2

K2O 1.0 -94.2 140.8 155.4 116.5 187.7

P2O5 -52.8 83.4 30.9 27.9 -33.1 44.8

SO3 17.4 503.3 226.7 -5.5 5119.9 1595.4

Cr2O3

NiO -29.5 324.4 -19.8 -2.8 47.1 -15.2

H2O- -138.9 -224.6 -200.2 -162.5 -141.1 -155.3

LOI -29.3 396.1 19.2 23.4 371.5 107.6

Mo
Nb -60.3 -65.7 -66.1
Zr -83.0 -75.9 -84.8 -78.5 -84.8 -56.1
Y -17.3 116.8 9.3 -7.5 51.0 -10.3
Sr -16.4 -92.9 13.7 -94.7 -74.5 -83.5
Rb -11.2 65.9 84.5 66.6 87.4
U
Th
Pb -30.8 -13.1 20.3 64.7 77.8 -46.6
Zn -9.4 722.3 24.5 61.9 402.2 30.5
Cu
Ni 4433.0 -13.2 179.5 947.8 172.8
Co 2055.8 182.1 197.2 474.7 90.8
Mn -27.0 582.5 42.3 10.9 195.5 -16.3
Cr -38.2 1919.4 -41.0 -2.2 390.8 94.9
V -53.8 183.1 29.7 132.2 268.0 75.1
F -31.3 243.6 10.2 99.1 68.7 40.5
S -3.7 26.1 -11.5 -17.0 30.9 -9.3
Cl -14.0 34.3 -3.7 18.8 12.6 57.9
Sc 458.1 62.3 64.7 473.1 15.0
Ba -35.5 -85.1 182.3 -66.7 -1.1 -6.9

Mass chnge (%) 0.6 31.6 -10.0 -17.7 12.8 -12.4

199



Table C.7: Changes in major, minor and trace element concentration, South Uist, OHFZ

South Uist

Absolute change in concentration (%) against sample 57 (after Spruzeniece and Piazolo, 2015)

Sample 58 59 60 61 62 63 64 66

SiO2 14.7 21.0 1.0 11.1 29.2 -0.6 -0.2 4.3

TiO2 134.1 194.2 8.1 167.0 158.6 16.4 15.9 1.5

Al2O3

Fe2O3 160.1 195.1 -7.5 136.8 64.8 7.6 7.1 -3.3

MnO 181.0 166.7 -13.6 12.8 2.3 -2.3 -4.1 -28.4
MgO 136.1 141.1 -7.7 58.7 437.9 2.9 -0.2 0.0
CaO 83.6 70.5 -7.1 98.2 199.8 10.7 6.7 -20.3

Na2O -13.8 -41.5 23.3 10.7 -56.1 17.8 5.9 -4.5

K2O -22.2 29.1 20.6 -45.0 25.1 -21.5 2.5 76.7

P2O5 -26.9 -2.3 -15.6 -4.6 -75.5 -2.5 -4.8 -56.2

SO3 439.7 392.9 -44.9 266.6 442.6 -26.1 -25.8

Cr2O3

NiO 125.8 137.2 -11.6 73.3 235.7 14.5 14.4 40.3

H2O- -73.7 -79.4 -88.7 -85.2 -77.7 -81.1 -86.7 -82.0

LOI -33.1 62.0 -12.0 -38.7 28.2 15.7 20.7 23.3

Mo
Nb -50.9 -35.8 -16.8 44.1 -16.6 -2.4 0.8 -30.9
Zr -28.8 -7.1 11.7 73.7 21.6 12.7 36.6 108.3
Y 75.7 118.3 -3.5 130.4 64.2 13.0 -4.5 -30.1
Sr -60.1 -61.4 -34.2 -5.0 -57.6 -8.6 -9.7 -49.3
Rb 4.9 102.8 49.0 28.5 182.2 -21.7 34.4 155.0
U
Th
Pb -51.0 -52.5 -24.1 -29.1 -15.3 -31.3 -39.5 -70.5
Zn 32.7 82.8 -30.3 -31.3 -12.4 -23.4 -31.0 -47.7
Cu 255.9 146.3 24.0 275.8 -51.1 -57.8 -40.3
Ni 1044.7 1051.5 466.1 1225.4 95.6 452.9
Co 273.6 300.2 -68.7 22.5 4.7 -37.3 -28.7 -47.6
Mn 194.7 181.7 -6.1 32.2 21.6 12.1 4.3 -19.0
Cr 244.9 239.0 -33.9 69.5 370.8 -34.0 -21.2 82.3
V 199.1 252.2 -4.9 146.8 150.7 8.5 4.2 -15.5
F 79.2 80.8 1.6 87.5 120.2 -13.6 9.6 19.9
S 83.5 76.1 -3.2 90.5 61.6 -0.9 -1.5 -0.2
Cl -12.6 -6.9 -77.2 -68.0 -71.6 -78.6 -77.4 -75.6
Sc 185.6 194.9 -8.9 139.0 124.4 -1.8 -18.8 -16.4
Ba -29.9 -14.6 -56.6 -77.7 -86.5 -39.4 -28.5 19.1

Mass change (%) 29.9 36.2 0.3 25.0 48.2 1.7 1.3 1.9
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Appendix D

Compilation of gneiss δ18O values

Table D.1 contains the δ18O values used in Figure 2.11, as well as their references.
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tz, B
t, G

t layered m
etagreyw

acke
A

m
phibolite facies

-
-

-
"

"
(T

w
ilight) Paragneiss

7.3 - 9.3
G

reyw
ackes

G
ranulite facies

-
-

-
"

"
(C

lay L
ake) O

rthogneiss
7.0 - 9.0

E
nderbite and alaskite

"
-

-
-

"
"

(C
edar L

ake) O
rthogneiss

7.4 - 8.7
G

ranitoid gneiss
A

m
phibolite facies

-
-

-

"
"

(Footprint) O
rthogneiss

5.0 - 8.9
G

ranitic m
obilisate, tonalitic-,

trondhjem
itic-,

granodioritic gneiss

M
iddle to upper

am
phibolite facies

-
-

-

11
Pyrenees, France

O
rthogneiss

11.0 - 12.0
Q

tz, K
-fsp, Pl, B

t, G
rt, Z

rn, A
p

A
m

phibolite facies
-

-
-

"
"

"
5.0 - 9.0

" +
 C

hl, B
t, M

s
"

yes
400 - 450

yes
12

SW
 Sri L

anka
Paragneiss

9.0 - 12.9
Pelites and Psam

m
ites

G
ranulite facies

-
-

-
13

E
astern A

lps
"

5.9 - 9.4
K

fsp, Pl, B
t, A

p, Z
rn, M

s, C
hl

U
pper am

phibolite facies
yes

480, 400 - 500
-

14
R

eynolds R
ange, A

ustralia
O

rthogneiss
~ 6 (ave.)

Q
tz, K

fsp, Pl, B
t, O

x
"

-
-

-
"

"
"

1.4 - 6.7
Q

tz, K
fsp, Pl, M

s, B
t, C

hl
"

yes
G

reenschist facies
yes

15
H

im
alayas, Pakistan

Paragneiss
3.0 - 4.6

Pl, Q
tz, Z

o, A
ln, B

t, Ph, G
rt, T

tn, Z
rn

768, 2700
yes

-
yes

16
K

uckaus M
ylonite Z

one,
N

am
ibia

(B
t gneiss) O

rthogneiss
7.1 - 10.0

K
fsp, Pl, Q

tz, B
t

825, 550
yes

450 - 480, 270 - 420
yes

"
"

(T
sirub) O

rthogneiss
8.9 - 13.1

K
fsp, Pl, Q

tz, B
t, H

bl, G
rt

"
yes

"
yes

\
P

aragneiss:
6.5 - 13.3

A
ltered:

0.9 - 4.6
O

rthogneiss:
5.0 - 12.0

A
ltered:

-2.8 - 13.3
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